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Abstract 
Hydrology is recognised as an important component of the glacial system in alpine 

environments. In particular, the subglacial drainage of surface meltwaters is known to 

exert a strong influence on the motion of glaciers and on their capacity to erode the 

underlying bedrock. This thesis examines the more poorly understood drainage 

system of the Greenland Ice Sheet, with specific focus on Leverett Glacier, a land-

terminating outlet glacier on the ice sheet’s western margin. Because of the vast size 

of the ice sheet, the influence of the drainage system could have wide ranging 

implications, most notably for sea level rise and continental scale landscape evolution. 

The thesis commences with an investigation into the morphology of the drainage 

system of the lower 14 km of Leverett Glacier. This is undertaken using a variety of 

field methods, including dye tracing and the monitoring of proglacial discharge, 

englacial water levels, surface melt rates and glacier motion. The data reveal that the 

drainage system of the glacier closely resembles that of alpine glaciers, undergoing an 

evolution from distributed to channelised drainage morphologies as the melt season 

progresses. Another aspect of the field data, the suspended sediment load evacuated 

from the subglacial system in the emerging proglacial river, is then examined to 

investigate the impact that this drainage system morphology has on the interaction 

between the glacier and the underlying bedrock or substrate. This demonstrates that 

the presence of large, efficient subglacial drainage channels allows for the removal of 

vast quantities of basal debris during much of the melt season, facilitating an erosion 

rate 1-2 orders of magnitude greater than previously proposed for ice sheet settings. 

The thesis then focuses on the relationship between discharge, water pressure and ice 

motion. Observations from Greenlandic and alpine glaciers demonstrate that glaciers 

generally decelerate through the melt season following a maximum velocity induced 

by the onset of melt in the spring. The data indicate that the evolution of the drainage 

system from a distributed to a channelised morphology occurs rapidly and so can only 

explain this trend in ice velocity during the early part of the melt season. Beyond this 

period, ice velocity patterns can instead be explained primarily by transient 

fluctuations in water pressure within the channelised drainage system. These transient 

pressure fluctuations result from the lag between changes to the rate of meltwater 

input to the glacier and the subsequent adjustment of channel cross section. This 
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indicates that it is crucial to consider temporal variability in melt rate when seeking to 

link climate with the dynamics of ice sheets and glaciers. This process can be 

simulated, which is demonstrated by using the proglacial discharge record to model 

subglacial water pressure and ice velocity. 

In the following chapter, this model is built upon by considering how these variations 

in water pressure, originating in discrete subglacial channels, control sliding velocities 

across large areas of the glacier. Detailed examination of high-resolution ice velocity 

records from Leverett Glacier reveals that, in keeping with theory, horizontal ice 

velocity is dependent on both the volume of subglacial cavities and the rate-of-change 

of this volume. A simple model of subglacial water movement is then used to 

demonstrate how these changes in the cavity system could be driven by the pressure 

fluctuations predicted within the channelised drainage system. This enables a system 

scale model of glacier hydrology to be developed, which is presented in the final 

chapter, linking variations in surface melt rate to channel pressure, cavity volume and 

ultimately ice motion. 

In summary, this research has helped to illuminate the morphology and functioning of 

the drainage system of Leverett Glacier. This has improved our understanding of how 

hydrology influences both the motion of the Greenland Ice Sheet and its impact on the 

underlying topography, and enabled better prediction of how these processes are 

influenced by changes in climate. 
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A visit to the margins of the Greenland Ice Sheet during the summer months reveals 

an environment awash with water. The warm sun melts the snow and ice surface, 

forming gushing streams and striking blue lakes. Watching this water drain off the ice 

and on towards the sea, it is easy to see how surface melting provides an important 

mechanism through which mass is lost from the ice sheet. What is less obvious, 

however, is the role that this water plays in influencing glacial processes, modifying 

the interaction between the ice sheet, ocean, atmosphere and crust. Water exerts its 

strongest influence on the ice sheet system where it drains at the interface between the 

ice and bed, an environment observable only through geophysical techniques and 

isolated boreholes. This inaccessibility hinders our understanding of ice sheet 

hydrology relative to our knowledge of terrestrial rivers and lakes, and even the 

drainage systems of smaller alpine glaciers. The research presented in this thesis seeks 

to improve our knowledge of the morphology and functioning of the drainage system 
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of the Greenland Ice Sheet, and in doing so help to further our understanding of the 

interaction between the ice sheet and the wider earth system. 

1.1 The significance of water in ice sheet environments 

Ice masses move slowly downwards under the influence of gravity. Without water 

there can be little movement between the ice and bed (Echelmeyer and Wang, 1987; 

Weertman, 1957), and so in areas where there is no subglacial water, most of the 

motion takes place through internal deformation of the ice itself (Cuffey and Paterson, 

2010). This process is very stable, varying only slowly in response to gradual changes 

in ice sheet geometry and temperature, and may have little impact on the morphology 

of the land on which it rests (Davis et al., 2006; Kleman and Glasser, 2007). Liquid 

water facilitates motion at the ice-bed interface, and as such can strongly modify the 

behaviour and impact of the ice sheet (Bell, 2008; Hallet et al., 1996). This liquid 

water may be generated by melting at either the surface or bed of the ice sheet. The 

hydrological system of the Greenland and Antarctic Ice Sheets can be broadly divided 

into two components, depending on which of these locations provides the primary 

source of meltwater. 

Across most of Antarctica and central Greenland, temperatures typically remain 

below freezing throughout the year and melting of the surface snow and ice is rare 

(Bentley and Giovinetto, 1992; Steffen et al., 2004). However, insulated from the 

atmosphere by the extreme thickness of overlying ice, geothermal and frictional 

heating cause melting of basal ice beneath vast swathes of these ice sheets (Cuffey 

and Paterson, 2010; Kleman and Glasser, 2007; Oswald and Gogineni, 2008; Wilch 

and Hughes, 2000). This water allows the glacier to slide across its bed (Lliboutry, 

1968; Weertman, 1957), and enhances the deformation of underlying sediments 

(Boulton et al., 2001). Studies in Antarctica have demonstrated that this water collects 

into and moves between numerous subglacial lakes (Siegert et al., 2005; Wingham et 

al., 2006), which appear to further enhance the motion of the overlying ice, aiding the 

formation of fast flowing ice streams (Bell et al., 2007). Similarly, the origins of an 

ice stream in northeast Greenland have been attributed to high rates of basal melting 

associated with enhanced geothermal activity (Fahnestock et al., 2001). These ice 

streams play a crucial role in controlling the size and stability of the ice sheets, 

increasing the rate and variability of mass loss to the sea through iceberg calving 

(Shepherd et al., 2001; Stokes and Clark, 2001). As well as affecting ice dynamics, 
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this liquid water makes the subglacial environment highly geochemically and 

biologically active, such that the ice sheets play an important role in global chemical 

cycles (Wadham et al., 2010; Wadham et al., 2012). Basal meltwater therefore serves 

to influence both the conditions beneath the ice sheets, and the size and form of the 

ice sheets themselves. 

Around the margins of the Greenland Ice Sheet, air temperatures are high enough to 

generate sustained melting of the ice surface during the summer months (Steffen et 

al., 2004). This input of surface meltwater, which may be orders of magnitude greater 

than the flux of basally generated meltwater (Cuffey and Paterson, 2010), radically 

alters the hydrological system (Fountain and Walder, 1998). Meltwater runs off across 

the ice surface before plunging into crevasses or moulins (sinkholes in the ice surface) 

to emerge again, enriched with sediment, in rivers draining out from the ice margin 

(Bartholomew et al., 2011a; Zwally et al., 2002). The flow of water into and out of the 

ice sheet is relatively easy to observe, but its passage through and beneath the ice 

sheet remains poorly understood (Bell, 2008). The morphology and functioning of this 

surface-fed hydrological system, and its interaction with both the overlying ice and 

underlying bed, forms the focus of this thesis. 

Besides the greater flux, a key difference between surface and basally sourced 

meltwater is that the input of surface meltwater undergoes large fluctuations on 

diurnal and seasonal timescales. If meltwater enters an ice mass more quickly than it 

can be transmitted through the drainage system, water pressure, and the volume of 

water stored between the ice and bed, will increase (Bartholomaus et al., 2008; 

Röthlisberger, 1972). This encourages faster basal motion, both through sliding at the 

ice-bed interface and the deformation of subglacial sediments (Boulton et al., 2001; 

Iken, 1981). As such, the input of surface meltwater may cause the ice to accelerate. 

This process is well recognised at alpine glaciers (e.g. Iken and Bindschadler, 1986; 

Kamb and Engelhardt, 1987; Mair et al., 2002), and has been reported at several 

locations around the margin of the Greenland Ice Sheet (Bartholomew et al., 2010; 

Das et al., 2008; Hoffman et al., 2011; Howat et al., 2010; Joughin et al., 2008; 

Shepherd et al., 2009; Sole et al., 2011). Faster ice motion will in turn encourage more 

rapid erosion of the bed (Hallet, 1979). Furthermore, the flow of large fluxes of 

surface meltwater beneath an ice mass may further accelerate erosion by flushing out 
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basal sediments, ensuring the bed is continually exposed to the erosive force of the ice 

(Alley et al., 1997; Swift et al., 2002). 

It is only in the past decade that the ability of surface meltwater to penetrate through 

over a kilometre of ice to reach the bed of the Greenland Ice Sheet has become widely 

accepted (Das et al., 2008; Zwally et al., 2002). As such, hydrological processes, and 

their implications, remain relatively poorly understood in ice sheet settings (Bell, 

2008; Hallet et al., 1996). Because so much of the Earth’s surface is either covered by 

ice sheets or has been at some time during the Quaternary, processes influencing the 

behaviour of such ice masses have the potential to be relevant on global scales. 

Erosion and sediment transport by former ice sheets has sculpted landscapes across 

continents (e.g. Kleman et al., 2008; Sugden, 1977). Understanding how ice sheets 

influence geomorphology is essential for the interpretation of these landscapes, which 

in turn provides a valuable source of information on past climatic variations and the 

growth and demise of ice sheets on glacial-interglacial cycles (Bennett and Glasser, 

2009). 

Following the recognition that surface meltwater is able to reach the bed of the 

Greenland Ice Sheet, understanding the relationship between hydrology and ice 

dynamics in Greenland has become a research priority within the glaciological 

community (Mair, 2012). Traditionally, ice sheets were thought to adjust only slowly 

to changes in climate through variations in surface melting and snow accumulation 

(Church et al., 2001). However, the drainage of surface meltwaters through the ice 

sheet provides a mechanism by which climatic variations can be rapidly transmitted to 

the bed, influencing ice motion (Zwally et al., 2002). In particular, concern has been 

raised over whether an increase in meltwater runoff in a warming climate would 

generate a sustained increase in the velocity at which ice flows from the interior to the 

margins of the ice sheet (Zwally et al., 2002). If so, this mechanism has the potential 

to accelerate the rate of mass loss from the ice sheet as the climate warms, both 

through the increased discharge of ice into the ocean and by modifying the surface 

profile of the ice sheet such that the mean elevation of the ice surface is lowered 

(Parizek and Alley, 2004; Rignot and Kanagaratnam, 2006). The Greenland Ice Sheet 

contains sufficient water to raise sea levels by 7 m, and its location in the North 

Atlantic means that an increase in freshwater runoff could weaken the thermohaline 

circulation of the oceans, disrupting global weather systems (Church et al., 2001; 
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Dickson and Brown, 1994). As such, any mechanism that could accelerate the 

deglaciation of Greenland under a warming climate may have serious and widespread 

socio-economic implications. 

The impact of surface meltwater on the Greenland Ice Sheet is likely to depend on the 

manner in which it flows through and beneath the ice (Bell, 2008). Research at alpine 

glaciers has shown that the influence of hydrology on ice dynamics and glacial 

geomorphology is strongly dependent on the morphology of the subglacial drainage 

system (Alley et al., 1997; Kamb, 1987; Mair et al., 2002; Swift et al., 2002). At the 

onset of the melt season, glaciers are thought to be primarily underlain by an 

inefficient, distributed drainage system, which is gradually succeeded by efficient 

subglacial drainage channels as runoff increases (Nienow et al., 1998). This process 

may be important in offsetting increased meltwater runoff, preventing the velocity of 

Greenland’s outlet glaciers from rising in a warming climate (Schoof, 2010; Sundal et 

al., 2011; van de Wal et al., 2008). Very little is however known about the 

morphology of the drainage system of the Greenland Ice Sheet (Bell, 2008). A 

seasonal evolution of drainage system morphology as far as ~ 100 km inland from the 

margin of the ice sheet has been inferred from comparison of melt and ice dynamics 

records, which show similar seasonal trends to those observed at alpine glaciers (e.g. 

Bartholomew et al., 2011b; Shepherd et al., 2009; Sundal et al., 2011; van de Wal et 

al., 2008). There is however only limited hydrological research to support these 

inferences (Bartholomew et al., 2011a; Bhatia et al., 2011), and it is not clear to what 

extent this evolution may be modified by the much thicker and colder ice of the ice 

sheet relative to an alpine glacier. Furthermore, although research has demonstrated 

that increasing the meltwater input to alpine glaciers can lead to short term 

acceleration of the ice (Bartholomaus et al., 2008; Iken and Bindschadler, 1986), the 

impacts of this process on seasonal and annual timescales are less clear (Mair et al., 

2002). The relationship between melt rate and ice velocity must therefore be better 

constrained before the potential contribution of the Greenland Ice Sheet to sea level 

rise over the coming decades and centuries can be quantitatively assessed (Meehl et 

al., 2007; Parizek and Alley, 2004). Consequently, research into the impact of 

hydrology on ice dynamics remains active in both alpine (e.g. Bartholomaus et al., 

2008; Bartholomaus et al., 2011; Harper et al., 2007) and ice sheet (e.g. Bartholomew 

et al., 2011b; Colgan et al., 2011; Hoffman et al., 2011) settings. 
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1.2 Outline of study 

The aim of this study is to use a combination of field observations and modelling to 

improve the understanding of the morphology, functioning and significance of the 

drainage system of a Greenlandic outlet glacier. This can be divided into three broad 

objectives: 

1. To undertake a detailed field investigation into the morphology of the drainage 

system of an outlet glacier from the Greenland Ice Sheet. Our knowledge of 

this system is extremely limited (Bell, 2008), and based mainly on inferences 

drawn from the interpretation of seasonal surface velocity trends (e.g. 

Bartholomew et al., 2010; Sundal et al., 2011). Improving our understanding 

of drainage system morphology will help with the development and testing of 

theories linking hydrology with observed and predicted ice sheet behaviour. 

2. To utilise this knowledge of drainage system morphology to improve 

understanding of the flow of surface meltwater water through the Greenland 

Ice Sheet, and its impact on ice dynamics. Particular focus will be given to the 

interaction between drainage system morphology, the transport and transient 

storage of meltwater, water pressure and ice velocity. The aim of this work is 

to improve our ability to understand and predict the potential impact of 

increasing meltwater runoff on the dynamics of the Greenland Ice Sheet 

(Parizek and Alley, 2004; Zwally et al., 2002). This is necessary to assess the 

possible contribution of the ice sheet to sea level rise as the climate warms 

(Meehl et al., 2007). 

3. To examine the manner in which hydrology influences the interaction between 

the ice and bed, with a focus on the geomorphological impact of the ice sheet. 

This aims to facilitate improved interpretation of formerly glaciated 

landscapes (Bennett and Glasser, 2009), and better understanding of the role of 

ice sheets in global sediment and chemical budgets (Hallet et al., 1996). 

A land-terminating outlet glacier was chosen for this study, both to reduce the range 

of potential controls on glacier behaviour and to allow monitoring of the proglacial 

hydrology. As such, the findings of this study are most applicable to the terrestrial 

margins of the ice sheet. However, the relevance of these finding for Greenland’s 

large, marine terminating glaciers will also be discussed. 
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This thesis is made up of nine chapters. Chapter 2 follows on from this introduction 

by providing a more detailed background to the study, covering firstly the 

understanding of glacial hydrology developed at smaller alpine and High Arctic 

glaciers and a review of existing research into the hydrology of the Greenland Ice 

Sheet. In Chapter 3, an overview of the field site and field methods is given, providing 

a summary of the techniques used to obtain the data utilised in the subsequent 

chapters. 

The research presented in this thesis is divided into five parts, which form Chapters 4-

8. In the first (Chapter 4), a variety of field techniques (including dye tracing and the 

monitoring of englacial water levels and proglacial hydrology) are used to investigate 

the changing morphology of the drainage system over the course of the melt season. 

The following section (Chapter 5) then focuses on a different aspect of the field data – 

the suspended sediment load in the proglacial river – to examine the impact of this 

drainage system on sediment evacuation and thus the subglacial geomorphology. In 

the following two chapters (Chapters 6 and 7), field data is combined with simple 

modelling to investigate the flow of water through the drainage system (based on the 

morphology revealed in Chapter 4), with particular emphasis on the influence of 

hydrology on ice dynamics. To this end, Chapter 6 focuses on the time-varying 

discharge of water along a subglacial channel, while Chapter 7 looks at the exchange 

of water between a channel and the surrounding sections of the bed, in both cases 

examining how these processes may affect the motion of the overlying ice. In Chapter 

8, these two components are combined to allow the simulation of the flow of water 

through the ice sheet, calculating changes in storage, water pressure and discharge 

from a surface melt forcing driven by surface temperature data. Chapter 9 then 

concludes the thesis with a summary and discussion of the findings presented in 

Chapters 4 to 8. 

All chapters make use of data collected in the field, but the importance of modelling 

increases as the thesis progresses. The primary purpose of modelling within this thesis 

is to aid understanding of how the hydrological system works. The objective of the 

thesis is not to create and rigorously test a hydrological model capable of the 

simulation and prediction of the ice sheet response to specific scenarios; however, it is 

hoped that the concepts developed here could contribute to such models. The model 

presented in Chapter 8 is a step in this direction, illustrating how the concepts arising 
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from Chapters 4, 6 and 7 may be combined to simulate the impact of temporally and 

spatially variable melt on the hydrology and dynamics of a glacier. 

1.3 Format of thesis 

Chapters 4-8, which contain the main research and findings of this study (as outlined 

above) have been written as stand-alone papers, to facilitate rapid publication and 

dissemination of the research through peer-reviewed journals. Of these, Chapters 4 

and 5 have now been published, while Chapter 6 is presently in review. Chapters 7 

and 8 have not yet been submitted (in part because they build upon the concepts 

presented in Chapter 6), but the intention is to submit these papers at an appropriate 

time. 

Due to the collaborative nature of this project, several authors are listed for each of 

these papers. The contribution of these co-authors was in most cases limited to the 

collection and processing of data and provision of feedback on manuscripts prior to 

submission, and has been detailed prior to each chapter. Similarly, during the course 

of my doctoral studies I have been a co-author on several pieces of related research 

now published in peer-reviewed journals. These papers are included, along with the 

published forms of Chapters 4 and 5, in an appendix at the end of this thesis.  
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Prior to the 21
st
 Century, alpine glaciers formed the main focus of research into glacial 

hydrology. The location of the drainage system within and beneath the glacier makes 

it extremely difficult to observe, and much of the earlier work was concerned with 

theoretical approaches to ascertaining its morphology (Kamb, 1987; Lliboutry, 1968; 

Röthlisberger, 1972; Weertman, 1972). This was made still more challenging by the 

dynamic nature of the drainage system, the form of which adjusts continually in 

response to variations in melt and ice motion. Nevertheless, through a combination of 

field experimentation and mathematical theory, our understanding of the ways in 

which water flows through glaciers, and the impact of this on the wider glacial 

system, has improved dramatically over the last 50 years. Much of the earlier research 

has been summarised in review papers (Fountain and Walder, 1998; Hubbard and 

Nienow, 1997; Röthlisberger and Lang, 1987) and textbooks (Benn and Evans, 1998; 

Cuffey and Paterson, 2010). In the first part of this chapter, an overview of the key 
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concepts relevant to this thesis is given, building on earlier reviews through the 

incorporation of new research where available. The latter part of the chapter then 

focuses on the relatively recent research into the hydrology of the Greenland Ice 

Sheet, giving an overview of the history of this research, the principal conclusions 

reached and current research priorities and directions. The chapter ends with a more 

detailed look at recent work published by project partners investigating the hydrology 

of Leverett Glacier, west Greenland. 

2.1 The glacial hydrological system 

2.1.1 Supraglacial hydrology 

Glacier hydrology commences with the melting of the snow or ice surface or the fall 

of rain (Figure 2.1). These processes are generally insignificant during the winter 

months, and the term melt season is used to refer to the period between the onset of 

melt (and rainfall) in the spring and its cessation in the autumn. Snow melts more 

slowly than ice because its high albedo reflects much of the incoming solar radiation, 

and so the generation of meltwater may be subdued early in the season if snow cover 

is widespread (Röthlisberger and Lang, 1987). 

Melting is more rapid during the day, and may cease completely at night. Meltwater is 

therefore input to the drainage system in diurnal pulses. If the glacier is covered by 

snow or firn, the meltwater percolates slowly through the pore spaces, and these 

pulses are lost or subdued (Fountain, 1996). If, on the other hand, the glacier surface 

is bare ice, meltwater runs off rapidly through an arborescent network of supraglacial 

streams, and the diurnal cyclicity of the meltwater inputs is preserved (Fountain, 

1996). These cycles are important, as they ensure that the englacial and subglacial 

components of the drainage system are fed with a rapidly fluctuating meltwater 

supply. 

2.1.2 Englacial hydrology 

Supraglacial streams may run to the ice margin, particularly if the ice surface is below 

the pressure melting point (termed cold ice). More often, a supraglacial stream will 

intercept an opening in the glacier surface, entering the englacial drainage system 

(Figure 2.1). The morphology of the englacial drainage system is difficult to observe. 

Shreve (1972) considered the issue theoretically, assuming englacial drainage 

morphology to be a product of the balance between conduit opening (though frictional 
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melting by running water) and closure (from ice deformation) in a uniform ice mass. 

In this scenario, he predicted that englacial passageways should form steeply sloping 

arborescent networks, with the mean flow direction determined by the combined 

gravitational and ice pressure gradient. However, more recent work has indicated that 

the structural heterogeneity of the ice plays a key role in determining the form of 

englacial drainage (Benn et al., 2009). Ice-penetrating radar (Catania et al., 2008), hot 

water drilling (Fountain et al., 2005) and speleological exploration (Benn et al., 2009) 

have shown that many englacial pathways have their origin in vertical fissures, which 

are subsequently modified by flowing water. 

The formation of englacial conduits has been the source of some debate, with authors 

proposing a range of mechanisms from enlargement of veins between ice grains to 

erosion of crevasse bottoms by flowing water (Fountain and Walder, 1998; Hooke, 

1989). However, the near vertical orientation of many conduits (Benn et al., 2009; 

Catania et al., 2008) and fast drainage of ponded water (Bingham et al., 2005; Boon 

and Sharp, 2003), suggests a rapid fracturing mechanism may be important for the 

opening of englacial pathways. The proposed mechanism, termed hydrofracturing, is 

as follows (Boon and Sharp, 2003; van der Veen, 2007). If the water enters a crevasse 

which does not extend to the bed, the water will pool. The mass of this water, being 

relatively dense, exerts pressure on the underlying ice, and may cause the crevasse to 

propagate downwards until it reaches the glacier bed (Boon and Sharp, 2003; 

Figure 2.1. Longitudinal cross section of an idealised glacier, showing the passage of meltwater 

from the glacier surface to the portal.  
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Röthlisberger and Lang, 1987; van der Veen, 2007). If the crevasse connects to an en- 

or sub-glacial drainage network or the water within the crevasse is able to form a new 

passageway, then the crevasse will begin to drain freely. Water draining rapidly 

through a near-vertical conduit such as this releases large quantities of potential 

energy, melting and widening the crevasse walls along the preferred flow path, and 

offsetting crevasse closure by ice creep. Eventually most of the crevasse closes, 

leaving just the sections kept open through flow of water (Röthlisberger and Lang, 

1987). In this way, englacial conduits are formed. The surface expressions of these 

features, at which water enters the conduits, are termed moulins. Once formed, 

moulins may remain seasonally active for several years, eventually closing when the 

supraglacial drainage is captured by new openings upstream (Benn et al., 2009). 

2.1.3 Subglacial hydrology 

The flow of water at the glacier bed can take a range of forms, with different drainage 

morphologies often coexisting. Subglacial drainage systems are generally divided into 

two groups, termed distributed (or inefficient or slow) and channelised (or discrete, 

efficient or fast) (e.g. Fountain and Walder, 1998). Distributed drainage systems are 

characterised by slow flow speeds and torturous pathways covering large areas of the 

bed, while channelised drainage systems comprise arborescent networks of discrete 

channels, efficiently transporting water beneath the glacier. 

2.1.3.1 Distributed systems 

If the glacier is underlain by porous sediment or bedrock, water may be able to 

percolate down-glacier through Darcian flow (Boulton and Jones, 1979), but 

otherwise water is trapped between the bed and basal ice. As basal sediment can only 

accommodate small meltwater discharges (Boulton and Jones, 1979; Fountain and 

Walder, 1998), much of the drainage throughout the summer months is likely to occur 

at the ice-bed interface irrespective of whether the glacier rests on sediment, bedrock 

or a combination of the two. 

The simplest form of distributed drainage is a thin film of water between the ice and 

bed (Weertman, 1972). At warm bedded glaciers (where the basal ice is at the 

pressure melt point), it is probable that much of the bed is covered by a thin film of 

water, if only to initially redistribute the products of basal melt. This film is however 

predicted to be unstable at thickness of greater than ~ 1mm, with a tendency to evolve 
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towards small channels (Nye, 1976; Walder, 1982), and so is unlikely to constitute a 

substantial component, by volume, of basal drainage. 

The glacier bed is rarely flat, and it is unlikely that subglacial water will form a layer 

of constant thickness. Instead, the distribution of water depends partly on the 

distribution of stress on the bed, as determined by the underlying topography 

(Lliboutry, 1968). The normal compressive stress exerted by the ice on the bed (the 

ice overburden pressure) is greater on the upstream side and lower on the downstream 

side of bedrock bumps (Weertman, 1957). Where the ice overburden pressure is less 

than the basal water pressure, a water filled cavity may form between the bed and ice 

(Lliboutry, 1968). As such, water tends to concentrate in pockets in the lee side of 

obstacles (Figure 2.2). These cavities may be linked by small connecting passages, or 

orifices, to form a linked cavity network, through which water can flow (Lliboutry, 

1968). For cavities to expand, the water pressure must be sufficient to offset the 

additional pressure exerted by the overlying ice on the new, larger, cavity (Iken, 

1981). As such, larger cavities are characterised by higher water pressures. This 

stabilises the anabranching form of linked cavity networks (Figure 2.2), as the 

pressure gradients discourage water from concentrating in a few larger cavities or 

pathways (Kamb, 1987). 

2.1.3.2 Channelised systems 

In distributed drainage systems, the pathways remain open primarily because the ice 

overburden pressure is balanced by the water pressure, preventing closure through ice 

Figure 2.2. Areal view (left) of a linked cavity network. Shaded areas denote ice in contact with 

the bedrock. Two cross sections of this system are also given (right). From Kamb (1987), their 

Figures 1 and 2.  
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deformation. If the water is able to flow more rapidly, melting of the surrounding ice 

by frictional heating becomes significant. This results in the formation of 

Röthlisberger channels (also known as R channels or simply channels) 

(Röthlisberger, 1972). For these channels to exist in a steady-state (i.e. in a stable 

manner, fully adjusted to the present discharge) the melting of the channel walls by 

the flowing water must be offset by the inward creep of the surrounding ice. This 

requires the channel water pressure to be less than the ice overburden pressure 

(Röthlisberger, 1972). Furthermore, because wall melting increases as discharge 

increases, water pressure must be reduced in a larger channel compared to a smaller 

channel (again assuming a steady-state). This means that the pressure gradients 

encourage larger channels to capture water from neighbouring smaller channels, 

resulting in an arborescent network of channels (Röthlisberger, 1972). Combined with 

the large cross sectional area to surface area ratio of channels, this makes channelised 

drainage systems highly efficient, capable of transporting much greater discharges at 

lower water pressures compared to distributed drainage systems. 

2.2 Impacts of hydrology on the glacier system 

2.2.1 Hydrology and landscape evolution 

Glaciers are an important erosive force, responsible for the excavation and down-

valley transport of vast quantities of debris (Hallet et al., 1996). The geomorphic 

implications of this process are wide ranging and important. The former bed of the 

Laurentide Ice Sheet, covering much of North America, appears to have been lowered 

by tens of metres by repeated Pleistocene glaciations (Bell and Laine, 1985), while the 

height of uplifting mountain ranges may be limited by the increase in glacial erosion 

with altitude (Brozovi� et al., 1997). Increased glacial erosion resulting from climatic 

cooling has even been proposed as a cause of uplift during the Cenozoic, with the 

excavation of valleys generating isostatic uplift (Molnar and England, 1990). 

Understanding the controls on glacial erosion is therefore vital for understanding 

landscape evolution across much of the earth’s surface. 

Erosion rate varies by four orders of magnitude between glaciers (Hallet et al., 1996). 

This reflects a range of factors, including the underlying lithology, rate of uplift, bed 

gradient and ice thickness. The subglacial drainage system also exerts a strong 

influence on the rate of erosion. Subglacial channels, characterised by high discharges 
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driven by steep hydraulic gradients, are capable of entraining and transporting 

exceptionally high sediment loads (Alley et al., 1997). This process is much more 

efficient at removing basal debris than transport in a slow flowing linked-cavity 

network or entrainment in basal ice (Alley et al., 1997; Swift et al., 2002). As such, 

the rate of erosion of subglacial material is expected to be many times greater at 

glaciers underlain by channelised drainage systems. 

The large erosive capacity of channelised drainage networks has been demonstrated 

by the typically high sediment loads of meltwaters emerging at the terminus of alpine 

glaciers (Hallet et al., 1996). It is more difficult to state unequivocally whether this 

represents a higher rate of erosion of the underlying bedrock, or the remobilisation of 

existing stores of subglacial debris. However, it is likely that the removal of subglacial 

debris by meltwater channels will act to strongly accelerate the erosion of the bedrock 

(Swift et al., 2002). This is because the processes of basal erosion are most effective 

with only a thin layer of sediment between the ice and bedrock (Cuffey and Alley, 

1996; Hallet, 1996; Swift et al., 2002). Without a mechanism capable of removing the 

products of erosion, the accumulation of sediment may therefore be sufficient to 

protect the bedrock. The implications of this are that, all other things being equal, 

erosion should be greatest in locations where the surface meltwaters drain through 

efficient subglacial channels (Swift et al., 2002). Furthermore, this erosion should be 

greatest at times when runoff is greatest, meaning erosion may increase during times 

of deglaciation (Koppes et al., 2009; Koppes and Montgomery, 2009). 

2.2.2 Hydrology and ice dynamics 

Glaciers move through a combination of three processes – the internal deformation of 

ice, the sliding of the glacier bed across the underlying surface, and the deformation 

of underlying sediments. If the bed and underlying sediments are below the pressure 

melt point, whereby the glacier is cold based, the adhesion between these surfaces is 

very strong, and movement of the basal ice is minimal (Echelmeyer and Wang, 1987; 

Fowler, 1986). If the bed is above the pressure melt point (warm based), basal motion 

is increased and the glacier surface velocity is correspondingly greater. Basal 

meltwater serves to lubricate the junction between the ice and bed, permitting faster 

sliding. Furthermore, melting provides a crucial means by which basal ice can slide 

past small obstacles, with the meltwater able to flow around the obstacle before 

refreezing on the lee side (termed regelation) (Weertman, 1964). 
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The pressure of meltwater at the glacier bed is the principal control on ice velocity on 

timescales ranging from sub-diurnal to annual (Willis, 1995) (Figure 2.3). If the bed is 

underlain by deformable sediments (soft bedded), the strength of these sediments is 

affected by water pressure (Boulton and Hindmarsh, 1987). This is because confined 

water can support compressive but not shear stresses. The greater the water pressure, 

the greater the proportion of the compressive stress that is supported, and so the more 

easily sediment is able to deform, allowing the glacier to move faster. In reality, the 

relationship may be more complex than this (Iverson et al., 1995). Beyond a threshold 

water pressure, the opening of water filled cavities may decouple the glacier from the 

bed. This would serve to decrease the shear stresses on the bed, transferring the 

principal source of ice motion from bed deformation to sliding. As such, while ice 

velocity increases with water pressure, the rate of bed deformation may actually 

decrease above a water pressure threshold (Iverson et al., 1995). 

The relationship between water pressure and bed separation may lie behind much of 

the variation in ice velocity at both soft and hard bedded glaciers. Greater separation 

Figure 2.3. The relationship between glacier velocity and subglacial water pressure (shown as the 

depth of water level below the ice surface as recorded in boreholes) at Findelengletscher, 

Switzerland. Different symbols denote different time periods during the 1982 melt season. From 

Iken and Bindschadler (1986), their Figure 6.  
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between the ice and the underlying bed, due to larger and more numerous basal 

cavities, permits faster sliding (Lliboutry, 1968). Because cavities cannot support 

shear stresses, these are concentrated on the remaining points of contact with the bed, 

increasing the rate at which the basal ice deforms around obstacles (Lliboutry, 1968). 

Cavities also reduce the roughness of the bed, and may submerge small obstacles 

completely. Ice velocity is therefore expected to be greater when bed separation is 

greater, and further enhanced at times when cavities are expanding, as this exerts a 

down-glacier force on the cavity walls (Iken, 1981). 

High water pressures are required to increase bed separation, as they permit the 

expansion of cavities beyond the areas of lowest pressure in the lee of bedrock 

obstacles (Iken, 1981). More specifically, the degree of bed separation is expected to 

decrease with increasing effective pressure N (ice overburden pressure minus water 

pressure) and increase with increasing basal shear stress, �b (Bindschadler, 1983). This 

forms the basis of a commonly used sliding law relationship linking basal sliding 

velocity, ub, with basal shear stress and effective pressure 

mn

bb Nku
−= τ  

2.1 

Figure 2.4. Theoretical steady-state relationship between discharge (Q) and effective pressure (N 

= ice overburden pressure minus water pressure) in a subglacial conduit. The solid line shows 

those discharges at which drainage is predicted to occur through a linked cavity network, which 

evolves into an efficient channel (dashed line) at the point (Qc, Nc). From Schoof (2010), their 

Figure 1.  
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where k is related to bed roughness and the thermal and mechanical properties of ice 

and m and n are positive exponents (Bindschadler, 1983; Cuffey and Paterson, 2010). 

There has been some success in linking pressure and sliding velocity through this 

relationship (Figure 2.3) (Iken and Bindschadler, 1986; Raymond and Harrison, 1987; 

Sugiyama and Gudmundsson, 2004), though it has proven difficult to derive values 

for the constants which remain consistent over time and between glaciers. 

In order to facilitate a greater discharge of water through a linked cavity network, the 

cross sectional area of the cavities and orifices must increase, requiring higher water 

pressures. This means that water pressure, bed separation and ice velocity should 

scale with discharge in linked cavity networks (Figure 2.4) (Kamb, 1987; Lliboutry, 

1968). Seasonal ice velocity records (e.g. Bartholomew et al., 2010; Bingham et al., 

2003; Hoffman et al., 2011; Iken et al., 1983; Mair et al., 2002; Sundal et al., 2011) 

reveal that this behaviour is common at the onset of the melt season, with velocities 

rapidly increasing, and the ice surface experiencing a significant uplift (indicating bed 

separation) as the input of surface meltwater to the drainage system increases (Figure 

2.5). This increase in velocity with discharge is not sustained however, with ice 

velocity generally dropping following this ‘spring event’, reaching low values by late 

summer in spite of the high discharge. 

Figure 2.5. Surface ice velocity during the 1995 melt season at the Haut Glacier d’Arolla, 

Switzerland. The three lines denote three different points on the glacier centreline at which 

velocity was measured, located approximately 800 m (105), 1300 m (304) and 1600 m (504) from 

the terminus. From Mair et al. (2002), their Figure 3.  
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This trend has been explained as the result of an evolution of drainage system 

morphology (Kamb, 1987; Nienow et al., 1998). Beyond a discharge threshold, the 

frictional melting of cavity walls is predicted to be sufficient to generate subglacial 

channels (Kamb, 1987). Because channels are able to operate at a relatively low 

pressure, they draw water from the surrounding distributed drainage system, reducing 

the degree of bed separation and causing the glacier to slow again (Kamb, 1987). 

Furthermore, because channel water pressure theoretically declines as discharge along 

the channel increases (Figure 2.4), bed separation and ice velocity should fall as the 

summer progresses and temperatures rise (Röthlisberger, 1972; Schoof, 2010). This 

may explain the occurrence of low velocities during the period of peak melt in mid 

summer (Figure 2.5) (Röthlisberger, 1972; Schoof, 2010). This transition from a 

predominantly distributed to channelised drainage morphology is unlikely to occur 

simultaneously across the glacier, as the input of meltwater is delayed and reduced as 

distance up-glacier (and hence elevation) increases, temperature drops and the 

snowpack thickens (Nienow et al., 1998). 

While ice velocities are generally higher during the early part of the melt season and 

lower during the latter part, observations show that it is an over simplification to 

assume a decline in velocity with discharge once a critical threshold of channelisation 

is passed (cf. Schoof, 2010; Sundal et al., 2011). Seasonal velocity records are 

complex, punctuated by numerous velocity spikes (Figure 2.5), which often coincide 

with periods when discharge is rising (Bartholomaus et al., 2008; Bartholomew et al., 

2010; Bingham et al., 2003; Hoffman et al., 2011; Iken et al., 1983; Mair et al., 2002). 

(The initial spring event could even be categorised as an extreme example of a 

velocity spike concurrent with a rise in discharge). Furthermore, technological 

advances have revealed that ice velocity and discharge fluctuate in phase over diurnal 

cycles at glaciers thought to be underlain by channelised drainage systems 

(Bartholomaus et al., 2008; Bartholomew et al., 2012; Shepherd et al., 2009). These 

observations cannot be explained through either an evolution of drainage morphology 

or an inverse relationship between discharge and ice velocity. 

To better understand the relationship between discharge and ice velocity, it must be 

remembered that Röthlisberger’s (1972) theory of channel formation was founded on 

a scenario in which the drainage system is in a steady state - that is to say, it is stable 

and fully adjusted to the present discharge. This is unlikely to be the case in a system 
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where meltwater inputs are varying by large magnitudes over diurnal and seasonal 

cycles. Over these shorter timescales, the channels will be poorly adjusted to the 

changing discharge, and so it is likely that discharge, pressure and ice velocity will 

vary in phase (Bartholomaus et al., 2008; Röthlisberger, 1972). Röthlisberger (1972 

p199) recognised this, stating that: 

‘While the analysis of the mean pressure shows that pressure will eventually settle at 

a low value at high run-off, it is clear that initially, when the discharge begins to 

increase, the pressure will rise even above the previous high level of low discharge, 

simply because an excess of water is pouring into a conduit system of low capacity. It 

is conceivable that this situation prevails over a relatively long period in spring and 

early summer while the discharge keeps increasing. The drainage system would not 

fully expand until later in summer, when the drop of pressure below the winter level is 

to be expected. As the discharge decreases through late summer and autumn the 

pressure must be expected to fall further, because again the drainage system needs 

time to adjust. The mean pressure through the season is now different from what the 

computation has given, with the pressure maximum delayed from winter till late 

spring, and the minimum from summer till autumn.’ 

There are therefore two components to the relationship between discharge, water 

pressure and ice velocity. Water pressure is inversely correlated to discharge, but only 

when the drainage system is in a steady-state. When discharge is not steady, water 

pressure may be more closely related to the rate-of-change of discharge, being 

greatest at times when runoff is increasing and lowest when it is falling. A 

combination of these components produces realistic glacier behaviour in simplified 

scenarios (Colgan et al., 2011; Schoof, 2010). However, as yet there has been only 

limited success in replicating observed ice dynamics using hydrological models 

(Bartholomaus et al., 2011; Bartholomew et al., 2012; Colgan et al., 2012; Pimentel 

and Flowers, 2011). These difficulties may in part lie in 1) continuing inadequacies in 

our understanding / simulation of the links between discharge, drainage system 

morphology and water pressure, 2) inadequacies in our understanding / simulation of 

the links between water pressure and ice velocity, 3) the difficulty of applying 

idealised models to the spatially complex glacial environment and 4) a lack of data 

with which to run and test model simulations. These shortcomings must be addressed 

if the response of glaciers and ice sheets to climatic forcings is to be fully understood. 

2.3 Glacial-hydrological research on the Greenland Ice Sheet 

The recent interest in the hydrology of the Greenland Ice Sheet arguably began with 

the papers published by Joughin et al. (1996) and Zwally et al. (2002) in Science. 
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Prior to this point, little evidence had been found to indicate that surface meltwaters 

were able to penetrate through the thick, sub-freezing ice to reach the bed of the ice 

sheet (Echelmeyer and Harrison, 1990). Joughin et al. (1996) however reported the 

drainage of surface meltwater lakes during a speed-up of Ryder Glacier, an outlet 

glacier in the north of Greenland, suggesting that the input of water from these lakes 

may have acted to pressurise the subglacial drainage system and hence increase 

sliding velocity. The possibility that surface meltwater was reaching the bed of the ice 

sheet far from the margin was supported by Zwally et al. (2002), who observed 

seasonal velocity fluctuations coincident with summer melting at Swiss Camp, ~ 35 

km from the ice sheet margin. Furthermore, Zwally et al. reported a positive 

correlation between melt and ice velocity, with the greatest accelerations occurring 

during the warmest years. This suggested that should melting increase in a warming 

climate, there could be an increase in the rate at which ice was transported from the 

centre to the margins of the ice sheet. The proposition that climatic change could 

generate dynamic changes to the ice sheet was significant, as at this time, modelling 

studies were primarily focussed on the relatively gradual changes to surface mass 

balance that could result from a warming climate (e.g. Gregory et al., 2004). 

The significance of this theory increased further when it became clear that 

Greenland’s outlet glaciers had undergone a significant acceleration since the 1990s 

(Rignot and Kanagaratnam, 2006). This was associated with a great increase in the 

calving of ice from marine-terminating glaciers, doubling the mass lost from the ice 

sheet over the course of a decade (Rignot and Kanagaratnam, 2006). The causes of 

this dynamic thinning, and whether the acceleration of Greenland’s outlet glaciers was 

likely to continue into the future, was one of the main sources of uncertainty in the sea 

level rise scenarios presented in the 2007 IPCC report (Meehl et al., 2007). Finding 

the cause of this dynamic thinning therefore became a priority for research. 

The most startling acceleration during the 1990s and early 2000s occurred at 

Greenland’s large, marine-terminating outlet glaciers (Rignot and Kanagaratnam, 

2006). Observations revealed however that these glaciers experienced only small 

meltwater-induced seasonal accelerations relative to land-terminating glaciers 

(Joughin et al., 2008). Furthermore the dynamics of marine terminating glaciers were 

found to often vary in approximate synchronicity with their neighbours, accelerating 

at times of oceanic warming (Holland et al., 2008; Seale et al., 2011). Subglacial 
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hydrology was therefore deemed unlikely to be responsible for generating sustained 

accelerations of marine-terminating glaciers, with changes in back-stress associated 

with melting of the ice front found to be a more probable cause of the observed 

dynamic changes (Nick et al., 2009). 

Despite the apparent dominance of frontal processes as controls on marine-

terminating glacier dynamics, hydrology remained a focus of research along the land-

terminating sections of the ice sheet margins. Modelling work by Parizek and Alley 

(2004) indicated that a sustained increase in the sliding velocity of land-terminating 

margins in a warming climate could significantly accelerate deglaciation by drawing 

down ice from the interior of the ice sheet such that the mean elevation of the ice 

sheet surface is reduced. However, their model was based on two critical assumptions. 

Firstly, surface meltwater was able to access the bed of the ice sheet wherever it 

formed, allowing the zone of acceleration to migrate inland as the climate warmed. 

Secondly, there was a positive correlation (as reported by Zwally et al., 2002) 

between melt and ice velocity.  Determining the validity of these assumptions became 

the focus of more detailed research. 

The first assumption was reliant on meltwater being able to penetrate through a 

kilometre or more of sub-freezing ice. Theoretical arguments suggested that the 

hydrofracturing of crevasses provided a mechanism through which this could be 

achieved so long as there was a sufficiently sustained input of meltwater, which could 

be provided by the water stored in supraglacial lakes (Krawczynski et al., 2009; van 

der Veen, 2007). This theory was supported by observations of rapid lake drainage 

coupled with ice acceleration (Das et al., 2008) and the coincidence of pulses of 

meltwater from the subglacial drainage system with lake drainage events 

(Bartholomew et al., 2011a). Although it was suggested that moulin formation may be 

restricted to areas of tensile stress over bedrock bumps (Catania et al., 2008; Price et 

al., 2008), the combination of acceleration and uplift observed in areas of > 1 km ice 

thickness provides strong support for local connections between hydrology and ice 

dynamics in areas of extremely thick ice (Bartholomew et al., 2011b; Shepherd et al., 

2009). Lakes have been observed to form at higher elevations during warmer 

summers (Sundal et al., 2009), and so lake drainage and hydrofracture provides a 

means by which the subglacial drainage of surface meltwaters could spread inland as 

the climate warms. 
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Irrespective of how far inland meltwater is able to drain to the bed, this is unlikely to 

lead to dynamic thinning of the ice sheet unless there is a positive correlation between 

melt and ice velocity on annual timescales. Zwally et al.’s (2002) report of a positive 

correlation between melt and ice velocity was quickly questioned based on 

observations from alpine glaciers (Truffer et al., 2005), and numerous studies have 

subsequently attempted to clarify the impact that meltwater has on the ice dynamics of 

the Greenland Ice Sheet. To this end, several transects of Global Positioning System 

(GPS) receivers have been established to provide high resolution records of ice 

motion (Bartholomew et al., 2011a; Hoffman et al., 2011; Sole et al., 2011; van de 

Wal et al., 2008), while remote sensing data provided velocities from a wider area at 

the expense of temporal resolution (Howat et al., 2010; Joughin et al., 2008; Sundal et 

al., 2011). The approaches taken by these different studies can be split into four broad 

categories. 

The simplest approach is to seek to find a correlation between melt and ice velocity on 

seasonal timescales. A simple parameterisation would be valuable, as this could be 

incorporated into ice sheet models with relative ease. Such studies have however  

reported both positive (Zwally et al., 2002) and negative (Sundal et al., 2011; van de 

Wal et al., 2008) correlations. Furthermore, recent research suggests that there may be 

an inverse relationship between summer and winter velocity, such that greater 

velocities during warmer summers are counter balanced by lower velocities during the 

subsequent autumn and winter (Sole et al., in review). It seems that the relationship 

between melt and velocity may be too complex to reduce down to seasonal averages. 

In an attempt to better understand the complexities of this relationship, a second 

approach undertaken at several Greenlandic outlet glaciers has been to study ice 

velocity and melt records at sub-seasonal timescales (Bartholomew et al., 2010; 

Bartholomew et al., 2011a; Hoffman et al., 2011; Howat et al., 2010; Sole et al., 

2011). The interpretation of this data in part reflects the temporal resolution at which 

it was collected. Sundal et al. (2011) used remotely sensed data to create 35-day 

average velocities for six outlet glaciers in west Greenland. They observed velocities  
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to be greater during the early part of the melt season than the latter, with the 

deceleration apparently occurring sooner in warmer years (Figure 2.6). From this, 

they concluded that the glaciers slow due to a transition from a distributed to 

channelised drainage morphology, which occurs above a critical melt threshold (e.g. 

Figure 2.4). However, 24 hour mean velocities from GPS transects reveal a slightly 

different story (Bartholomew et al., 2010; Bartholomew et al., 2011a; Sole et al., 

2011). The higher ice velocities recorded early in the melt season appear to be the 

cumulative impact of numerous short-lived (~ a few days) spikes in velocity, which 

occur at times when discharge is rising (Figure 2.7). These events are more frequent 

and of a greater magnitude during the first part of the melt season, when discharge is 

 

Figure 2.6. Seasonal ice velocity trends (solid lines) from 5 glaciers along the western margin of 

the Greenland Ice Sheet during years of (a.) high and (b.) low surface melting. Point data are 35-

day average velocities from synthetic aperture radar intensity tracking. The coloured areas 

show modelled daily averaged runoff rates. Figure from Sundal et al. (2011), their Figure 3.  
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rising. This indicates that, as predicted by Röthlisberger (1972), water pressure and 

ice velocity may be more strongly controlled by the rate-of-change of runoff, which is 

greatest in the early part of the season when melt is increasing most rapidly. This has 

important implications for the relationship between seasonal melt and ice velocity. If 

velocity falls once a critical discharge is reached, then glaciers may decelerate quicker 

during warmer years, suggesting average seasonal velocities would decrease as the 

climate warms (Sundal et al., 2011; van de Wal et al., 2008). If however ice velocities 

remain high so long as discharge is increasing, then the seasonal distribution of melt 

may be of greater importance than the total or peak discharge in determining the 

average summer ice velocities. 

Assessing the importance of drainage system evolution as a control on ice velocity in 

Greenland is hindered by the lack of knowledge of drainage system morphology. The 

 

Figure 2.7. 24 hour mean horizontal velocity (black stairs), surface height (grey line; shown 

relative to an arbitrary datum with a linear surface parallel slope removed) and mean daily 

temperature (grey bars; positive temperatures only) from seven sites at increasing elevation on 

Leverett Glacier, west Greenland. Data comes from the 2009 melt season. Runoff from Leverett 

Glacier over the same period is shown in the bottom panel. Blue shaded areas denote periods of 

rapidly increasing runoff. From Bartholomew et al. (2011b), their Figure 2.  
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third approach to examining the relationship between melt and ice dynamics has 

therefore been to investigate the drainage morphology of outlet glaciers, and in 

particular how this changes over the course of the melt season. The majority of work 

on this question has focussed on ice velocity records, but a few studies have 

undertaken dedicated hydrological research in an attempt to elucidate the nature of  

the subglacial drainage system. Bhatia et al. (2011) examined the isotopic content of 

meltwaters discharging from a small outlet glacier in west Greenland. Early in the 

melt season, the isotopic content indicated a long residence time in contact with the 

glacier bed, but as the season progressed, this basal water became increasingly diluted 

by surface meltwaters transported rapidly through the glacier. This was interpreted as 

an increase in the channelisation of the drainage system, in response to increased 

surface meltwater inputs, as the season progressed. A similar conclusion was reached 

by Bartholomew et al. (2011a), from the study of the discharge, suspended sediment 

concentration and electrical conductivity (a proxy for bulk ionic content) of subglacial 

meltwaters draining from the ice sheet margin. Furthermore, coincident spikes in 

suspended sediment concentration and electrical conductivity, often associated with a 

sudden rise in discharge, were interpreted as periods of subglacial catchment 

expansion, possibly in response to supraglacial lake drainage events. 

These studies have provided valuable insight into the drainage system independent of 

velocity observations, and provide support for the assertion that Greenland’s drainage 

system undergoes a seasonal evolution much like that at alpine glaciers. They have 

not however been able to conclusively define the role of changing drainage 

morphology as a control on seasonal ice dynamics. This could be best achieved by 

examining the patterns of drainage system evolution alongside ice velocity records 

from the same location. This is not easy to achieve by analysing proglacial data, 

however, as the river averages conditions throughout the catchment. Therefore, 

although an increase in drainage efficiency as the melt season progresses is apparent, 

the drainage morphology beneath any part of the glacier at a given time remains 

unclear. 

The final approach to understanding the impact of melt on ice velocity lies in 

theoretical and modelling work (Colgan et al., 2011; Pimentel and Flowers, 2011; 

Schoof, 2010). Most notably, Röthlisberger’s theory was extended by Schoof (2010) 

to include a transition from cavity flow to channel flow above a discharge threshold. 
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Simulation of idealised melt scenarios using this model demonstrated that, while 

lower water pressures and ice velocities are predicted at higher discharges, the 

greatest fluctuations in pressure occur at times when discharge is changing. This lead 

to the conclusion that melt variability may be more important than absolute melt 

volume in determining ice velocity. This conclusion was supported by Bartholomew 

et al. (2012), who simulated the development of a subglacial channel under melt 

inputs forced using a temperature record from west Greenland. They found that the 

large and frequent fluctuations in melt input to the channel were the primary control 

on water pressure, with greatest pressures predicted during the early part of the melt 

season when discharge is increasing most rapidly. This simulation compared 

favourably with local ice velocity records obtained using GPS, with greatest velocities 

at times when the system is predicted to be pressurised by increasing melt inputs. 

Ten years on from Zwally’s (2002) paper, we have a much better understanding of the 

hydrology of the Greenland Ice Sheet. We know that meltwater is able to penetrate 

through more than 1 km of subfreezing ice to reach the bed far inland from the ice 

margin, a process that is aided by the drainage of meltwater from supraglacial lakes 

(Das et al., 2008; Krawczynski et al., 2009; van der Veen, 2007). This water flows to 

the margin through a subglacial drainage system that increases in efficiency as the 

melt season progresses (Bartholomew et al., 2010; Bartholomew et al., 2011b; Bhatia 

et al., 2011). Ice velocity reaches its annual maximum early in the melt season, but 

subsequently falls and may reach its annual minimum during the late summer or 

autumn (Bartholomew et al., 2010; Bartholomew et al., 2011a; Hoffman et al., 2011; 

Howat et al., 2010; Sole et al., 2011; Sundal et al., 2011). This does not however 

constitute a simple inverse relationship between meltwater discharge and water 

pressure and ice velocity. Instead, ice velocity appears to be greatest at times when 

runoff is increasing, leading to an increased pressurisation of the drainage system 

(Schoof, 2010). The greater velocities observed early in the melt season therefore 

likely reflect the large and frequent increases in runoff during this period, while the 

lowest velocities late in the melt season may result from the declining runoff at this 

time (Bartholomew et al., 2011a; Bartholomew et al., 2012). Because ice velocity 

more closely reflects the rate-of-change of runoff than the absolute runoff, there is no 

simple correlation between melt and ice velocity on annual timescales (Sole et al., in 

review; van de Wal et al., 2008). 
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In spite of these advances, many unknowns remain. It is not clear how rapidly the 

seasonal evolution of drainage morphology takes place, or whether this evolution is 

affected by increasing ice thickness with greater distance up-glacier. In part because 

of this, it is not known to what extent ice dynamics reflect this evolution (Sundal et 

al., 2011), and to what extent they reflect changes in runoff into a morphologically 

stable system (Bartholomew et al., 2012). To better understand this, it is necessary to 

improve our knowledge of how this evolution occurs through time and space, such 

that it can be directly compared with the dynamics of the overlying ice. A further 

hindrance to our hydrological understanding is a lack of measurements of subglacial 

water pressure, making it difficult to test models. To this end, drilling work has been 

undertaken on two glaciers in west Greenland, but detailed results have not yet been 

published (Luthi et al., 2012; Smeets et al., 2012). Additionally, there has been a 

tendency to simply equate higher subglacial water pressures with higher ice sliding 

velocities (Bartholomew et al., 2012; Colgan et al., 2012; Schoof, 2010). However, as 

revealed by research at alpine glaciers (Section 2.2.2), the relationship between 

pressure, bed separation and sliding velocity is also complex and remains imperfectly 

understood (Harper et al., 2007; Iken, 1981; Kamb and Engelhardt, 1987; Sugiyama 

and Gudmundsson, 2004). Part of the difficulty in defining the relationship between 

discharge and ice dynamics may therefore lie in the link between water pressure and 

ice velocity. To fully understand the impact of hydrology on the dynamics of the 

Greenland Ice Sheet, it may therefore be necessary to consider not just the principal 

drainage pathways, but also how this system is able to influence sufficiently large 

areas of the bed to control the sliding velocity of the glacier. As such, the spatial 

homogeneity of the drainage system may be important. 

Finally, most hydrological research in Greenland has been focused on the impact of 

melt on ice dynamics, but the observation that vast quantities of surface meltwater 

drain beneath the ice sheet has additional implications within and beyond the glacial 

system. In particular, the subglacial drainage of surface meltwaters has been linked 

with high rates of erosion at alpine glaciers (Alley et al., 1997; Swift et al., 2002). 

This is inconsistent with the assumption that the Greenland Ice Sheet erodes its bed 

only very slowly (Hallet et al., 1996). There is therefore the need to carefully consider 

other aspects of glacial-hydrological theory in light of the new details emerging from 

the recent interest in the hydrology of the Greenland Ice Sheet.  
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2.4 Research at Leverett Glacier 

The work presented in this thesis was undertaken as part of a larger project examining 

the links between hydrology and ice dynamics at Leverett Glacier, west Greenland 

(Figure 2.8). This project, led by Peter Nienow (University of Edinburgh), Douglas 

Mair (University of Aberdeen) and Jemma Wadham (University of Bristol) has been 

ongoing since 2008. As part of this work, four papers on Leverett Glacier have been 

published by Ian Bartholomew, who carried out his doctoral research on the glacier 

(Bartholomew, 2012), which compliment the research presented here. These papers 

(on three of which I am a co-author) are provided in the appendix, and have been 

referenced in the preceding literature review. The content of these papers is 

summarised in greater detail in the following section. 

During the summer of 2008, a preliminary field season was undertaken, with a camp 

established at Russell Glacier (Figure 2.8). As part of this, a transect of 4 GPS units 

extending 35 km from the margin was established, providing the most detailed records 

to date of seasonal ice dynamics in the ablation zone of the Greenland Ice Sheet. 

These records showed that the glacier underwent a seasonal acceleration which 

migrated up-glacier over time as surface melting spread to higher elevations. 

Figure 2.8. Location of Leverett Glacier and Russell Glacier in west Greenland, including the four 

GPS sites deployed during the 2008 melt season. From Bartholomew et al. (2010), their Figure 1.  
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Furthermore, as the summer progressed, greater increases in melting were required to 

generate an acceleration of the glacier at a given site (Bartholomew et al., 2010). This 

indicated that the glacial drainage system underwent a seasonal increase in efficiency, 

spreading up-glacier as the melt season progressed, similar to that observed at alpine 

glaciers. 

The following year, the focus of research was moved to Leverett Glacier, the terminus 

of which is located ~ 4 km southeast of that of Russell Glacier. This was primarily 

because, as inferred from the simple observation of comparative runoff volumes in 

August 2008, Leverett Glacier drains meltwaters from a larger catchment of the ice 

sheet compared to Russell Glacier. The GPS transect was extended to 115 km from 

the margin, and accompanied by a record of proglacial discharge. Combined analysis 

of these records led to several conclusions (Bartholomew et al., 2011b). The impact of 

summer speed-ups on annual ice displacement in the upper part of the catchment was 

limited primarily by the short length of melt season and the time required to form a 

connection between the surface and the bed. In the lower ablation zone however, ice 

velocity was greatest at times of increasing discharge, but the magnitude of speed-ups 

was ultimately limited by the increasing efficiency of the drainage system. 

In a second paper on the 2009 melt season, Bartholomew et al. (2011a) examined the 

discharge, electrical conductivity and suspended sediment concentration of the 

proglacial river. They found that electrical conductivity and suspended sediment 

concentration decreased as discharge rose, demonstrating the increasing dilution of 

basally stored waters with rapidly routed surface meltwaters. This relationship was 

however reversed at times when discharge was increasing rapidly, with discharge, 

electrical conductivity and suspended sediment concentration increasing in phase. 

These trends were interpreted as the stepwise expansion of the channelised subglacial 

drainage system at the expense of the distributed system, with the pulses of ion and 

sediment rich water associated with the opening of new moulins (possibly due to 

supraglacial lake drainage events) further up-glacier. 

The final paper by Bartholomew et al. (2012) comprised two parts. In the first, the 

processing of the GPS data was improved to give mean velocities over a 6 hour 

sliding window throughout the 2009 and 2010 melt seasons, showing that ice 

velocities underwent large fluctuations on diurnal cycles. A model was then 

constructed that aimed to simulate the development of a single channel over the 
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course of a melt season using melt inputs modelled from locally recorded 2010 air 

temperatures. Although no attempt was made to model ice velocity, observed ice 

velocities were greatest at times when the model predicted the drainage channel to be 

more highly pressurised. This occurred at times when discharge was rising, indicating 

that large fluctuations in water pressure and ice velocity can be generated by 

variations in meltwater input to a channelised drainage system. 
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The research presented in this thesis is based on data obtained during two extensive 

field campaigns, undertaken at Leverett Glacier, west Greenland, during the melt 

seasons of 2009 and 2010. Due to the format of the thesis, Chapters 4 to 8 contain 

individual methods sections, which detail the techniques and methods most relevant to 

that chapter. The overview of methods presented in this chapter is intended to 

compliment, rather than replicate, these individual methods sections. To this end, this 

chapter is organised to provide a more complete picture of the fieldwork, as well as 

including information that could not be incorporated into Chapters 4 to 8 due to 

journal word restrictions. 
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3.1 Field site 

Leverett Glacier (67º03’N, 50º07’W) is a land-terminating outlet glacier on the 

western margin of the Greenland Ice sheet (Figures 3.1 and 3.2). It lies immediately to 

the south of Russell Glacier, and the two names have been used interchangeably for 

the section of the ice sheet inland of this zone (e.g. Bartholomew et al., 2010; 

Bartholomew et al., 2011a; Shepherd et al., 2009; Sundal et al., 2011). However, 

based on dye dilution discharge estimates, the discharge of meltwater from Leverett 

Glacier is approximately an order of magnitude greater than that from Russell Glacier 

 

Figure 3.1. Top: map showing the location of Leverett Glacier (LG) and Russell Glacier (RG), 

sites S1-7 (stars) and the NASA IceBridge flight line (red). Bottom: Detail of the lower part of 

Leverett Glacier, showing the locations of S1-3 (stars), the NASA flight line (dashed), moulins 

L1-14 (circles), the fluorometer (square) and the gauging station (triangle). All contours (m) 

come from a surface digital elevation model derived using InSAR by Palmer et al. (2011). Maps 

are overlain onto a true colour Landsat ETM+ image.  
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during the summer months (I.D. Bartholomew, pers comm.). This indicates that, while 

the size of the glacier tongues is quite similar, Leverett Glacier has a far more 

extensive hydrological catchment. Analysis of surface topography and summer ice 

velocities (indicative of subglacial meltwater routing) suggests that combined, 

Leverett and Russell Glaciers have a hydrological catchment area of ~ 1200 km
2
 

(Figure 3.3) (Palmer et al., 2011). Based on the relative discharge of meltwater issuing 

from the two glaciers, it is assumed that the majority of this water drains through 

Leverett Glacier, with only a small proportion exiting from Russell Glacier. 

The thermal regime of Leverett Glacier is not well known. It is likely that much of the 

ice lies below the pressure melting point, in keeping with the limited measurements 

available from Greenland’s outlet glaciers (Iken et al., 1993). Through the ablation 

zone it is however assumed that the majority of the ice is warm based, as is predicted 

by ice sheet modelling and examination of former ice sheet beds (Hooke, 2005; 

Kleman et al., 2008). This assumption is supported by the observation of numerous 

and rapid fluctuations in ice velocity during the summer months, indicating that 

variations in basal motion occur over large areas of the glacier (e.g. Figure 3.3) 

(Bartholomew et al., 2010; Palmer et al., 2011; Shepherd et al., 2009; Sundal et al., 

2011). 

Figure 3.2. Leverett Glacier tongue and proglacial river. An obvious depression of the ice 

surface can be seen extending up-glacier from the portal. Photograph: Ian Bartholomew. 
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Ice surface and bed elevation data for Leverett Glacier were obtained by NASA’s 

Operation IceBridge during an airborne geophysical survey undertaken during 2010 

(Allen, 2010; Krabill, 2010). These data form a transect extending ~ 120 km from the 

ice margin (Figure 3.1), revealing the ice surface profile to be roughly parabolic while 

the bed is overdeepened beyond a few kilometres up-glacier of the terminus (Figure 

3.4). Furthermore, the ice surface slope is reversed at several locations along the 

transect. It is not clear whether these features represent enclosed basins in which 

supraglacial lakes may form, or linear depressions of the ice surface along which 

water can drain freely to the north or south of the transect. 

The data collected during the 2009 and 2010 field seasons can be divided into three 

categories. Firstly, a transect of sites coincident with the NASA IceBridge flight line 

 

Figure 3.3. The western margin of the Greenland Ice Sheet in the vicinity of Leverett Glacier. 

Hydrological catchments based on ice surface topography (derived using InSAR) are outlined in 

white, with the abbreviated name of the corresponding outlet glacier given in white text. No 

distinction is made between Leverett and Russell Glaciers, and so the combined hydrological 

catchment (~ 1200 km
2
) is labelled ‘RG’. Also shown is meltwater routing from ice surface 

topography (black lines). The colour scale shows ice velocity during late summer relative to mean 

winter velocity. Greater seasonal speed-ups may be indicative of areas of subglacial meltwater 

routing. From Palmer et al. (2011), their Figure 3. 
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was used to monitor air temperature, surface melt rate and ice surface velocity. 

Secondly, several moulins were selected as locations for tracer injections and the 

monitoring of englacial water level. Thirdly, outputs from the drainage system 

(meltwater discharge, suspended sediment concentration and injected dye) were 

monitored in the proglacial river. These methods are described in more detail in the 

following sections. 

3.2 Sites S1 to S7 

Seven monitoring stations, termed S1-7, were established on the ice sheet surface 

along a transect extending up to ~ 120 km from the ice margin (Figures 3.1 and 3.4, 

Table 3.1). At each of these sites, a pole was drilled into the ice surface, onto which 

was mounted a Global Positioning System (GPS) antenna, solar panel, temperature 

sensor and (at some sites) an ultrasonic distance gauge (UDG) (Figure 3.5). The GPS 

receiver, batteries and any additional loggers were located inside a sealed Pelicase 

container. Sites S3-7 were visited twice a year, in the spring and autumn, to undertake 

essential maintenance and download data. Sites S1-2 were located within walking 

distance of the ice margin, and so were visited more regularly during the field season. 

Figure 3.4. Ice surface (black) and bed (grey) topography, along the NASA IceBridge flight line 

(Figure 3.1) (Allen, 2010; Krabill, 2010). Red circles show, from left to right, sites S1 to S7. 
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3.2.1 Air temperature and melt 

Leverett Glacier is located in a semi-arid region of Greenland (total annual 

precipitation, much of which falls as snow, is of the order of 200-300 mm) (Ohmura 

and Reeh, 1991), and rainfall is negligible in comparison to the volume of water 

generated by melting of the ice sheet surface. Knowledge of the surface melt rate is 

therefore crucial for the interpretation of hydrological processes, as it determines the 

inputs to the hydrological system. This was achieved both by measuring ablation 

directly, and by measuring near-surface air temperature, which closely corresponds to 

melt rate (Hock, 2003). 

Air temperature was monitored year round at sites S1-7. This was undertaken using 

either a shielded Campbell Scientific 107 temperature sensor logged by a Campbell 

Scientific CR800 datalogger (S1, S3, S5 and S6) or a shielded Onset HOBO U21-004 

Temperature Data Logger (S1, S2, S4 and S7). Both sensor types were used at S1 to 

ensure that there were no systematic differences in results between the different 

models. All temperature sensors were fixed a minimum of 1.5 m above the glacier 

surface. 

The length of the pole exposed above the ice surface and the snow depth were 

measured during each site visit, providing measurements of ablation over known 

periods. To provide a more detailed record of ablation through the melt season, a 

Campbell Scientific SR50A UDG was affixed to the pole at sites S1, S3, S5 and S6. 

This measured the distance to the ice surface at 1 minute intervals (recording the 

mean value every 15 minutes), providing a measure of the ablation of the ice surface 

over time. 

Table 3.1. Location of sites S1-7 (Figures 3.1 and 3.4). 
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3.2.2 Ice surface velocity 

The monitoring of ice velocity in this study has two main purposes. Firstly, it can be 

used to provide insight into the functioning of the drainage system. Variations in the 

relationship between melt and ice velocity have been used to infer changes in 

subglacial drainage efficiency (e.g. Bartholomew et al., 2010; Mair et al., 2002), while 

vertical motion of the ice surface may be caused by the storage of water at the glacier 

bed (Iken et al., 1983; Sugiyama and Gudmundsson, 2004). Secondly, ice velocity can 

be compared with independently derived models of drainage processes, providing 

insight into the influence of the hydrological system on the dynamics of the glacier 

(e.g. Bartholomaus et al., 2008). 

Velocity records were obtained on Leverett Glacier using GPS units placed at sites 

S1-7 (Figure 3.1). GPS satellites broadcast radio signals containing a code that 

enables the transit time of the signal to be calculated. If sufficient satellites are in 

range of the unit’s antenna (typically 4 or more), these transit times can be used to 

pinpoint its location with millimetre accuracy (King, 2004). By frequently recording 

Figure 3.5. Site S1. From Bartholomew (2012), their Figure 3.6.  
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the location of the antenna, GPS can be used to obtain detailed records of horizontal 

and vertical ice motion through time. The disadvantage of GPS is that each unit gives 

only the motion of one point on the glacier surface, and units are sufficiently difficult 

to install and maintain that establishing large networks is prohibitively expensive. As 

such, while the precision and temporal resolution of GPS measurements is excellent, 

they are unable to compete with the spatial coverage of satellite measurements (e.g. 

Rignot and Kanagaratnam, 2006). 

GPS antennae were mounted onto the poles at S1-7, which were drilled several metres 

into the ice surface (Figure 3.5). These poles froze in place, and so the recorded 

motion does not include the lowering of the ice surface through ablation. Battery 

power was maintained during the summer months using a solar panel, but the system 

quickly lost power once the days shortened in the autumn. Winter velocities are 

therefore calculated as an average between the final position of one autumn and the 

first position of the following spring. GPS data were processed with the software 

Track 1.21 (King and Bock, 2006) by Bartholomew (2012), using a kinematic 

approach relative to an off-ice base station. During 2009 and the first part of the 2010, 

data were collected at 30 second intervals and processed relative to a base station 

located 30 km away at Kelyville. In 2010, a base station was established near to the 

terminus of Leverett Glacier and the sampling interval was increased to 10 seconds, 

improving the accuracy of the ice motion measurements. Errors in the GPS positions 

are approximately ± 1 cm in the horizontal and ± 2 cm in the vertical direction 

(Bartholomew, 2012). 

3.2.3 Moulins L1 to L14 

Moulins are common on the lower part of Leverett Glacier, but become more sparse 

(and consequently larger) with distance up-glacier (Figures 3.6 and 3.7). These 

moulins provide a route through which vast quantities of surface meltwater are able to 

penetrate to the bed of the glacier (Bartholomew et al., 2011a; Bartholomew et al., 

2011b; Das et al., 2008), and so are of great importance as an opening to the 

en/subglacial drainage system. Five moulins were chosen along the lower 14 km of 

the glacier for detailed study, termed L1, L2, L4, L7 and L14 based on their 

approximate distance in kilometres from the terminus. (The prefix ‘L’ stands for 

Leverett, and is used to facilitate comparison with the sites discussed by Chandler et 

al., 2013). As variation in drainage system morphology with distance from the margin 
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is of particular interest, other sources of variation were kept to a minimum where 

possible when selecting these moulins. Because of this, all of the selected moulins lay 

relatively close to the inferred centre line of the glacier catchment (Figures 3.1 and 

3.3), and were the largest moulins encountered in their respective areas. Moulin study 

sites were limited to the lowermost 14 km of the glacier due to the increasing 

difficulty of access, and increasing volumes of dye required for tracing, with 

increasing distance from the margin. 

3.2.4 Englacial water level 

Subglacial water pressure is difficult to measure. The most common approach is to 

drill boreholes to the glacier bed, with the water level in these boreholes taken as an 

approximate manometer for basal water pressure (e.g. Fountain, 1993a; Harper et al., 

2007; Hubbard et al., 1995). This method is however expensive, time consuming and 

logistically challenging. A simpler approach is to measure the level of water pooled in 

moulins (Iken, 1972; Vieli et al., 2004). The assumption behind this approach is that 

this pooled water forms the uppermost part of a column of water that extends to the 

 

Figure 3.6. A dye injection at moulin L2. The hose pipe is being used to inject sulphur 

hexafluoride gas, an alternative tracer utilised by Chandler et al. (2013). Photograph: Andrew 

Sole. 
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bed, and the water surface therefore represents the pressure head in the subglacial 

drainage system. 

Pressure values obtained in this way are unlikely to be directly comparable to those 

measured using boreholes. Channels cover only a small proportion of the bed, and so 

are unlikely to be directly intercepted by a borehole (Fountain and Walder, 1998). As 

such, borehole pressures are likely to be more representative of water pressure in the 

broader, distributed drainage system. This pressure may vary on short length scales, 

depending on (amongst other things) the proximity to a subglacial channel (Hubbard 

et al., 1995) or whether the borehole strikes the stoss or lee side of a bedrock bump 

(Harper et al., 2007). Moulins, on the other hand, provide a concentrated delivery of 

surface meltwater to the bed, and so are likely to drain directly into subglacial 

channels throughout much of the melt season (Nienow et al., 1998). Moulin water 

level is therefore more likely to represent pressure head in a subglacial channel. This 

in turn is likely to influence, and be influenced by, water pressure across the wider 

network of subglacial drainage channels (Werder et al., 2010). 

 

Figure 3.7. Supraglacial stream immediately above moulin L14. Note the figure for scale (top 

right). Photograph: Andrew Sole. 
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Three ONSET Hobo U20-001-03 Water Level loggers (self contained pressure 

transducer and logger units) were available for monitoring the level of water pooled in 

moulins during the 2010 melt seasons (Figure 3.8). These were deployed at L1 on 1 

May, L2 on 16 May and L4 on 25 May. The sensor at L2 showed only one small 

pressure spike, and was presumably lodged somewhere close to the ice surface. This 

was moved on 29 May to a moulin ~ 1.5 km up-glacier from L4. Two days later, 

having shown no variation, it was moved again, this time to L7. 

The Hobo units were suspended into the moulins on lengths of static cord, which were 

secured to stakes on the glacier surface. The units function at depths of up to 70 m, 

but the main limitation on the depth of water recorded proved to be the difficulty of 

lowering the units into moulins. Despite their surface form (e.g. Figure 3.6), moulins 

seldom prove to be smooth vertical shafts (Benn et al., 2009; Holmlund, 1988), and 

the pressure transducers frequently became lodged at depths of only a few metres to a 

few tens of metres below the glacier surface. This tendency to lodge also made it 

difficult to ascertain the depth of the sensor below the ice surface, which was not 

necessarily equal to the length of cord deployed. The units therefore measured relative 

Figure 3.8. One of the Hobo water level loggers deployed to monitor the level of water pooled in 

moulins.  
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changes in water level, which were constrained relative to the ice surface (where 

possible) by manually taking measurements at times when the water level was 

extremely high. At L7, the water entered into a relatively narrow opening, meaning 

the water level would have to rise all the way to the glacier surface before becoming 

visible. This did not occur during any of the visits to this site, and so the absolute 

water level at L7 could not be constrained. 

Hobo instruments have the advantage of being self contained, meaning that they do 

not require a lengthy (and expensive) cable linking them to a logger and power supply 

on the glacier surface (Figure 3.8). The disadvantage of this set up however is that the 

sensor must be retrieved before the data can be collected. This proved problematic at 

times. The cord to which the L1 unit was attached became frozen in to the moulin 

wall during early May, and was eventually freed by abseiling into the moulin on 15 

May, revealing the sensor to be only ~ 13 m below the ice surface. At L4, the unit was 

downloaded on 19 June, beyond which point it also became frozen in place. This unit 

was also eventually retrieved by abseiling into the moulin (to a much greater depth 

than at L1), on 17 August (Figure 3.9). This time the unit had been washed laterally 

Figure 3.9. Retrieving the pressure transducer from moulin L4, 17 August 2010. Photograph: 

Andrew Sole. 
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from the main shaft of the moulin into a narrow fissure, where it appeared to have 

become sealed into the glacier by ice deformation. Unfortunately the logger was 

found to be damaged, containing no data when returned to the ice surface. The unit at 

L7 was last downloaded on 9 June, only 9 days after deployment, after which point it 

also became frozen in place. Unlike at L1 and L4, this moulin did not form a wide 

vertical shaft, instead entering the ice through a relatively narrow opening. Because of 

this, combined with the distance from the ice margin and the lack of success at L4, it 

was decided not to attempt to retrieve the unit, and it remains in the glacier. 

3.2.5 Dye tracing 

Water can be observed entering moulins and emerging at the portal, but the passage of 

this water beneath the glacier cannot be charted even with state-of-the-art geophysical 

techniques. Dye tracing cannot directly reveal the course of this passage beneath the 

ice, but it does allow inputs to and outputs from the en/subglacial drainage system to 

be connected. At the simplest level, this can be used to demonstrate the linkages 

between individual moulins and portals. Beyond this though, it can provide valuable 

insight into the morphology of the drainage system through which it has passed (e.g. 

Hock and Hooke, 1993; Nienow et al., 1998; Seaberg et al., 1988). This is achieved 

primarily by examining the velocity at which the dye passes through the glacier, and 

the degree and manner of dispersal of the dye cloud as it makes this passage. 

Fluorescent dye was injected into moulins L1-14 at intervals throughout the 2010 melt 

season (Figure 3.6). Rhodamine B powder, being relatively light, was generally used 

for injections for which the dye had to be carried long distances (injections into L4 

and L7). This powder was however difficult to deploy due to its fine particle size 

which becomes easily airborne, and so rhodamine-WT solution was used for the 

nearer moulins (L1 and L2), as well as L14, which was visited by helicopter. Besides 

ease of deployment, the main difference between the two forms of dye is that 

rhodamine B is more susceptible to adsorption onto suspended sediments than 

rhodamine WT (Smart and Laidlaw, 1977). This affects primarily the percentage of 

the injected dye that is detected in the proglacial river. This is sometimes used as an 

indicator of drainage morphology (e.g. Willis et al., 1990), but was not examined for 

tracing experiments at Leverett Glacier. As such, there should be no difference 

between the results generated by these two forms of dye that is significant to this 

study. 
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Dye was detected in the proglacial river using a Turner Designs CYCLOPS-7 

submersible fluorometer in conjunction with a Campbell CR800 datalogger, which 

was placed approximately 1.5 km downstream from the portal (Figure 3.1). This site 

was chosen because it provided a stable section of bedrock bank on which to attach 

the fluorometer, and because it was easily accessible from the camp, allowing for 

regular checks. Closer to the glacier, the river bank was obstructed by a substantial 

cliff, while the portal itself was surrounded by unstable rock and ice cliffs and 

required a lengthy and dangerous approach (Figure 3.2). The fluorometer recorded the 

fluorescence of the river water at 5 second intervals, with the mean value stored every 

minute. This was converted through field calibration of the fluorometer to produce 

‘dye breakthrough curves’ (showing the concentration of dye in the river over time) 

for each tracing experiment. These curves were then analysed to examine the flow 

velocity and dispersion of the dye cloud, from which inferences about en/subglacial 

drainage conditions can be made. Greater detail on the analysis of these dye 

breakthrough curves is given in Chapter 4. 

In total, 70 dye injections were made into moulins L1-14 during the 2010 melt season. 

Of these, 53 were detected by the fluorometer. There were three main causes of 

unsuccessful experiments. Firstly, too little dye may have been used. To limit costs, 

no more dye was used than was necessary to get a clear signal, but this quantity had to 

be estimated prior to each experiment based on discharge and likely dispersal. If too 

little dye was used, the signal could not be detected. Secondly, the suspended 

sediment fluoresced at a wavelength detectable by the fluorometer. This produced a 

background signal that was removed during processing. If however the sediment 

concentration was fluctuating rapidly, as happened on occasion, it became difficult to 

discern the characteristic dye breakthrough curve from the fluctuating background. 

Thirdly, the fluorometer proved highly sensitive to environmental conditions. If the 

sensor was located too close to the surface or bed of the river, or if sediment settled 

inside the protective cap, it would not function properly. There was insufficient 

manpower to both inject the dye and watch the fluorometer, and while the sensor was 

checked prior to each injection, conditions in the river changed frequently. This was 

particularly an issue early in the season, when the river was shallow and choked with 

ice. 
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Dye injections were repeated at individual moulins on timescales ranging from a few 

hours to a few weeks. The majority of injections were undertaken between 1100 and 

1800 hours, which constituted the period of peak melt on diurnal timescales. Dye 

injections were undertaken during this period to emphasise seasonal trends over 

diurnal variation (Nienow et al., 1996; Schuler et al., 2004; Schuler and Fischer, 2009; 

Werder et al., 2010). Although it would have been preferable to undertake injections 

at the same time on each day, the complications of undertaking a multi-component 

field campaign made this impractical. Furthermore, the diurnal melt cycle varies from 

day to day depending on weather conditions, and so undertaking injections at exactly 

the same time each day would not guarantee identical supraglacial conditions between 

injections. 

3.3 Proglacial hydrology 

Meltwaters drain from Leverett Glacier through a single major proglacial river 

(Figures 3.1 and 3.2). A substantial depression of the ice surface, visible in the field 

and on topographic maps, extends for several kilometres up-glacier from the portal, 

Figure 3.10. The bedrock canyon ~2.2 km downstream of Leverett Glacier, 26 June 2010.  
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indicating that the river continues beneath the ice as a major subglacial channel 

(Figures 3.1, 3.2 and 3.3). The proglacial river is a convenient place to monitor 

system-wide runoff, but its value as a focus of research goes beyond this. As the water 

passes through a glacier’s drainage system, its physical and chemical properties are 

modified (Hubbard and Nienow, 1997). As such, careful examination of the proglacial 

hydrology can provide insights into those parts of the drainage system that remain 

inaccessible. 

3.3.1 Proglacial discharge 

Water exits Leverett Glacier through one major portal located at the northern end of 

the glacier terminus (Figures 3.1 and 3.2). This river drains for ~ 2.2 km in a single 

channel before entering a stable bedrock canyon (Figures 3.1 and 3.10). Stage was 

recorded at the entrance to this canyon, using both a Druck pressure transducer and a 

temperature corrected Campbell Scientific SR50A UDG in conjunction with a 

Campbell Scientific CR1000 datalogger (Figure 3.11). Stage was monitored using two 

sensors to maintain continuity in the record at times when one of the sensors was not 

functioning. This was particularly important as the stage fluctuated rapidly at sub-

diurnal timescales, with a tendency to drop below the range of the sensors (or threaten 

Figure 3.11. Temperature corrected UDG used for monitoring stage at the gauging station. The 

pressure transducer and turbidity sensor are located on the metal bars visible beyond the 

horizontal UDG arm. 
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to submerge the logger). Although the bed of the river was exposed at the start of the 

melt seasons, the pressure transducer could not be left in the deep section of the 

channel due to the damage that would be caused by bedload attrition. The sensors 

were therefore moved up and down the bank between a series of bolted locations as 

the river level rose and fell. 

Stage was converted to discharge using 29 dye dilution gauging experiments, 

undertaken across the full range of stages (Figure 3.12). To do this, a known volume 

of rhodamine WT was injected into the river, and recorded using the fluorometer at a 

location ~ 400 m downstream. The concentration of dye recorded at this site allows 

the dilution, and hence discharge, to be calculated (Hubbard and Glasser, 2005). This 

method relies on the dye being fully mixed across the channel, which was ensured by 

allowing the dye to pass down the highly turbulent canyon (Figure 3.10). This was 

tested by undertaking dye injections from opposite banks of the river in quick 

succession, producing negligible differences in dye concentration and area ‘under the 

curve’ at the sample site. Discussion of the uncertainties in discharge measurements is 

given in Chapter 5. 

Figure 3.12. Stage-discharge rating curves for the proglacial river. The power law fit was used 

for the derivation of discharge values used in this thesis. From Bartholomew (2012), their Figure 

5.6. 
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3.3.2 Suspended sediment concentration 

Meltwater draining beneath glaciers and ice sheets entrains sediment, which is 

transported out of the system via the proglacial river. The concentration of sediment 

in the river waters is dependent on both the supply of erodible material (which in part 

reflects the areal coverage of the drainage system) and the erosive capacity of the 

subglacial drainage system (Alley et al., 1997). This sediment concentration is 

therefore influenced by the morphology of the drainage system. To this end, 

variations in sediment concentration have been interpreted as indicators of evolving 

subglacial drainage morphology (e.g. Bartholomew et al., 2011b; Collins, 1979; 

Fountain, 1992; Humphrey et al., 1986). 

As well as providing information on drainage system morphology, the proglacial 

sediment flux has been used to examine the rate of subglacial erosion, which is 

extremely difficult to monitor in-situ (given the mass of overlying ice) (Hallet et al., 

1996). Former glacier and ice sheet beds show clear evidence of erosion, but it is 

difficult to know both the depth of material eroded and timeframe over which this 

Figure 3.13. Calibration of the turbidity sensor for suspended sediment concentration using 

samples collected in the field. 
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erosion took place. Because of this, estimates of erosion by palaeo ice masses are 

often based on the volume of material deposited around the former ice margin (Bell 

and Laine, 1985; Hay et al., 1989). Studying the sediment flux in proglacial rivers 

applies this same principle to the present day, by allowing the quantification of eroded 

material as it is removed from the catchment (Hallet et al., 1996). Given an adequate 

supply of surface meltwater, subglacial drainage channels are expected to transport a 

far greater volume of debris to the ice margin than is moved through entrainment in 

basal ice (Alley et al., 1997). The bed load of proglacial rivers is difficult to measure 

(Bogen and Bonsnes, 2003), and unfeasible for rivers as large as that at Leverett 

Glacier, but suspended sediment concentration (SSC) is comparatively easy to 

monitor. The measurement of SSC therefore provides an achievable way in which to 

assess the erosion rate within a glacial catchment (e.g. Bogen, 1996; Collins, 1979; 

Hallet et al., 1996; Riihimaki et al., 2005). 

Turbidity in the Leverett proglacial river was recorded at 5 minute intervals using a 

Partech IR15C turbidity sensor in conjunction with a Campbell Scientific CR1000 

datalogger. This was calibrated with 80 samples collected during the 2009 and 2010 

melt seasons using a USDH-48 sampler (R
2
 = 0.85) (Figures 3.11 and 3.13). Samples 

were filtered through 0.45 �m papers, which were dried and weighed in the 

laboratory. To examine the potential influence of the ~ 2.2 km proglacial channel 

between the glacier portal and sampling site (Figure 3.1) on the observed sediment 

flux, a second turbidity sensor was placed at the portal between 11
th

 July and 16
th

 

August 2010 (Figure 3.14). The record produced by this sensor was extremely similar 

to that at the main gauging site (r = 0.98), demonstrating that erosion and deposition, 

Figure 3.14. Comparison of suspended sediment records collected (a.) at the portal and (b.) at the 

gauging site during July and August 2010. Gauging site values are lagged by 15 minutes. 
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or storage and release of sediment, in this section of the proglacial area does not have 

a significant impact upon the sediment budget of the river over the timescales of this 

study. 
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It has been hypothesised (Bartholomew et al., 2010; Bartholomew et al., 2011a; 

Hoffman et al., 2011; Schoof, 2010; Sole et al., 2011; Sundal et al., 2011) that the 

subglacial drainage system of the Greenland Ice Sheet undergoes a seasonal increase 

in efficiency, which may take the form of an evolution from a primarily distributed to 

channelised morphology. This hypothesis is based principally on seasonal ice velocity 

trends, interpreted with the aid of conceptual relationships between hydrology and ice 

dynamics developed at alpine glaciers (Kamb, 1987; Mair et al., 2002). In this 

chapter, we seek to test this hypothesis by undertaking an intensive study of the 

drainage system of the lower 14 km of Leverett Glacier. The purpose of this is to 
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develop an improved understanding of the drainage system morphology of the glacier, 

independent of ice velocity observations. This will provide a more robust basis on 

which to then examine and interpret the impact of glacier hydrology on the wider 

glacial system, with a particular focus on subglacial erosion (Chapter 5) and ice 

dynamics (Chapters 6 to 8). 
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4.1 Abstract 

The influence of meltwater on the dynamics and geomorphic impact of the Greenland 

Ice Sheet is strongly controlled by the morphology of the ice sheet’s drainage system. 

However this system, and its evolution through the melt season, remains poorly 

understood. Here we present the results of an intensive programme of dye tracing 

experiments undertaken along the lower 14 km of a land-terminating Greenland outlet 

glacier over a period of four months during the 2010 melt season. These data are 

interpreted in conjunction with observations of proglacial discharge, englacial water 

storage, surface melt rates and ice velocity to produce a detailed picture of the 

changing hydrology of the glacier. Following the onset of melt in the spring, inputs to 

the drainage system regularly exceed outputs, causing the englacial water level to rise 

to the ice sheet surface. During this time there is a rapid transition from distributed to 

channelised drainage in those parts of the drainage system closed by ice deformation 

over winter. As the melt season progresses, channel efficiency increases and englacial 

storage and ice velocity decrease. High velocity events continue to be observed 

following the channelisation of the drainage system however, indicating that 

hydrological forcing of ice velocity occurs despite the existence of channels during 

periods when meltwater inputs exceed the capacity of the subglacial drainage system. 

4.2 Introduction 

During the summer months, meltwaters drain from the surface to the bed of the 

Greenland Ice Sheet, flowing to the ice margin along subglacial pathways 

(Bartholomew et al., 2011a; Das et al., 2008). Surface meltwaters are thought to drain 

subglacially for distances of greater than 80 km (Bartholomew et al., 2011b), and the 

outflow of water from subglacial drainage systems is observed at numerous locations 

around the ice sheet margin (Lewis and Smith, 2009). The subglacial drainage of 

surface meltwaters is well documented at alpine and polythermal High Arctic glaciers 

(Bingham et al., 2005; Hubbard and Nienow, 1997), where it is recognised as a 

critical control on ice dynamics and glacial geomorphology (Iken and Bindschadler, 

1986; Swift et al., 2002). The scale of this process has only been recognised in 

Greenland during the last decade however (Zwally et al., 2002), and as such there 

remains much to understand about its implications in an ice sheet context. 
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One of the key findings from hydrological research at alpine glaciers is that the 

morphology of the subglacial drainage system evolves in response to changing 

meltwater inputs over the course of the melt season (Fountain and Walder, 1998; 

Nienow et al., 1998). Throughout the winter, drainage occurs through a mostly 

inefficient, distributed drainage system, such as that characterised by a network of 

linked cavities (Lliboutry, 1968; Walder and Hallet, 1979). As the input of meltwater 

from the glacier surface increases, this forces the formation of a network of efficient 

subglacial channels (Kamb, 1987; Röthlisberger and Lang, 1987). The cross sectional 

area of these channels then adjusts to accommodate variations in meltwater input as 

the melt season progresses (Röthlisberger and Lang, 1987). 

Understanding this evolution in drainage system morphology is crucial because it 

controls the relationship between runoff, basal water pressure and, consequently, ice 

velocity (Kamb, 1987; Schoof, 2010). As drainage efficiency increases, so greater 

volumes of water can be transported at lower pressure, preventing a simple correlation 

between runoff and ice velocity (e.g. Bartholomew et al., 2010; Mair et al., 2002). 

Furthermore, when the drainage system is fully adjusted to the input of meltwater (i.e. 

in a steady-state), water pressure is expected to increase with discharge in a 

distributed drainage system but decrease with discharge in a channelised drainage 

system (Kamb, 1987; Röthlisberger and Lang, 1987; Schoof, 2010). As such, 

knowledge of how the morphology of the drainage system evolves is required to 

understand and model the relationship between melt and ice velocity in the ablation 

zone of the ice sheet (Pimentel and Flowers, 2011; Schoof, 2010). Additionally, 

drainage system morphology is thought to be a key control on the rate of subglacial 

erosion (Swift et al., 2002). The transport of sediments in subglacial channels is 

highly efficient (Alley et al., 1997), flushing out subglacial debris and thereby 

exposing fresh bedrock to the erosive power of the ice (Collins, 1979; Swift et al., 

2002). Knowledge of drainage system configuration is therefore also critical for 

assessing the geomorphic impacts of ice masses.  

In recent years, the alpine model of drainage system evolution has been increasingly 

employed to explain observations of glaciological processes in Greenland. In 

particular, the debate over the stability of land-terminating sectors of the ice sheet has 

focussed on whether increasing runoff is offset by increasing drainage efficiency, 

allowing subglacial water pressure, and hence ice velocity, to remain stable or even 
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fall in a warming climate (Bartholomew et al., 2010; Bartholomew et al., 2011b; 

Sundal et al., 2011; van de Wal et al., 2008). However, as direct observation of the 

subglacial drainage system of the ice sheet has not yet been achieved, it is difficult to 

test these hypotheses and so advance debate in these areas. 

Most knowledge concerning the hydrology of the Greenland Ice Sheet comes not 

from hydrological observation but rather is inferred from observations of ice 

dynamics. Ice velocities are in general greatest shortly after the onset of melting, then 

decline as the melt season progresses, indicating an increase in subglacial drainage 

 

Figure 4.1. a. Locations of Leverett hydrological catchment (dark grey shading) as derived from 

surface digital elevation model (contours in metres; Palmer et al., 2011); equilibrium line 

(dashed; van de Wal et al., 2008); Leverett Glacier (LG); and Russell Glacier (RG). Box demarks 

area expanded below. b. Landsat ETM+ image of lower ablation zone of Leverett Glacier 

annotated with ice surface contours in metres; locations of moulins L1-14 (circles); sites S1 

(monitoring of air temperature and surface lowering) and S2 (GPS station) (stars); fluorometer 

(square); gauging site (triangle); and glacier bed and surface elevation profile transect (dashed). 

Inset shows ice surface (solid line) and bed (dashed line) elevation profiles along this transect 

(Allen, 2010). Bars (not to scale) extending below the ice surface indicate the location of moulins 

L1-14; those extending above the ice surface denote S1 and S2. 
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efficiency in response to rising melt inputs (Bartholomew et al., 2010; Bartholomew 

et al., 2011b; Hoffman et al., 2011; Sundal et al., 2011). Some support for this 

interpretation has been gained through the study of meltwaters draining from the 

Greenland Ice Sheet (Bartholomew et al., 2011a; Bhatia et al., 2011). Variation in the 

discharge, electrical conductivity and sediment load of the proglacial river of Leverett 

Glacier, a land-terminating outlet glacier in west Greenland, indicated the seasonal 

expansion of a subglacial hydrological system draining surface meltwaters from an 

area of over 600 km
2
 of the ablation zone of the ice sheet (Bartholomew et al., 2011a). 

As the melt rate rose and the volume of meltwater entering this system increased, the 

extent of the channelised subglacial drainage system appeared to expand at the 

expense of the distributed system, allowing greater drainage efficiency beneath an 

increasing area of the ice sheet (Bartholomew et al., 2011a). However, because the 

proglacial river integrates meltwater characteristics from the entire catchment, it is 

difficult from this approach to determine the morphology of the drainage system 

beneath specific areas of the ice sheet at any time. This is important, as the drainage 

system morphology is likely to be spatially as well as temporally heterogeneous, 

comprising a mix of distributed and channelised drainage forms (Fountain, 1993a; 

Hock et al., 1999; Hubbard et al., 1995; Nienow et al., 1998; Willis et al., 1990). To 

improve our understanding of the drainage system of Greenland outlet glaciers, it is 

therefore necessary to determine drainage system morphology in a more spatially 

targeted manner. 

Here, we present the results of an intensive programme of dye tracing experiments 

undertaken with the aim of improving our existing understanding of subglacial 

hydrology inferred from studies of ice dynamics and proglacial  hydrology at Leverett 

Glacier (Bartholomew et al., 2010; Bartholomew et al., 2011a; Bartholomew et al., 

2011b; Bartholomew et al., 2012). By flushing dye into a supraglacial stream shortly 

before it enters a moulin, and monitoring the rate of its emergence at the portal, it is 

possible to deduce the mean characteristics of the drainage system through which it 

has passed. This method has played an important role in shaping our understanding of 

drainage system structure and evolution at alpine and High Arctic glaciers (e.g. 

Behrens et al., 1975; Bingham et al., 2005; Collins, 1982; Fountain, 1993b; Hock and 

Hooke, 1993; Hock et al., 1999; Nienow et al., 1998; Seaberg et al., 1988; Willis et 

al., 1990). We undertook regular dye tracing experiments from five different moulins 
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located along the lower 14 km of Leverett Glacier throughout the 2010 melt season in 

order to examine how the flow of water through the glacial drainage system changes 

with time and distance from the snout. Through this approach, we aim to provide the 

most detailed study to date of the structure and evolution of the drainage system in the 

lower ablation zone of the Greenland Ice Sheet. 

4.3 Field site 

Leverett Glacier (67º03’N, 50º07’W) is a land terminating outlet glacier on the 

western margin of the Greenland Ice Sheet (Figure 4.1). The glacier tongue extends ~ 

3.5 km from the bulk of the ice sheet but catchment modelling from ice surface 

topography, surface melt rates and proglacial discharge suggests it drains meltwaters 

from an area of greater than 600 km
2
, extending over 50 km from the ice margin 

(Bartholomew et al., 2011a; Palmer et al., 2011). These meltwaters exit Leverett 

Glacier from one major portal, located at the northern margin of the glacier terminus. 

A substantial depression of the ice surface, visible in the field and on topographic 

maps, indicates the existence of a large subglacial channel extending up-glacier from 

the portal for more than 2 km. While the thermal regime of the glacier has not been 

studied, it is assumed to be warm-based due to the widespread acceleration of ice 

velocity observed annually following the onset of the melt season  (Bartholomew et 

al., 2011b; Sundal et al., 2011). The internal temperature structure is not known, but it 

is possible that much of the glacier is comprised of cold ice, in keeping with other 

Greenland outlet glaciers (Iken et al., 1993). 

Name Feature Distance 

from 

portal 

(km) 

Altitude 

(m) 

Approximate 

ice thickness 

(m) 

Pressure 

transducer 

installed 

Pressure 

transducer 

last 

downloaded 

L1 

L2  

L4  

L7  

L14  

S1 

 

S2 

Moulin 

Moulin 

Moulin 

Moulin 

Moulin  

Temperature 

/ UDG 

GPS 

1.25 

1.55 

3.60 

6.60 

13.95 

2.10 

 

7.10 

385 

415 

470 

560 

713 

450 

 

620 

 

45 

45 

235 

405 

700 

45 

 

415 

1 May 

- 

25 May 

31 May 

- 

- 

 

- 

21 August 

- 

19 June 

9 June 

- 

- 

 

- 

Table 4.1. Locations referred to in the text. 
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Work was focussed on five moulins located between 1-14 km from the portal and 

named L1, L2, L4, L7 and L14 based on their approximate distance up-glacier (Figure 

4.1; Table 4.1). Where several moulins were found in close proximity, the largest was 

selected for tracer tests. The up-glacier extent of this study was limited by the 

increasing difficulty of access and volume of dye required for tracing experiments at 

greater distances from the ice margin. 

4.4 Methods 

4.4.1 Temperature and melt 

Air temperature was monitored throughout the year on Leverett Glacier at a site 2.1 

km up-glacier from the terminus at 450 m above sea level (S1, Figure 4.1). This was 

achieved using a shielded Campbell Scientific 107 temperature sensor fixed a 

minimum of 1.5 m above the ice surface and logged by a Campbell Scientific CR800 

datalogger. To measure ablation, a Campbell Scientific SR50A ultrasonic distance 

gauge (UDG) was fixed to a pole drilled into the glacier at this site which 

subsequently froze in place. The UDG, in conjunction with a Campbell Scientific 

CR800 datalogger, measured distance to the ice surface at 1 minute intervals, 

recording the mean value every 15 minutes. The difference between this distance at 

midnight on subsequent days was used to give a mean rate of glacier surface lowering 

for each day of the study period. As snow cover beneath the UDG was negligible (the 

maximum measured snow depth at this site during the study period was just 0.5 cm), 

no attempt was made to differentiate between snowmelt and icemelt. 

4.4.2 Discharge 

Stage was recorded at a stable bedrock section located ~ 2.2 km downstream of the 

portal (Figure 4.1), using a Druck pressure transducer in conjunction with a Campbell 

Scientific CR1000 datalogger. Monitoring commenced on 6 May and terminated on 

27 August 2010. Stage was converted to bulk discharge using a relationship derived 

from 29 dye dilution gauging experiments undertaken across the full range of stages. 

Uncertainty in the discharge values is estimated at ± 15 % (see Cowton et al. 2012 

(Chapter 5), Supplementary Material, for additional information on error estimates). 
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4.4.3 Moulin water levels 

Englacial water level was recorded at L1, L4 and L7 using Onset HOBO pressure 

transducers suspended on fixed lengths of cord (Table 4.1). The depth at which the 

pressure transducer could be suspended was in each case limited by the shape of the 

moulin, and was fixed at -13m at L1 and -38 m at L4 (relative to the ice sheet surface 

at the up-glacier lip of the moulin). The depth of the pressure transducer within L7 

could not be established because of the complex shape of this moulin. Because all 

three pressure transducers were fixed relatively close to the ice surface, water level 

could only be measured at times when the englacial water level was high. The 

Figure 4.2. a. Temperature (solid line) and surface melt rate (dashed line) recorded on Leverett 

Glacier at S1, 450 m above sea level; b. Bulk discharge, Q (solid line) and cumulative discharge 

Qcum (dashed line); c. Level of pooled water in i. L1, ii. L4 and iii. L7 (m), expressed relative to 

the height of the ice surface at the up-glacier moulin lip (L1 and L4) or relative to an arbitrary 

datum (L7). Shaded area indicates duration of record. Water pressure should equal ice-

overburden pressure when water level reaches approximately -4 m (L1), -19 m (L4) and -32 m 

(L7) relative to the ice surface (note that L7 water level is displayed relative to an arbitrary 

datum and not the ice surface); d. Mean daily ice velocity at S2. Vertical dashed lines indicate 

approximate points of transition between (from left to right) spring, early summer and late 

summer, as defined in Section 4.7.1. 
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pressure transducers at L4 and L7 became frozen in during June, hence the water level 

records from these moulins are of short duration relative to that at L1 (Table 4.1).  

4.4.4 Dye tracing 

Between 2 May and 19 August 2010, 43 successful dye tracing experiments were 

undertaken on Leverett Glacier during the period of peak daily supraglacial runoff 

(1100 hrs to 1800 hrs). Snow cover is limited on this lower 14 km of Leverett Glacier, 

with a pre- melt season snow depth of just 3 cm recorded in the vicinity of L14 on 27 

April. Snow remained in some hollows at the time of the first experiment (L1, 2 

May), but was otherwise absent at the time and location of dye injections. For each 

experiment, a known quantity of rhodamine-B or rhodamine-WT dye was flushed into 

the supraglacial stream immediately upstream of a moulin. Emergent dye was then 

monitored using a Turner Designs CYCLOPS-7 Submersible Fluorometer in 

conjunction with a Campbell Scientific CR800 datalogger, located in the proglacial 

river ~ 1.5 km downstream of the portal (Figure 4.1). This site was selected as it 

provided a stable and accessible section of bedrock riverbank on which to attach the 

fluorometer. Fluorescence was sampled every 5 seconds, with mean values stored at 1 

minute intervals. These were then converted to dye concentration based on field 

calibration of the fluorometer to produce dye breakthrough curves for each 

experiment, which were filtered to remove high frequency signal noise without 

distorting the phase or form of the curve. These curves were analysed to examine the 

rate at which dye had passed through the glacier, and the degree and nature of the 

dispersal of the dye cloud during this passage. To ease comparison, example dye 

breakthrough curves shown in this paper have been normalized such that their areas 

are equal, thus removing apparent differences due to the mass of injected dye or the 

proglacial discharge at the time of detection. 

4.4.5 Ice velocity 

Ice motion was monitored throughout the 2010 melt season using a dual-frequency 

Leica 500 series GPS receiver at a site located 7.1 km up-glacier from the terminus 

(S2, Figure 4.1), processed to give daily ice velocities as described by Bartholomew et 

al., (2011b). 
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4.5 Results 

4.5.1 Temperature and melt 

Temperature at S1 briefly rose above 0º C on several days during April (Figure 4.2a), 

causing some surface melting on the lower glacier. A series of three warm spells, 

interspersed with subzero temperatures, commenced on 1 May, which generated a 

corresponding series of spikes in melt rate. Between 21-26 May, temperatures at S1 

reached a peak of 12.7º C (not surpassed at this location until 2 September), and the 

seasonal peak melt rate of 13.75 cm d
-1

 was recorded. Temperature at S1 remained 

consistently above freezing between 18 May and 7 September.  

4.5.2 Discharge 

A small (discharge < 1 m
3 

s
-1

) proglacial stream existed upon arrival at the field site 

on 28 April. At this time the glacier surface was predominantly covered by a thin 

layer of snow, with small meltwater pools forming in some hollows. Discharge 

exceeded 1 m
3 

s
-1

 for the first time on 8 May, and rose rapidly to an initial spike of 

over 50 m
3 

s
-1

 on 11 May (Figure 4.2b). This was followed by a period of freezing 

temperatures (Figure 4.2a), with discharge remaining below 15 m
3 

s
-1

 between 16 and 

22 May. Discharge then rose in a stepwise manner over a 40 day period, reaching a 

value of ~ 340 m
3 

s
-1

 on 1 July. The end of June marked a change from a trend of 

rising discharge to a period of relatively consistent mean daily discharge (~ 300 m
3 

s
-

1
) with large diurnal cycles (amplitude ~ 30 – 40 m

3 
s

-1
). The seasonal maximum of ~ 

400 m
3 

s
-1

 was reached on 30 July, and followed by a general decline until the record 

Figure 4.3. Detail for period of commencement of melt on lower glacier, showing L1 water level 

(solid line) and melt rate at S1 (dashed line). 



 64 

ended at ~ 230 m
3 

s
-1

 on 27 August. Cumulative discharge over the monitoring period 

between 6 May and 27 August was 1.9 x 10
9
 m

3
. 

4.5.3 Moulin water levels 

All three monitored moulins exhibited substantial variations in water level over 

diurnal cycles, at times exceeding the local flotation level (Figure 4.2c). The relative 

magnitude of the spikes in water level recorded at the three moulins reflects in part the 

depth of the pressure transducer below the ice surface, as the lower range of the water 

level fluctuations are lost below the levels of the sensors. 

L1 showed three periods of high and variable moulin water level during May, with 

water backing up and pooling on the ice surface on 2, 3, 7, 8 and 9 May (Figure 4.3). 

Water level at L4 reached increasingly high levels from sensor deployment on 25 May 

to 1 June (Figure 4.2cii). Water level then appeared to drop abruptly to below the 

level of the sensor (< -38 m) on 3 June. As the sensor was not downloaded until 12 

June, we cannot be certain whether this represents an actual drop in water level, or a 

sensor malfunction (for example, the pressure transducer becoming plugged with ice). 

There was one further small spike on 16 June, after which the sensor became frozen 

within the moulin, making it impossible to retrieve the data. L7 showed five spikes in 

water pressure between sensor deployment on 31
 
May and 6 June (Figure 4.2ciii), 

after which it also became irretrievably frozen. 

Figure 4.4. Relationship between discharge and velocity in the proglacial river between the portal 

and the fluorometer. 
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4.5.4 Flow velocity 

Flow velocity through the en/subglacial drainage system was calculated for each 

tracing experiment by dividing the straight line distance from the moulin to the portal 

by the time taken for the dye to travel through the glacier (e.g. Seaberg et al., 1988; 

Willis et al., 1990). Total travel time was taken as the time between dye injection and 

the peak of the dye breakthrough curve; to obtain the en/subglacial travel time, it was 

necessary to remove the time taken for the proglacial section of the journey from the 

portal to the fluorometer (Hock and Hooke, 1993). This was estimated for each 

experiment using a linear velocity-discharge relationship for the proglacial river (R
2
 = 

0.93), produced using velocities obtained from 25 river dye traces conducted during 

the 2010 melt season over a 1-1.5 km reach of the proglacial river upstream of the 

fluorometer (Figure 4.4). 

The lowest flow velocities were obtained from the earliest dye tracing experiments, 

with the three injections at L1 and L2 between 2 May and 16 May generating values 

Figure 4.5. Values derived from dye tracing experiments at L1 (black circles) and L2 (grey 

circles). a. Flow velocity, um; b. Modelled distributed component of drainage system, xd; c. 

Dispersivity, d; d. Storage-retardation index, SR. Vertical dashed lines indicate approximate 

points of transition between (from left to right) spring, early summer and late summer, as 

defined in Section 4.7.1. 
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in the range of 0.04 – 0.12 m s
-1

 (Figure 4.5a and 4.6a). There was then a general 

increase in flow velocity from all moulins during the rising limb of the hydrograph up 

to July 1, although flow velocity from L1 peaked on 27 May at 1.49 m s
-1

. Prior to 27 

May the range of flow velocities observed from all moulins was 0.04 – 0.30 m s
-1

, 

whereas beyond this date all flow velocities fell in the range of 0.32 – 1.49 m s
-1

. 

Scarcity of tests from L14 prevents the examination of temporal trends in flow 

velocity from this moulin, but the available values are consistent with those from L4 

and L7. There is no obvious spatial trend in flow velocity, with L2 producing the 

lowest values and L1, L4 and L7 all generating the highest values over a given period 

of the season. 

4.5.5 Dispersion 

Dye breakthrough curves from each experiment are given in the Supplementary 

Material (Section 4.9), with a smaller number of examples shown in Figure 4.7. With 

Figure 4.6. Values derived from dye tracing experiments at L4 (black circles), L7 (grey circles) 

and L14 (open circles). a. Flow velocity, um; b. Modelled distributed component of drainage 

system, xd; c. Dispersivity, d; d. Storage-retardation index, SR. Vertical dashed lines indicate 

approximate points of transition between (from left to right) spring, early summer and late 

summer, as defined in Section 4.7.1. Note that the scales on the vertical axes differ from those 

used in Fig. 4.5.  
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the exception of the experiments at L1 on 2 May and L2 on 16 May (Figure 4.7b), all 

curves exhibited only one peak, and most displayed a characteristically asymmetric 

smooth form (Fountain, 1993b; Seaberg et al., 1988; Willis et al., 1990) with the 

falling limb of dye concentration showing varying degrees of elongation relative to 

the rising limb (Figure 4.7a). There was however a strong seasonal evolution of 

breakthrough curve form, with curves becoming more peaked and symmetrical as 

discharge increased (Figure 4.7a). 

4.5.6 Ice velocity 

Mean ice velocity at S2 between 1 May and 1 September was 155 m a
-1

 (Figure 4.2d). 

Ice velocity exceeded 300 m a
-1

 during four high velocity events in May and June, 

Figure 4.7. Observed dye breakthrough curves. Date of injection given on figure. a. Examples of 

smooth curves from injections at L7; b. Irregular curves from injections at L1 and L2. c. 

Irregular curve from injection at L4 on 4 June. Dye concentration has been normalized to 

equalize the area under the observed breakthrough curves. All breakthrough curves can be seen 

in the Supplementary Material (Section 4.9). 
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with a maximum of 474 m a
-1

 recorded on 22 May, but remained comparatively low 

and stable during July and August. 

4.6 Interpretation 

4.6.1 Moulin water level  

Moulin water levels became less sensitive to supraglacial melt input (as inferred from 

surface melt rates) as the season progressed. This is clearest at L1, where the water 

level record is most complete (Figure 4.3). During the period of surface melting 

between 1-5 May, the water level in the moulin rose as high as the glacier surface, 

demonstrating that the drainage system was unable to discharge water at the rate it 

entered the moulin. Melting then ceased on the 6-7 May and there was a net drainage 

of water out of the moulin. During the next period of melting (8-12 May), day time 

water level initially reached the glacier surface but then began to decline in spite of 

rising melt rates. There was a further short period of freezing conditions during which 

water level remained below the level of the sensor, then melting recommenced and 

the englacial water level rose once again. However, despite the high melt rates during 

this period, the water level soon fell again and was not recorded at the level of the 

sensor after 22 May. 

From this sequence, it is apparent that the efficiency of the drainage system increased 

in response to increased meltwater input. The rise in efficiency was not instantaneous 

however, causing an imbalance between discharge into and out of the englacial 

system, and a corresponding increase in englacially stored water, at times when the 

amount of surface runoff was increasing. Similarly, the available data from L4 and L7 

show that moulin water levels were high and variable during the early part of the melt 

season. The data are limited however by their patchiness (due to both the tendency of 

the water level to drop below the level of the sensor and the freezing in place of the 

sensors) and the method’s inability to inform us as to the structure of the underlying 

subglacial drainage system. A more detailed and complete picture of drainage system 

structure and evolution can be obtained by examining the results of the dye tracing 

experiments. 

4.6.2 Flow velocity 

Flow velocity increased at all moulins (Figure 4.5a and 4.6a) as discharge rose 

through May and June (Figure 4.2b). Traditionally, increases in drainage system 
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efficiency on a seasonal timescale have been viewed in terms of a transition from a 

predominantly distributed to predominantly channelised drainage system (e.g. 

Fountain and Walder, 1998; Hubbard and Nienow, 1997). The transition between 

these systems, and the subsequent impact on subglacial water pressures, has formed 

the core of the debate surrounding the relationship between runoff and ice velocity in 

the ablation zone of the Greenland Ice Sheet (Bartholomew et al., 2011b; Sundal et 

al., 2011). Because flow in channelised systems is expected to occur at velocities 1-2 

orders of magnitude greater than in distributed systems (Nienow et al., 1998), analysis 

of the dye flow velocities allows us to examine whether a transition between these 

two systems is observed within the dye tracing data from Leverett Glacier. In doing 

so, we seek to differentiate between variation in flow velocity caused by a transition 

between two distinct drainage morphologies and that which results from temporal 

variation in the morphology and drainage conditions of fully channelised pathways 

(Nienow et al., 1996). 

Flow velocity represents an average of conditions between the moulin and portal, 

which may comprise sections of distributed and channelised drainage pathway 

(Fountain, 1993; Nienow et al., 1998). If characteristic velocities are presented for 

channelised and distributed flow, then it is possible to calculate the relative 

proportions of these two systems required to produce the observed values of mean 

flow velocity. This is given from 

 

 

(4.1) 

(Willis et al., 1990, from their Equation 22) where x is the straight line distance from 

the moulin to the portal, xd is the length of the distributed component of the flow path, 

uc is the mean flow velocity in channelised systems, ud is the mean flow velocity in 

distributed systems, and um is the overall mean flow velocity. Following Nienow and 

others (1998), ud  was estimated at 0.025ms
-1

, based on the results of tracer studies at 

the Haut Glacier d’Arolla (Nienow et al., 1998), Midtdalsbreen (Willis et al., 1990) 

and Variegated Glacier (Kamb, 1987). uc is likely to vary through the season as 

channel cross section, roughness and pressure fluctuates (Gulley et al., 2012; Nienow 

et al., 1996; Werder et al., 2010). To examine the impact of this on the outcome of 

Equation 4.1, xd was calculated twice for each tracing experiment. Firstly, uc was kept 
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constant at a typical proglacial channel velocity of 2 m s
-1

 (Figure 4.4). For the second 

calculation, uc was assumed on each occasion to be equal to the velocity of the 

proglacial river at its concurrent discharge (calculated from the velocity-discharge 

relationship described in Section 4.5.4 and Figure 4.4), in order to simulate a seasonal 

increase in subglacial channel velocity as discharge increased. The results proved to 

be insensitive to the selection of uc, with the two calculations producing values of xd 

that varied by less that 2 % for each dye tracing experiment (Supplementary 

Material). As such, only the results produced using a constant uc are shown in Figure 

4.5b and 4.6b. 

While Equation 4.1 is insensitive to the choice of uc, substantial uncertainty remains in 

the calculation of xd, in particular due to the likely underestimation of x (which does 

not account for the sinuosity of the flow path) and because ud is only an approximate 

velocity for flow through distributed systems (Nienow et al., 1998). As such, the 

absolute values of xd shown in Figure 4.5b and 4.6b should be treated cautiously. The 

only indication of drainage at velocities representative of a distributed drainage 

system comes from the very earliest tracing experiments, which were undertaken at 

L1 (2 May) and L2 (8 and 16 May) (Figure 4.5b). It is possible therefore that these 

experiments were undertaken prior to the formation of channels linking these moulins 

with the portal, with drainage partly occurring through a system closed up due to ice 

deformation over winter. 

xd remained small and relatively constant at all sites from late May onwards, with the 

initial drop from ~ 6 to 2 % at L4 insignificant relative to the decline in xd following 

the first experiments at L1 and L2 (Figures 4.5b and 4.6b). Given the uncertainties, 

these values are not significantly different from zero. This suggests that 

channelisation of the drainage system along this lower 14 km of the glacier was 

complete within at most 4 weeks of the onset of melting. At this time, discharge was ~ 

100 m
3 

s
-1

, a quarter of its peak value in late July, while cumulative discharge was at 

only ~ 5 % of the total seasonal flux. It is likely that variation in velocity beyond this 

point reflects a combination of factors which influence the rate of flow through 

channelised drainage systems, including channel roughness, pressure and supraglacial 

input at the time of dye injection (Nienow et al., 1996; Schuler et al., 2004; Schuler 

and Fischer, 2009; Werder et al., 2010), rather than a transition between distributed 

and channelised drainage morphologies. 
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4.6.3 Dispersion 

As discharge and flow velocity increased through May and June, the dispersion of the 

dye cloud between injection and detection decreased, resulting in more peaked dye 

breakthrough curves (Figure 4.7a). This is interpreted as a function of increasing 

system efficiency – as the dye is rapidly transported through a relatively simple 

channel network, there is less time for the cloud to be dispersed, and fewer obstacles 

to cause this dispersion (Seaberg et al., 1988). More information on drainage system 

structure and conditions can be obtained from a more detailed analysis of the form of 

the dye breakthrough curves.  

4.6.3.1  Irregular breakthrough curves 

If dye passes along a drainage system in which flow paths diverge and reconverge, 

then multiple peaks or irregularities may be found in the dye breakthrough curve. Of 

the 43 dye tracing experiments undertaken, only the first experiment from L1 (2 May) 

and second experiment from L2 (16 May) produced multiple peaks. On both 

occasions there is a clear initial peak, followed by a period of lower, fluctuating dye 

concentration (Figure 4.7b). Additionally, the breakthrough curve from L4 on 4 June 

has only one peak, but exhibits an obvious shoulder on the rising limb of dye 

concentration (Fig 7c). The form of these curves suggests that at this time there was a 

preferred, more rapid drainage pathway, but that some dye was diverted down 

anabranching slower routes (Seaberg et al., 1988), indicating structural inefficiencies 

existed in the early season drainage system that disappeared as discharge rose. 

4.6.3.2  Dispersivity 

Dispersion of the dye cloud is promoted by a range of morphological factors, 

including high degrees of braiding, sinuosity and roughness (Gulley et al., 2012; 

Seaberg et al., 1988). Very high dispersion rates have therefore been interpreted as 

indicative of flow through a distributed system (Bingham et al., 2005; Nienow et al., 

1998), but these morphological factors remain relevant controls on dispersion in a 

channelised system (Gulley et al., 2012; Hock and Hooke, 1993; Seaberg et al., 1988). 

Dispersion also occurs in the englacial drainage system, with englacially stored water 

increasing the dispersion of the dye cloud (Fountain, 1993; Schuler et al., 2004). 

Higher rates of dispersion are therefore associated with less efficient drainage 

morphologies and conditions. It is not easy however to distinguish between these 
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processes, with the dispersion at any time reflecting a combination of factors (Schuler 

et al., 2004). 

In glacial systems, dispersion is often examined in the form of dispersivity (d = D / 

um), which describes the relationship between the rate at which dye is dispersed (D) 

and the rate at which it is advected through the glacier (um), with higher dispersivities 

indicative of lower drainage efficiency (Fischer, 1968; Seaberg et al., 1988). D is the 

dispersion coefficient, which describes the rate at which the dye cloud is dispersed. 

The dispersion coefficient can be calculated by fitting a one-dimensional advection-

dispersion model to a dye breakthrough curve (Schuler et al., 2004; Willis et al., 

2009)  
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where c is the concentration of dye passing a fixed point downstream of the injection 

site at time t, V is the volume of injected dye, x is the distance in the along flow 

direction, Q is discharge and other symbols are as defined above (Behrens et al., 1975; 

Brugman, 1986; Schuler et al., 2004; Seaberg et al., 1988; Willis et al., 1990). This 

model does not account for the process of storage-retardation, whereby dye is 

temporarily stored then re-released back into the main flow (Schuler et al., 2004; 

2009; Willis et al., 1990). This process causes the breakthrough curve, and 

particularly the falling limb of dye concentration, to become more elongated. As such, 

only the rising limb was considered when optimising the fit between the observed and 

modelled breakthrough curves (Schuler et al., 2004; Willis et al., 2009), adjusting u 

and V such that the magnitude and timing of the modelled curve was in agreement 

with observations, and adjusting D to minimise error between the two rising limbs 

(Figure 4.8 and Supplementary Material).  

Dispersivity is plotted for all experiments in Figure 4.5c and Figure 4.6c, with the 

exception of the experiment at L4 on 4 June, where the irregular form of the rising 

limb makes this method of calculation inappropriate (Figure 4.7c). The low and stable 

values of dispersivity displayed for experiments from all moulins during July and 

August indicate that there was little change in the form of the drainage system during 

this period. During May and June however the records from each moulin show a trend 
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of declining dispersivity, most notably at L4 and L7. This demonstrates that some 

process was occurring during these early experiments to cause the dye cloud to be 

dispersed more rapidly than would be expected in an efficient channel at the observed 

flow velocities. The effects of this process appear to decline as the season progresses, 

stabilising at the lower four moulins by the end of June. 

4.6.3.3  Storage-retardation 

Because the model is fitted only to the rising limb of the breakthrough curve, there is 

often a poor agreement between the falling limbs of the observed and modelled curves 

(Figure 4.8), which is attributed primarily to the process of storage-retardation 

(Schuler et al., 2004; Willis et al., 1990). As such, the agreement between the entirety 

of the observed and modelled breakthrough curves can be used as an indication of the 

importance of storage-retardation as a dispersive process (Brugman, 1986; Willis et 

al., 2009). The percentage of the area under each observed curve that was not 

explained by the equivalent modelled curve was therefore taken as a storage-

retardation index, SR, with greater values indicating a greater importance of storage-

retardation. 

SR is shown in Figure 4.5d and 4.6d. For experiments where the detected dye 

concentration was low and the duration of the dye breakthrough curve brief, the form 

of the curve was distorted by noise in the fluorometer signal, leading to large 

uncertainties in storage-retardation. This is particularly problematic for the results 

Figure 4.8. Examples of observed (solid lines) and modelled (dashed lines) dye breakthrough 

curves. a. L7 31 May. b. L7 4 July. Dye concentration has been normalized to equalize the area 

under the observed breakthrough curves. All breakthrough curves can be seen in the 

Supplementary Material (Section 4.9). 
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from L1 and L2, where minimal volumes of dye were used to limit costs, and 

probably explains the scatter of values shown in Figure 4.5d. A clearer trend is visible 

at the upper three moulins (Figure 4.6d), with storage-retardation declining during the 

first half of June before remaining comparatively low and stable during July and 

August. 

4.6.3.4 Significance for drainage system 

The highest values of SR (> 60 %) are associated with the complex breakthrough 

curves obtained during the early experiments undertaken at L1 and L2 (Figure 4.5d 

and Figure 4.7b), where flow divergence increases the difference between the 

observed and modelled curves. With the exception of these, and particularly at the 

upper three moulins where the scatter in SR is reduced, there is good agreement 

between the seasonal trends in dispersivity and storage-retardation (Figure 4.5c-d and 

Figure 4.6c-d). Both parameters showed a general decline over time until stabilising 

during late June and July, and both were particularly high for the initial experiments at 

L4, L7 and L14 during late May and early June. This indicates that some process was 

acting early in the season to disperse the dye more rapidly than would be expected by 

flow along an efficient channel network. 

Three principal explanations can be offered for this. The first is that this trend 

represents the gradual expansion of the subglacial channel network at the expense of 

the distributed drainage system (Nienow et al., 1998). This seems unlikely however, 

as the high flow velocities observed from L4, L7 and L14 at the time of highest 

dispersivity and storage-retardation during late May and early June indicate that the 

drainage system was already fully channelised by this time (Figure 4.6). 

The second possibility is that this reflects an increase in efficiency in the subglacial 

channel system. Small channels are hydraulically rough compared to larger channels, 

and may be characterised by small scale braiding and sinuosity as water is diverted 

around obstacles in the bed (Gulley et al., 2012; Hock and Hooke, 1993; Seaberg et 

al., 1988). Although the bulk discharge of ~ 100 m
3 

s
-1

 during late May demonstrates 

that the principal subglacial channels were well developed by this point, tributary 

channels may have been sufficiently small for the bed to have exerted a large 

influence on flow. The sustained discharge of surface meltwaters through these 

channels as surface melt continued would cause the channel cross-sections to expand 
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(Röthlisberger and Lang, 1987), increasing drainage efficiency and so causing 

dispersivity and storage-retardation to decrease. Similarly, increasing flow depth due 

to rising discharge in an open channel would cause hydraulic roughness, and as such 

dispersivity and storage-retardation, to decrease  (Gulley et al., 2012). Open channel 

flow does not however seem likely to be the dominant drainage process beneath the 

glacier, as high and variable englacial water levels demonstrate pressurization of the 

drainage system early in the melt season (Figure 4.2c), and the reverse bed slope 

requires subglacial drainage to be pressurised from beyond ~ 3 km up-glacier (Figure 

4.1b). Although dispersion in the proglacial channel is likely to have declined as 

discharge rose, the highest dispersivities at the upper three moulins were recorded 

when dispersivity at the lower two moulins was low, demonstrating that the cause of 

the enhanced dispersion was located up-glacier and not in the proglacial environment. 

As such, if increasing channel efficiency is an important cause of decreasing 

dispersivity and storage-retardation, this is expected to occur primarily due to 

expansion of the cross-sectional area of pressurised channels, and not due to 

increasing discharge in open channels.  

The third possible explanation for the decline in dispersivity and storage-retardation is 

that this trend reflects changes in the englacial system. At South Cascade Glacier, 

Washington State, Fountain (1993) was unable to account for the shape of dye 

breakthrough curves without incorporating a storage term, which he inferred to be 

pooling in the englacial drainage system. Our observations support the association of 

high dispersivity and storage-retardation with periods of transient englacial storage. In 

particular, at the time of high dispersivity and storage-retardation during the early 

experiments at the three upper moulins, the englacial water level reached almost to the 

glacier surface (Figure 4.2c), and dye was observed to spread out through the pooled 

water. The subsequent release of dye at increasingly dilute concentrations from such a 

pool would produce a smooth but elongated dye breakthrough curve (Fountain, 1993), 

much like those observed at this time (Figure 4.7a, Supplementary Material).  

In reality, it is likely that both channel efficiency and englacial storage contributed to 

the seasonal patterns of dispersivity and storage-retardation. The greatest volumes of 

englacial storage were observed at the time of the early experiments, with the level of 

water pooled in moulins reaching close to the ice surface, and it is likely that this 

exerted a strong influence on the dispersal of dye (Fountain, 1993). These high water 
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levels were generated by water entering the drainage system more rapidly than it 

could be discharged, which is most likely to occur at a time of increasing runoff into 

channels which are relatively small and inefficient and so easily overwhelmed. The 

high values of dispersivity and storage-retardation may therefore reflect a 

combination of high storage and low channel efficiency, with dispersivity and 

storage-retardation then falling as channel cross-sections expanded in response to 

sustained melt input, allowing englacial storage to drop.  

4.7 Discussion 

4.7.1 Seasonal evolution of drainage system structure 

4.7.1.1 Spring 

The extremely high englacial water levels recorded at L1 following the onset of 

monitoring on 1 May demonstrate that the drainage system was unable to discharge 

surface melt water at the rate at which it was entering the moulin (Figure 4.2c). At this 

time, the very low flow velocities indicate that part of the drainage pathway from L1 

and L2 was through an inefficient, distributed system (Figure 4.5a-b). This is 

supported by signs of flow divergence in the shape of dye breakthrough curves from 

L1 and L2, suggesting the existence of multiple flow paths (Figure 4.7b). It seems 

likely that at this stage we are observing the initial input of surface meltwater into an 

inefficient drainage system which has largely closed through ice deformation over the 

winter, leaving it with insufficient capacity to discharge the rapidly rising inputs of 

surface meltwater (Fountain, 1993; Röthlisberger and Lang, 1987). 

Over the next ~ 20 days the englacial water level at L1 dropped, in spite of increasing 

melt rates, indicating a rise in the output discharge from the englacial system due to 

increasing drainage efficiency (Figure 4.3). Rising flow velocities from L1 and L2 

(Figure 4.5a-b) and the end of flow divergence indicate that this was most likely due 

to a growth in the extent and efficiency of the channel network. During this initial 

phase therefore, observed at L1 and L2 during the first half of May, the principal 

cause of increasing drainage system efficiency is interpreted to be the growth of a 

channelised drainage network at the expense of the winter distributed drainage 

system. This is in keeping with the processes of seasonal drainage system evolution 

inferred for alpine and High Arctic glaciers (Bingham et al., 2005; Fountain and 

Walder, 1998; Nienow et al., 1998; Willis et al., 1990). 
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4.7.1.2 Early summer 

The relatively high flow velocities (Figure 4.6a-b) and absence of visible flow 

divergence recorded during the first dye tracing experiments at the three upper 

moulins (undertaken 29 May – 2 June) indicate that by this point the subglacial 

drainage channels had expanded to connect the portal with moulins as far as 14 km 

up-glacier. Moulin water level records from L4 and L7 demonstrate that in spite of 

these channels however, meltwater inputs were still capable of exceeding drainage 

capacity, leading to englacial water storage (Figure 4.2c). Throughout June, there was 

a continued rise in flow velocity from these moulins, indicating an increase in the 

efficiency of and discharge through the subglacial channels (Figure 4.6a). In 

accordance with this, the changing form of the dye breakthrough curves suggests a 

decline in the volume of water storage in the englacial system over this same period, 

reaching a low and relatively stable level by early July (Figure 4.6c-d). This is 

important, because it implies that rising meltwater inputs regularly caused water to 

back up into the englacial drainage system for a period of at least 2-4 weeks following 

the formation of channels linking these moulins to the portal. It is likely that this 

period of imbalance reflects the continual readjustment of channel cross-section to 

rising melt inputs as the season progressed and bulk discharge rose from ~ 100 to 300 

m
3 

s
-1

 (Figure 4.2b) (Bartholomew et al., 2011b). As such, the increase in subglacial 

channel cross-section may form a second phase of drainage system evolution 

influencing the relationship between meltwater inputs and subglacial water pressure 

long after the channelised drainage network has formed (Bartholomew et al., 2011b; 

Bartholomew et al., 2012).  

4.7.1.3 Late-summer 

By early July, the rise in bulk discharge has slowed (Figure 4.2a) and the drainage 

system has reached a relatively stable configuration across a distance extending at 

least as far as L7 (6.6 km from the portal).  From this time on, the observed dispersion 

of injected dye can be well explained by flow along a stable system of efficient 

channels, with morphological changes and englacial storage inferred to be much less 

important than during May and June (Figure 4.5c-d and Figure 4.6c-d).  

4.7.2 Implications for ice dynamics 

Subglacial hydrology and ice dynamics are closely linked, with ice velocities, driven 

by basal sliding, increasing with water storage and basal water pressure 
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(Bartholomaus et al., 2008; Iken, 1981; Iken and Bindschadler, 1986; Kamb, 1987; 

Röthlisberger and Lang, 1987; Schoof, 2010). These conditions occur when surface 

meltwater inputs exceed the existing capacity of the drainage system (Bartholomaus et 

al., 2008; Röthlisberger and Lang, 1987). There should therefore be a correspondence 

between the inferred seasonal drainage evolution and ice dynamics on Leverett 

Glacier, and in particular periods of low drainage efficiency, high water storage and 

elevated ice velocity. 

Ice velocity records from S2 show seasonal variations in ice dynamics that reflect the 

inferred processes of drainage evolution (Figure 4.2d). Major spikes in ice velocity, 

centred on 11 and 22 May, occurred during the period of ‘spring’ drainage 

configuration, when drainage system efficiency was low but discharge was increasing 

rapidly (Figure 4.2) (analogous to the ‘spring events’ often reported at glaciers (Mair 

et al., 2003; Röthlisberger and Lang, 1987)), causing the level of englacially stored 

water to rise as high as the glacier surface (Figure 4.2c). Following this, ice velocity 

then remained relatively high, albeit falling, during June, with short term acceleration 

events corresponding to rapid rises in discharge (Bartholomew et al., 2011b). This 

corresponds to the second phase of drainage evolution during the ‘early summer’, in 

which the drainage system is inferred to be channelised but these channels were 

regularly overwhelmed by rising meltwater inputs, leading to transient water storage. 

It was not until the ‘late summer’ period, when larger and more efficient channels, 

less sensitive to rising melt input, had formed, and discharge began to stabilise and 

then decline, that ice velocity at S2 became relatively low and stable (Bartholomew et 

al., 2011b). 

Figure 4.9. Comparison of ice velocity at S2 with dispersivity. Symbols indicate whether the dye 

was injected into L4 (black circles), L7 (grey circles) or L14 (open circles). 
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The correspondence between ice dynamics and drainage evolution is highlighted in 

Figure 4.9. This demonstrates a correlation between ice velocity at S2 and dispersivity 

for dye tracing experiments at L4, L7 and L14. It is unlikely that the traced drainage 

pathways exert an individual influence on the recorded ice velocity – instead, the 

correlation probably indicates that these flow paths were representative of the wider 

drainage system at the time of the experiments. Although all these data come from a 

period in which the drainage system along this section of the glacier is thought to be 

channelised, they indicate that higher ice velocities occurred when the channels were 

hydraulically less efficient and englacial storage was high. This demonstrates that 

seasonal evolution of the drainage system remains important after subglacial channels 

have formed, and supports the assertion that variations in meltwater input can 

generate large fluctuations in ice velocity even where a fully channelised drainage 

system exists (Bartholomaus et al., 2008; Bartholomew et al., 2011b; Bartholomew et 

al., 2012; Schoof, 2010). 

4.7.3 Applicability to the ablation zone of the Greenland Ice Sheet 

The results of our dye tracing study suggest that there are many similarities, except in 

scale, between the seasonal evolution of the drainage system of this section of 

Leverett Glacier and that observed at smaller temperate and polythermal glaciers (e.g. 

Behrens et al., 1975; Bingham et al., 2005; Collins, 1982; Fountain, 1993b; Hock and 

Hooke, 1993; Nienow et al., 1998; Seaberg et al., 1988; Willis et al., 1990). For 

logistical reasons, our study was limited to the lowermost 14 km of glacier, but 

subglacial drainage of surface meltwaters is expected to occur beneath at least 60 km 

of Leverett Glacier (Bartholomew et al., 2011a), and for greater than 80 km in 

neighbouring catchments (Bartholomew et al., 2011b). Perhaps the greatest difference 

between the upper reaches of the catchment and the area described in this study is the 

extremely thick, cold ice separating the surface and bed of the glacier, with ice 

thickness exceeding 1 km at 50 km inland from the margin of Leverett Glacier (Allen, 

2010). The hydrological impacts of this are likely twofold. 

Firstly, the thick ice will generate very high deformation rates at the bed, causing 

rapid closure of low pressure zones (Cuffey and Paterson, 2010). Nonetheless, ice 

velocities show similar seasonal patterns in regions of ~1000m thick ice to those 

observed near the margin, with the sensitivity of ice velocity to melt water inputs 

decreasing as the summer progresses (Bartholomew et al., 2010; Bartholomew et al., 
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2011b; Hoffman et al., 2011). This suggests subglacial channel growth is sufficient to 

offset the rapid deformation, allowing efficient drainage channels to evolve as 

observed on the lower glacier (Bartholomew et al., 2010; Bartholomew et al., 2011b; 

Hoffman et al., 2011). Secondly, the thick, cold ice makes it more difficult to establish 

a hydrological connection between the surface and the bed. Catastrophic lake drainage 

through hydrofracturing is therefore a key mechanism of moulin formation (Das et al., 

2008; van der Veen, 2007). This means that the input of surface meltwater to the 

glacier bed is often delayed until a lake drainage event has occurred (Bartholomew et 

al., 2011b). Because the initial discharge of meltwater during a lake drainage event is 

extremely large, it is likely to force the drainage system to evolve rapidly to an 

efficient state (Das et al., 2008; Pimentel and Flowers, 2011). As such, a prolonged 

period of drainage system evolution in response to gradually increasing melt inputs, as 

seen on the lower glacier, may be less likely in the upper parts of the catchment. 

The hydrology of the Greenland Ice Sheet may depend not only on distance from the 

ice margin, but also on the type of ice margin. Ice velocities near the terminus of 

marine-terminating outlet glaciers are often an order of magnitude greater than at 

land-terminating glaciers (Rignot and Kanagaratnam, 2006). Kamb et al., (1985) 

argued that rapid basal sliding during glacial surges inhibited the growth of efficient 

subglacial channels, maintaining high-pressure drainage through linked-cavities, 

which in turn helped sustain the high sliding velocities. It is difficult however to 

conceptualise how the vast quantities of melt water formed in these Greenland 

catchments each summer could be discharged through a distributed drainage system, 

and the emergence of turbid meltwater plumes from marine-terminating glaciers 

points to the existence of efficient subglacial channels (Lewis and Smith, 2009; Sole 

et al., 2011). Furthermore, observations of ice motion at numerous marine-terminating 

glaciers in west Greenland reveal seasonal flow patterns comparable with those on 

land-terminating glaciers, suggesting a similar process of drainage system evolution 

(Howat et al., 2010; Sole et al., 2011). These observations, suggesting the seasonal 

evolution of drainage efficiency beneath fast flowing ice, are difficult to reconcile 

with Kamb’s theory of rapid ice motion sustained by inefficient distributed drainage. 

As such, the hydrology of tidewater glaciers requires further research. 
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4.8 Conclusions 

The results from 43 dye tracing experiments, in conjunction with moulin water level 

and ice velocity data, provide a detailed picture of the morphology and evolution of 

the drainage system of the lower 14 km of Leverett Glacier, west Greenland. 

Following the onset of seasonal melt in May, the discharge of supraglacial meltwater 

into moulins frequently exceeded output from the englacial system, causing the 

englacial water level to rise to the glacier surface during times of peak melting and ice 

velocity to reach its seasonal maximum. The flow velocity and dispersion of injected 

dye suggests a rapid transition from a distributed to channelised drainage system 

occurred at this time, with channels extending greater than 13 km up-glacier by the 

time that discharge reached a quarter of its seasonal peak and cumulative discharge 

was only 5 % of the observed seasonal flux. This rise in drainage efficiency is 

apparent in the moulin water level records, with greater meltwater inputs required to 

force a rise in englacial storage relative to the onset of the melt season. 

Dye breakthrough curves indicate drainage efficiency remained relatively low and 

storage high following the formation of these channels. This period was characterised 

by regular increases in runoff, causing meltwater to back up into the englacial system, 

as observed in the moulin water level records. Ice velocity remained high and variable 

during this period, suggesting that, when meltwater inputs are rising faster than the 

drainage system can adjust, hydrological forcing of ice velocity occurs despite the 

existence of channels (Bartholomaus et al., 2008; Bartholomew et al., 2011b; Schoof, 

2010). As the season progressed, the sustained input of meltwater allowed channel 

cross section to increase and storage to decline. Drainage efficiency was at its 

greatest, and storage lowest, during the late summer period when subglacial channels 

were well developed and runoff was relatively stable or declining. Correspondingly, 

the lowest and most stable ice velocities were recorded at this time. 

4.9 Supplementary material 

This section contains additional details related to the dye tracing experiments 

undertaken at Leverett Glacier, west Greenland, during 2010. Table 4.2 provides 

information on the time of injection and values derived from the breakthrough curves, 

which form the basis of Figure 4.5, 4.6 and 4.8 in the paper. Figure 4.10 contains dye 

breakthrough curves for each experiment, of which a limited sample are shown in the 

paper in Figure 4.7 and 4.8.  
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SR 
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Xd 
(varia-
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Xd 
(uc = 2  
ms

-1
) 

 

1 L1 02-May 11:00 0.1 0.0 3.4 47.2 55.2 69.1 69.7 

2 L1 18-May 12:40 0.5 0.3 10.8 21.6 13.4 0.0 7.2 

3 L1 27-May 12:40 1.5 1.5 27.5 18.0 12.2 0.5 0.4 

4 L1 05-Jun 13:00 1.5 1.3 14.5 9.5 31.8 1.4 0.6 

5 L1 10-Jun 14:15 1.5 1.1 11.4 7.5 34.6 1.4 1.1 

6 L1 26-Jun 16:00 1.6 1.1 14.1 9.1 10.2 1.7 1.1 

7 L1 11-Jul 11:40 1.6 1.0 7.7 4.9 29.0 3.7 1.3 

8 L1 20-Jul 12:20 1.4 0.8 15.4 11.1 7.6 1.9 1.7 

9 L1 20-Jul 16:00 1.5 0.9 18.6 12.6 7.4 2.6 1.5 

10 L1 12-Aug 12:00 1.1 0.6 6.2 5.7 16.4 2.5 2.8 

11 L1 12-Aug 16:00 1.2 0.8 14.8 12.2 -2.8 4.0 2.1 

12 L2 08-May 12:40 0.2 0.1 8.3 36.5 10.2 19.8 17.0 

13 L2 16-May 14:40 0.2 0.1 0.9 5.5 63.7 25.5 26.7 

14 L2 29-May 13:25 0.7 0.4 4.7 7.1 28.6 3.9 4.4 

15 L2 05-Jun 14:35 0.7 0.5 4.2 5.6 17.8 3.8 4.0 

16 L2 13-Jun 13:15 0.5 0.3 2.8 5.1 36.5 6.9 6.7 

17 L2 31-Jul 11:00 1.0 0.6 2.5 2.5 20.4 3.5 3.0 

18 L2 05-Aug 11:00 0.8 0.4 1.9 2.4 12.1 4.8 4.4 

19 L2 13-Aug 11:00 0.8 0.5 2.0 2.4 15.1 4.0 3.7 

20 L2 17-Aug 11:00 0.8 0.5 3.6 4.5 12.2 4.1 3.9 

21 L4 29-May 15:15 0.4 0.3 30.6 74.0 45.0 5.4 6.6 

22 L4 04-Jun 13:50 0.9 0.8 - - - 1.6 2.0 

23 L4 12-Jun 13:10 1.4 1.3 37.2 25.9 21.8 1.0 0.8 

24 L4 28-Jun 15:00 1.8 1.5 9.3 5.3 8.8 1.2 0.4 

25 L4 12-Jul 13:25 1.5 1.3 7.6 5.0 14.5 2.6 0.7 

26 L4 24-Jul 15:30 1.0 0.7 4.6 4.8 0.6 1.3 2.1 

27 L4 29-Jul 13:30 1.5 1.2 9.4 6.4 0.5 2.1 0.8 

28 L4 04-Aug 13:30 1.1 0.8 5.9 5.5 2.9 5.1 1.7 

29 L4 12-Aug 12:00 1.1 0.9 6.9 6.2 10.2 1.9 1.5 

30 L4 12-Aug 16:00 1.2 0.9 6.8 5.8 16.9 1.8 1.4 

31 L4 18-Aug 14:00 1.1 0.9 8.9 8.0 7.5 1.9 1.6 

32 L7 31-May 17:40 0.6 0.6 47.3 74.7 45.9 2.0 3.2 

33 L7 09-Jun 14:10 0.9 0.8 33.0 37.1 30.3 2.1 2.0 

34 L7 15-Jun 13:25 0.8 0.7 12.2 16.1 17.1 2.7 2.6 

35 L7 21-Jun 13:55 1.1 1.0 10.5 9.3 17.4 1.3 1.2 

36 L7 04-Jul 15:30 1.5 1.3 9.1 6.1 15.6 1.1 0.6 

37 L7 16-Jul 14:50 1.2 1.1 7.7 6.5 11.0 1.5 1.1 

38 L7 30-Jul 13:30 1.5 1.3 14.5 9.7 12.1 1.2 0.7 

39 L7 12-Aug 12:00 1.0 0.9 9.3 9.5 9.5 2.1 1.7 

40 L7 18-Aug 14:05 1.5 1.4 24.5 16.4 10.1 0.9 0.6 

41 L14 02-Jun 12:30 0.5 0.5 38.0 74.1 24.0 3.6 4.0 

42 L14 07-Jun 16:30 0.9 0.8 71.3 82.7 30.5 1.9 1.8 

43 L14 19-Aug 11:00 1.4 1.3 20.4 14.4 20.8 0.9 0.6 

 

Table 4.2. Details of the dye tracing experiments undertaken on Leverett Glacier. Symbols are as 

defined in the paper. Experiment number refers to the plot number in Figure 4.10. 
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Figure 4.10. Observed 

dye breakthrough curves 

(solid black line), 

modelled breakthrough 

curves (dashed line) and 

proglacial discharge 

(grey line).  The number 

in the top left corner of 

each plot refers to the 

experiment number in 

Table 4.2.  Discharge 

during experiment 1 was 

of the order of 1 m
3 

s
-1

, 

but variation over this 

period is not known. 
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In the previous chapter, a detailed examination of the drainage morphology of 

Leverett Glacier revealed that efficient channels, draining hundreds of cubic metres of 

water every second, form at the bed of the ice sheet during periods of high melt in the 

summer months. Efficient drainage channels are attributed with facilitating a high rate 

of subglacial erosion at alpine glaciers (Alley et al., 1997; Swift et al., 2002), but this 

mechanism has not been considered to be important in ice sheet settings, where 

erosions rates are assumed to be one or more orders of magnitude lower (Hallet et al., 

1996). In this chapter, we examine this assumption of low erosion rates in light of the 

evidence for efficient basal drainage of surface meltwaters in the ablation zone of the 

Greenland Ice Sheet. This is achieved by measuring the sediment flux in the Leverett 
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proglacial river, from which an approximate erosion rate for the hydrological 

catchment of the glacier is generated. 
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5.1 Abstract 

The Pleistocene ice-sheets have left a clear signature of erosion, but the rate at which 

ice-sheets erode is difficult to determine from either palaeo-landscapes or 

observations of contemporary processes. Here we use two years of sediment flux data, 

derived from meltwaters emerging from an outlet glacier in west Greenland, to 

calculate an average rate of subglacial erosion across a catchment extending > 50 km 

inland from the ice margin. Erosion in this zone occurs at 4.8 ± 2.6 mm a
-1

, which is 1 

– 2 orders of magnitude greater than previous estimates of erosion rate beneath the 

Greenland Ice Sheet. Our results suggest that where surface meltwaters are able to 

access the bed, the rate of erosion by ice sheets is in keeping with the rapid erosion 

observed at temperate alpine glaciers. During deglacial phases, when meltwater was 

abundant, ice sheet margins should therefore have acted as highly efficient agents of 

erosion. 

5.2 Introduction 

Glacial processes play a key role in shaping global geomorphology, with high erosion 

rates invoked to both limit (Brozovi� et al., 1997) and raise (Raymo and Ruddiman, 

1992) the altitude of upland areas. There remains however considerable uncertainty as 

to the efficacy of and controls on glacial erosion (Koppes and Montgomery, 2009). In 

particular, there are very few measurements of the rate of erosion by the current 

Greenland and Antarctic ice sheets (Hallet et al., 1996). This limits our understanding 

of the effectiveness of these ice masses as geomorphological agents, adding 

significant uncertainty to our interpretation of landscape evolution across the ~30% of 

the earth’s land surface covered by ice during the Quaternary. 

Erosion rate appears to vary by four orders of magnitude between glaciers in different 

geological and climatic settings (Hallet et al., 1996). A study of sediment flux in east 

Greenland by Andrews et al. (1994) indicated basal erosion rates as low as 0.01 mm a
-

1
, compared to ~0.1 – 10 mm a

-1
 at temperate valley glaciers and rivers (Hallet et al., 

1996; Koppes and Montgomery, 2009). This value has been used to suggest that ice 

sheets may be exceptionally ineffective agents of erosion due to the inhibition of 

sliding in cold based ice (Hallet et al., 1996). 

Recent studies have however demonstrated that the hydrology and ice dynamics at the 

margins of the Greenland Ice Sheet closely resemble that of alpine glaciers, with 
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surface meltwater accessing the glacier bed tens of kilometres from the terminus (e.g. 

Bartholomew et al., 2010; Bartholomew et al., 2011a; Cowton et al., 2013 (Chapter 

4)). Even where basal melting occurs, surface meltwater is an important catalyst for 

enhanced glacier erosion; its presence promoting both high water pressures, which 

enhance basal sliding with associated erosion, and efficient evacuation of the products 

of erosion, exposing fresh bedrock to ongoing erosion (Alley et al., 1997; Swift et al., 

2002). It seems probable therefore that bedrock beneath the ice sheet margins will 

experience an erosion rate much higher than that averaged across the ice sheet as a 

whole. 

Subglacial drainage channels are a critical mode of sediment transport under warm 

based glaciers (Alley et al., 1997; Swift et al., 2002). Because of this, measurement of 

the flux of sediments in proglacial rivers has commonly been used to estimate the 

average rate of erosion in alpine catchments (see Hallet et al., 1996). Here we present 

two years of sediment flux data from meltwaters draining a large catchment of the 

Greenland Ice Sheet to investigate the assumption that ice sheets are weak erosional 

agents in comparison to alpine glaciers. 

5.3 Methods 

Leverett Glacier (67º03’N, 50º07’W) is a land-terminating outlet glacier located on 

the western margin of the Greenland Ice Sheet (Figure 5.1). It is underlain by Archean 

gneiss, representative of the crystalline bedrock that dominates Greenland (Henriksen 

et al., 2000). Typical of the ice sheet margin, surface meltwaters penetrate to the 

glacier bed during the summer months (Bartholomew et al., 2011a; Lewis and Smith, 

2009). These meltwaters drain from one portal at the northern end of the glacier snout 

(Bartholomew et al., 2011a). Average ice velocities extending to 80 km from the ice 

margin are ~100 m a
-1

 (Bartholomew et al., 2011b). 

Throughout the 2009 and 2010 melt seasons, the proglacial river was monitored at a 

stable bedrock section ~2.2 km downstream of the portal (Supplementary Material; 

Bartholomew et al., 2011a). Mean stage was logged at five minute intervals and 

converted to discharge (Q) using a rating curve from 29 dye dilution gauging 

experiments across the full range of discharges (r = 0.92). Mean suspended sediment 

concentration (SSC) was similarly logged at five minute intervals using a turbidity 

sensor calibrated with 80 samples taken throughout the two seasons (r = 0.92). 
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Samples were filtered through 0.45 µm papers which were then dried and weighed in 

the laboratory. Suspended sediment load (SSL) was derived from the discharge and 

SSC time-series, and integrated throughout the observation period to produce a value 

of annual SSL. Linear interpolation was applied to data gaps, which represented 

15.5% and 10.5% of values in 2009 and 2010 respectively, and had a maximum 

duration of 3 days (mean = 9 h). 

5.4 Results 

In order to compare the two years, seasons are standardized as spanning May 7 to 

August 27 (in 2009, monitoring continued for a further six days). 2010 was an 

exceptionally warm year in west Greenland, with the highest melt rate since at least 

1958 (Box et al., 2010). This is reflected in both the duration and quantity of runoff, 

with discharges > 200 m
3
s

-1
 recorded on 75 days in 2010, compared with only 27 in 

2009 (Figure 5.2). Consequently observed runoff at Leverett Glacier in 2010 was 

nearly double that of 2009, at 1.98 and 1.03 × 10
9
 m

3
 respectively. 

The first half of the 2009 and 2010 melt seasons (May–June) is punctuated by a series 

of peaks in SSL associated with simultaneous rises in discharge and spikes in SSC 

(Figure 5.2). In both years this is followed by a marked change of behaviour. On July 

3, 2009, there is a sudden release of sediment, with SSC reaching 16 kg m
-3

 and SSL 

Figure 5.1. Location of Leverett catchment (dark grey shading) as derived from a surface digital 

elevation model (contours in metres); lake drainage events within this catchment during the 2009 

and 2010 melt seasons from moderate resolution spectroradiometer (MODIS) imagery; 

equilibrium line (dashed; from van de Wal et al. 2008); gauging site (white triangle); and 

temperature and ablation measurement sites (stars). LG-Leverett Glacier, RG-Russell Glacier. 
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peaking at nearly 2 t s
-1

. Following this, SSL remains elevated and variable, 

culminating in a seasonal high of 2.2 t s
-1

 on August 19. In 2010 there is a similar 

flush of sediment on July 1, albeit it at lower concentrations, resulting in a seasonal 

maximum SSL of > 1 t s
-1

. In contrast to 2009 however, SSC then returns to ~1 kg m
-

3
, keeping SSL below 0.5 t s

-1
 for the remainder of the season. Reflecting the higher 

mean SSC in 2009 (3.81 kg m
-3

, as opposed to 1.45 kg m
-3

 in 2010), observed 

suspended sediment flux reached 4.50 × 10
6
 t a

-1
 in 2009, compared to 2.75 × 10

6
 t a

-1
 

in 2010. 

Although erosion is unlikely to cease during the winter, the eroded material cannot be 

flushed out until the onset of melting in the spring, contributing to the observed 

Figure 5.2. A-C: data recorded from proglacial river, Leverett Glacier. Q-discharge; SSC-

suspended sediment concentration; SSL-suspended sediment load. D-temperature at 450 m 

elevation on Leverett Glacier. 
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sediment flux during the following melt season. Some transport of sediment out of the 

system was however missed in 2010, as discharge remained high, albeit declining, at 

the cessation of monitoring. If we assume that it declined linearly until September 29, 

when a return visit indicated the river had fallen to an insignificant level (< 5 m
3
 s

-1
), 

and SSC is held at 1 kg m
-3

, then a further 3.3 × 10
5
 t of sediment is generated. This 

suggests total suspended sediment flux in 2010 may be of the order of 10% greater 

than stated above. 

5.5 Discussion 

5.5.1 Sediment yield 

In order to calculate erosion rate, it is first necessary to divide the sediment flux by the 

source area to obtain a catchment averaged sediment yield. This is complicated in an 

ice sheet setting by the difficulty of estimating the size of the subglacial hydrological 

catchment from which the sediment is derived. Palmer et al. (2011) used a surface 

digital elevation model to produce a hydrological catchment area of 1200 km
2
 for 

Leverett and Russell Glaciers (Figure 5.1). As ice surface slope is a key control on 

hydraulic gradient within the ice (Shreve, 1972), the surface catchment will strongly 

influence the en- and sub-glacial routing of meltwaters. In this section of the ice sheet, 

this inference is supported by the clear spatial correlation between patterns of 

hydrologically forced ice acceleration and ice surface topography (Palmer et al., 

2011). 

Figure 5.3. Maximum elevation within the Leverett catchment from which melt water is required 

to produce the observed runoff, based on a temperature index model of melt. The 1560 m limit on 

the y-axis represents the uppermost extent of this catchment. Spikes which exceed this limit 

indicate periods in which there is insufficient melt within the catchment area to account for 

runoff, most likely due to lake drainage or continued release of meltwater following a sudden 

cooling. 
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Taking this catchment as a template, we used a temperature index model of melt 

(Hock, 2003) to calculate the area required to generate the volume of meltwater 

observed in the proglacial river (Bartholomew et al., 2011a). The model was driven 

by and calibrated against temperature and ablation records, spanning both seasons, 

from seven sites between 450 and 1720 m elevation (Figure 5.1). In both years, the 

model suggests that meltwaters emerging from Leverett Glacier are fed by a 

catchment that expands to a maximum elevation of ~1200 m, an area of ~600 km
2
 

(Figure 5.3). The similarity of the area, despite evidence of melt to much higher 

elevations in 2010, implies that the catchment is topographically defined, with 

meltwater from further inland draining to the north or south. Moulins, inferred from 

the occurrence of sudden lake drainage events (Das et al., 2008), are found up to and 

beyond the upper limit of this catchment area during both seasons (Figure 5.1; 

Bartholomew et al., 2011a). This indicates that surface meltwaters are able to drain 

subglacially, entraining sediment, throughout the full length of the modelled 600 km
2
 

catchment area. As such, 600 km
2
 is taken as the sediment source area, making the 

sediment yield equal to 7500 and 4580 t km
2
 a

-1
 in 2009 and 2010 respectively. 

5.5.2 Erosion rate 

Using an approximate density for gneissic bedrock of 2.8 t m
-3

, the suspended 

sediment yield can be converted into subglacial erosion rates of 2.7 and 1.6 mm a
-1

 in 

2009 and 2010 respectively. This erosion rate represents the observed rate of sediment 

removal by the subglacial drainage system in the Leverett catchment. However, this 

value does not necessarily equate to the ongoing rate of subglacial bedrock erosion. 

The first consideration is whether the majority of sediment is derived from local 

bedrock erosion. If large volumes of sediment are transported into the Leverett 

hydrological catchment by basal ice motion, this will exaggerate the apparent rate of 

bedrock erosion in the marginal zone. Erosion rate is however likely to strongly 

decline towards the ice sheet centre. Ice velocity slows as gradients decline inland 

from the equilibrium line (Figure 5.1), and much of the ice sheet interior appears to be 

frozen to its bed (Oswald and Gogineni, 2008). In areas where there is basal melting, 

but no penetration of surface meltwaters to the bed, melt volume is likely to be 

insufficient to flush out basal debris, thereby limiting erosion (Alley et al., 1997; 

Swift et al., 2002). Such a decline in erosion rate away from the ice margin has been 

inferred from the bed of the former Fennoscandian Ice Sheet (Kleman et al., 2008). 
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We therefore argue that, although there may be an input of eroded material from up-

glacier, it is likely small compared with that generated within our hydrological 

catchment 

Secondly, it is necessary to consider whether the recorded sediment is derived from 

bedrock erosion on the timescale of the observations, or whether it results from longer 

term storage and release. The suspended sediment flux in 2009 was ~60% greater than 

2010, in spite of the lower discharge and ice velocity (Sole et al., 2010). The 

difference in flux therefore appears to be caused not by a higher rate of bedrock 

erosion in 2009, but instead suggests a lag between the production, fluvial 

entrainment and evacuation of the sediments. Poor correlation between discharge and 

sediment flux is frequently observed in proglacial rivers (Gurnell, 1987a), and appears 

to reflect the exhaustion of erodible sediments in proximity to subglacial channels 

(Alley, 1992). Consequently, subglacial flooding and channel migration events, 

allowing access to fresh areas of sediment, may be the main control on sediment flux 

at individual glaciers (Bogen, 1996; Gurnell, 1987a) over short (< 10 year) timescales. 

Processes of storage and release likely explain the difference in sediment flux 

between 2009 and 2010 (Figure 5.2). Throughout the latter part of 2010, SSC remains 

consistently low (relative to 2009), in spite of high and varying discharges, indicating 

that the suspended sediment flux is supply limited (Alley et al., 1997; Riihimaki et al., 

2005). In 2009 however there is a rise in the suspended sediment flux during and 

following the flood on July 3 (Bartholomew et al., 2011a), suggesting that this event 

may have temporarily diverted subglacial channels through a region of abundant 

stored subglacial sediments. 

5.5.3 Comparison with other Greenlandic outlet glaciers 

Due to the difficulty of measurement, we were unable to monitor bed load in the 

Leverett proglacial river. As bed load generally constitutes ~ 30 – 60% of total load in 

proglacial rivers (Bogen and Bonsnes, 2003; Gurnell, 1987b), it must however be 

factored in when producing a realistic erosion rate that can be compared with other 

sites. Assuming that bed load does constitute ~ 30 – 60% of load, and accounting for 

the additional suspended sediment flux from the end of 2010 (estimated at 

constituting between 0 – 20% of the observed suspended sediment flux), as well as 

uncertainty in discharge (±14.5%), SSC (±5.8%) and catchment area (placed at ± 
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25%), our calculated rate of erosion at Leverett Glacier can be expressed as 4.8 ± 2.6 

mm a
-1

 (Supplementary Material). 

While our estimate has a large range of ± 55%, even the lower extreme, at 2.2 mm a
-1

, 

is a very significant step up from a Greenland erosion rate of ~0.01 mm a
-1

 (Hallet et 

al., 1996). Closer inspection of this latter figure may help resolve some of the 

differences between these two estimates of erosion rate. The value of 0.01 mm a
-1

 is 

derived from a study by Andrews et al. (1994), who found the rate of recent sediment 

deposition in Kangerdlugssuaq Fjord, east Greenland, to be ~6.7 × 10
5
 t a

-1
. A later 

study by Syvitski et al. (1996) however estimated that a further 3.66 × 10
7
 t a

-1
 of 

sediment was being deposited beneath the ice mélange at the terminus of 

Kangerdlugssuaq Glacier. When added to the original estimate by Andrews et al. 

(1994), and maintaining the same catchment area, the additional sediment increases 

the required erosion rate to 0.3 mm a
-1

. 

It remains difficult to compare this value with the erosion rate for Leverett Glacier 

because of the difference in the nature of the catchment areas used for these 

calculations. At Leverett Glacier, we have averaged erosion rate across an area that 

lies entirely within the ablation zone of the ice sheet. For Kangerdlugssuaq Glacier, 

Andrews et al. (1994) average erosion rate across a catchment area of 50 000 km
2
, 

which extends to the ice divide and incorporates a large section of the ice sheet 

interior, throughout which the erosion rate is expected to be much slower. If a similar 

approach is taken for Leverett Glacier, estimating a catchment width of 10 km (equal 

to the combined Leverett and Russell Glacier tongue) and a distance of 300 km to the 

ice divide, our marginal erosion rate of 4.8 ± 2.6 mm a
-1

 becomes an average ice sheet 

erosion rate of 1.0 ± 0.5 mm a
-1

. This is not dissimilar to the equivalent 

Kangerdlugssuaq value of 0.3 mm a
-1

, which suggests that the size of the apparent 

discrepancy between erosion rate at Leverett and Kangerdlugssuaq Glaciers may 

largely reflect the area of the ice sheet over which erosion is averaged. 

Meaningful comparison with other Greenlandic outlet glaciers is limited by a lack of 

studies and high uncertainties in both sediment flux and catchment area. Based on 

seven samples from the Watson River (which drains Leverett, Russell and two further 

large glaciers) and a figure for mean annual discharge, Wimpenny et al. (2010) 

estimated what they recognized to be an extremely approximate erosion rate of 0.58 

mm a
-1

 for this sector of the Greenland Ice Sheet. Work associated with industrial 
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development at Nordbo Glacier and Wegener Glacier in the southwest and west of 

Greenland produced erosion rates of 0.08 and 0.17 mm a
-1

 respectively (Hasholt, 

1996). Uncertainty in the delineation of the catchment area (in this case from 1:250 

000 scale maps) again makes comparison of erosion rates difficult. At the margin of 

Russell Glacier, Knight et al. (2002) measured the flux of sediments entrained in basal 

ice, producing a value of 28.5 ± 16.2 m
3
 m

-1
 a

-1
. If this value is applied to the 1.5 km 

wide snout of Leverett Glacier, it generates a sediment flux of 1.15 ± 0.66 × 10
5
 t a

-1
. 

This is an order of magnitude lower than the fluvial sediment flux, supporting the 

postulated dominance of fluvial transport in the movement of subglacial sediment 

(Alley et al., 1997). 

5.5.4 Timescales 

Koppes and Montgomery (2009) caution that studies of the current erosion rate of 

glaciers typically produce higher values than those that average rates over longer (> 

1000 years) time scales, reflecting an increase in the rate of erosion and / or sediment 

evacuation as glaciers accelerate and retreat in the present warming climate. Indeed, 

as the amount and extent of melting increases during deglaciation, an expansion of the 

zone of rapid erosion toward the ice interior is expected. The high erosion rate that we 

observe throughout our study period may therefore reflect a phase of accelerated 

erosion due to the current abundance of meltwater. However, as we have no reason to 

suspect the processes that we have observed to be atypical of ice sheet behaviour, 

these high erosion rates should be representative of ice sheets experiencing intense 

surface melting. Consequently, former ice sheet margins should have acted as a very 

effective erosional force, in particular during the periods of glacial retreat that 

occurred regularly throughout the Pleistocene. 

5.6 Conclusion 

We have presented a detailed study of the sediment flux and associated current rate of 

erosion of a large catchment beneath the Greenland Ice Sheet. Across the catchment, 

which covers an area of ~600 km
2
 and extends to over 50 km from the ice sheet 

margin, we calculate a subglacial erosion rate of 4.8 ± 2.6 mm a
-1

. This is 1 - 2 orders 

of magnitude higher than previously reported rates (Hallet et al., 1996; Hasholt, 

1996). Our data therefore challenge the notion that erosion below polar-glaciers and 

continental ice-sheets is dominated by slow mechanical processes associated with ice 
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advance and retreat (Hallet et al., 1996). Instead, we find that the efficient subglacial 

drainage of surface meltwaters is critical in creating a zone of rapid erosion around 

the margins of the ice sheet. In a warming world, both the melt volume and extent will 

increase, causing this zone to expand and erosion rates to increase. Given the very 

rapid rise in temperatures over previous deglaciations, it is likely that during these 

periods ice sheets acted as highly efficient agents of erosion. We hope that our 

findings will help to facilitate an improved interpretation of the nature, distribution 

and timing of the processes that formed the glaciated landscapes we observe today. 

5.7 Supplementary material 

We recognise that uncertainty is introduced at each of the stages of erosion rate 

estimation described in this paper. Combined with the differing sediment fluxes in 

2009 and 2010, this produces a range of possible values of erosion rate at Leverett 

Glacier. For ease of interpretation, we have amalgamated this into a single figure of 

4.8 ± 2.6 mm a
-1

. This process by which we have attained this figure is detailed 

below. We do this so as to ensure the transparency of our methods, and because we 

believe that our conclusions remain robust even when all possible sources of error are 

taken into account. 

5.7.1 Sources of error 

5.7.1.1 Discharge 

Uncertainty in the estimates of river discharge is the result of error in the discharge 

measurements themselves and error introduced by the rating curve between the 

discharge measurements and water stage in the bedrock cross-section. 

For the discharge record calculated through application of a rating curve, uncertainty 

is introduced by interpolation and extrapolation of the modelled values, unsteady flow 

conditions and changes in river roughness throughout the survey period. Given the 

lack of vegetation and the use of a bedrock cross-section, changes in roughness during 

the season are likely small (Richards, 1982) and this uncertainty is therefore 

negligible. In addition, discharge was measured across the full range of observed 

stage meaning that we have no need to extrapolate discharge values. Stage was 

measured using a Druck pressure transducer connected to a Campbell CR1000 

datalogger and errors are consequently small (± 1-2 cm on a stage depth ranging up to 
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6 m). Therefore, uncertainties due to application of the rating curve are primarily due 

to a combination of interpolation errors and the effect of unsteady flow conditions.  

Calculation of the different components of error induced by the application of the 

rating curve would require the use of a hydrological model and is beyond the realistic 

scope of this paper. An estimate of the error is therefore achieved by calculating the 

root mean square deviation (RMSD) between the observed and fitted discharge 

estimates. This effectively lumps the components discussed in the previous paragraph 

into a single term. We express this uncertainty as a normalised root mean square 

deviation (NRMSD) between the modelled and measured discharge. The RMSD 

between the discharge measurements and the rating curve is 40.1 m
3 

s
-1

, and the 

NRMSD (expressed as a percentage) is 10.44 %. 

Discharge estimates were made using the dye-dilution method (e.g. Kilpatrick and 

Cobb, 1985; Rantz, 1982). A known quantity of fluorescent Rhodamine WT dye was 

manually injected into the stream in a single pulse. Dye concentration was then 

measured at a downstream location using a Turner Designs CYCLOPS-7 Submersible 

Fluorometer attached to a Campbell CR800 datalogger and used to calculate 

discharge.  

The main sources of error in dye dilution gauging are due to: 

a. Assumption of complete mixing of dye within the channel. The tests were made in 

a reach with a single turbulent channel of approximately 1 km. Dye was injected 

above, and sampled below, a waterfall to ensure complete mixing. This was 

confirmed by a test where dye was injected from each side of the channel within a 

short time period, which produced the same dye concentrations (and ‘area under the 

curve’) at the sample site. 

b. Fluorescence of suspended sediment at a similar wavelength to the dye. This 

background fluorescence was recorded for 10 minutes before and after each test and 

removed in subsequent processing. Repeat calibrations of river water with known 

concentrations of dye on different days (and therefore with different sediment 

concentrations) showed that the calibration slope was not affected by turbidity and 

that an offset is effective in minimising this background signal. 

c. Loss of dye along the reach due to sorption onto or reaction with material in the 

river. These errors were minimised by use of Rhodamine WT, which is known to 
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adsorb onto suspended sediment less than other fluorescent dyes (Smart and Laidlaw, 

1977). 

Other sources of error include measurement of the volume of tracer used and 

calibration and resolution of the fluorometer (which was repeated at intervals 

throughout the season using water from the river with standards of known 

concentration). 

Although dye-dilution gauging is an established technique for measuring streamflow, 

there are very few estimates for its accuracy in the literature. Herschy (1995) suggests 

a figure of ± 5 % while information from the fluorometer manufacturer suggests that 

uncertainties are ± 2 % (Turner Designs). 

Without an independent measure of discharge we are unable to verify the accuracy of 

our discharge measurements. However, based on repeatability of traces which were 

done within a short time of each other (less than an hour) at high rates of discharge, a 

conservative estimate is ±10 %. 

We assume that the error due to uncertainty in the discharge measurements (EQM) and 

from the rating curve (EC) are independent (Di Baldassarre and Montanari, 2009) and 

compute the discharge error (EQ) from the quadratic sum as follows: 

%45.14

00.1044.10 22

22

±=

+±=

+±= QMCQ EEE

 

(5.1) 

5.7.1.2 Suspended sediment concentration 

Turbidity was measured continuously at the gauging site (~2.2 km downstream of the 

portal) using a Partech IR15C turbidity meter connected to a Campbell CR1000 

datalogger. A second turbidity sensor, placed at the portal between July 11 and 

August 16, 2010, generated the same pattern of SSC as the gauging site (r = 0.98, 

Figure 5.4) with values on average only ~4% lower. Erosion and deposition along this 

2.2 km stretch of river is therefore considered negligible compared to the mass of 

sediment in transit.  

Suspended sediment samples were collected manually on 80 occasions from the 

vicinity of the turbidity probe using a USDH-48 depth-integrating suspended 
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sediment sampler. The samples were filtered in the field with 0.45 �m filter papers 

following the procedure laid out by Hubbard & Glasser (2005), and the volume of 

filtrate was measured in a measuring cylinder. The samples were stored and returned 

to a lab for drying and weighing in order to calculate suspended sediment 

concentration. 

Given the high precision and accuracy of the balance and the routine nature of the 

field sampling, errors in the suspended sediment measurement (ESM) are likely to be 

small (taken here to be less than 2%). 

 

Figure 5.4. Concurrent records of suspended sediment concentration from the portal (a) and 

gauging site (b). c. Scatter plot of suspended sediment concentration at the portal and gauging 

site at five minute intervals. Gauging site values are lagged by 15 minutes. 
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The greatest error (ET) is that induced by application of a relationship between 

measured turbidity and suspended sediment concentration. Uncertainty is minimised 

by calibration of the turbidity record with field samples rather than in a laboratory. 

Following a similar procedure to that for the discharge rating curve, the RMSD for the 

measured SSC against that produced by the calibrated turbidity values is 0.93 kg m
-3

, 

and the NRMSD is 5.44 %. The error in SSC (ES) is therefore quantified as: 

%80.5

00.244.5 22
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(5.2) 

5.7.1.3 Catchment area 

Temperature index models are a well established technique in glaciology, ‘often on a 

catchment scale outperforming energy balance models’ (Hock, 2003). We have a 

comprehensive data set from which to calculate degree day factors and run the model. 

Temperature data is available at 15 minute intervals from 7 stations in a transect 

commencing ~ 2 km from the snout of Leverett Glacier and reaching to beyond the 

extent of the catchment area (Figure 5.1). Ultrasonic distance gauges (UDGs) at 

stations 1, 3, 5 and 6 record surface lowering at 15 minute intervals, and spring and 

autumn ablation stake measurements are available from which to constrain total 

melting at all sites. As such, we feel errors introduced by the model should be small.  

The storage of meltwater in supraglacial lakes and crevasses adds a lag between melt 

and runoff, generating errors in the modelled catchment extent (Figure 5.3). This is 

particularly noticeable at times when runoff exceeds total melt due to lake drainage 

events, or the continued release of meltwater following a sudden cooling. These 

occasions are easily recognised and ignored, but lesser errors may be introduced when 

the discrepancy is less striking, which could account for the smaller fluctuations in 

modelled catchment area following its up-glacier expansion in the spring. Coupled 

with uncertainty in the exact location of moulins, this makes defining a precise upper 

boundary for the catchment unrealistic. 

The greatest source of uncertainty in the catchment area is the lack of high resolution 

bed data. Bed topography has the potential to change both the distribution of the 
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catchment, and by changing the hypsometry, the surface area of this catchment 

required to provide the observed runoff. The general distribution of the catchment 

area is well supported by ice velocity patterns (Palmer et al., 2011), but it is difficult 

to test its precise form. 

In light of these uncertainties, we recognise that defining the catchment area is 

necessarily approximate, and we do not claim to procure a precise figure. The value 

used (600 km
2
) represents our best estimate from the available evidence. We are 

confident however that our findings are relatively insensitive to catchment area, and 

the uncertainty in this value is not sufficient to affect our conclusions. To demonstrate 

this, we have applied what we feel is a generous estimate of error at ± 25 % (EA) to 

the catchment area. 

5.7.1.4 Incomplete record in 2010 

The extrapolation of the discharge and SSC record following the cessation of 

monitoring in 2010 indicates that total suspended sediment flux in this year may be ~ 

10 % greater than observed (see Results). To account for this, suspended sediment 

flux is increased by 10 %. Because 10 % is only an estimate of the additional flux, we 

add an uncertainty of ± 9 % (ER) to the new total flux. This is equal to placing the 

additional flux at between 0-20 % of the observed flux, or the new total flux at 110 ± 

10 % of the observed flux. 

5.7.1.5 Bed load 

Conventional models for estimating the bed load component of total load prove 

unreliable in proglacial settings (Bogen and Bonsnes, 2003), and so we estimate bed 

load based on comparison with previous studies of glacierized catchments. As noted 

in the Discussion, bed load has been observed to constitute 30 – 60 % of the total load 

of proglacial rivers (Gurnell, 1987b). We have opted to assume a bed load component 

of 50 %, based primarily on the record presented by Bogen and Bonsnes (2003) for 

Nigardsbreen, Norway. This particular study was chosen for two reasons. Firstly, it is 

the longest record available, spanning 32 years, which serves to reduce interannual 

variation (on any individual year, bed load is equal to anything between half and 

double the suspended load in the Nigardsbreen proglacial river). Secondly, the 

bedrock at Nigardsbreen is of broadly comparable strength to that at Leverett Glacier. 

This is relevant, as more resistant bedrock may lead to a greater proportion of material 
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being transported as bed load (Bogen and Bonsnes, 2003). To estimate the total 

sediment flux, we therefore multiply the suspended sediment flux by 2, making bed 

load equal to 50 % of total load. These new values are given an uncertainty of ± 25 % 

(EB). Assuming that this uncertainty lies entirely within the bed load component, this 

range is equivalent to bed load constituting between ~ 33 – 60 % of the total load, or 

100 ± 50 % of suspended load. 

5.7.2 Total error 

We assume errors introduced by uncertainty in discharge, suspended sediment 

concentration, sediment source area, missing data and bed load to be independent. 

Total error for 2009 (E09) and 2010 (E10) is therefore calculated as follows: 
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(5.4) 

5.7.3 Erosion rate 

In 2009, the observed suspended sediment flux is 4.50 x 10
6
 t a

-1
. When estimated bed 

load is included, this becomes 9.00 x 10
6 

t a
-1

. Incorporating uncertainty at ± 38.63 %, 

this produces an erosion rate of 5.36 ± 2.07 mm a
-1

. 

In 2010, the observed suspended sediment flux is 2.75 x 10
6
 t a

-1
. This is first 

increased by 10 % to account for the missing record at the end of the season, then 

increased further to include bed load. Total sediment flux therefore becomes 6.05 x 

10
6
 t a

-1
. Incorporating error at ± 39.66 %, this equates to an erosion rate of 3.60 ± 

1.43 mm a
-1

. 

Taking both years together, the lowest value facilitated by this range is 2.17 mm a
-1

, 

while the highest is 7.43 mm a
-1

. If the midpoint of these is taken, the total range of 

erosion rates permitted by our calculations can be expressed as 4.8 ± 2.6 mm a
-1

. By 
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expressing the value in this manner, we hope to facilitate relatively easy comparison 

with studies of erosion rate in glacial and non-glacial catchments around the world. 
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In Chapter 5, the significance of the drainage system beneath Leverett Glacier, and 

potentially the wider Greenland Ice Sheet, was examined in terms of its ability to 

evacuate subglacial sediment, with implications for rates of erosion and landscape 

evolution. In this chapter, the focus is shifted to another mechanism through which 

hydrology exerts a significant influence on the ice sheet – the connection between 

meltwater discharge, drainage system morphology, water pressure and ice velocity. 

Numerous observations have demonstrated that there is no simple correlation between 

meltwater discharge and ice velocity in the ablation zone of the ice sheet on seasonal 

timescales, with velocities often greater during the early melt season (when discharge 

is relatively low) compared to the period of peak runoff (Bartholomew et al., 2010; 
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Bartholomew et al., 2011b; Hoffman et al., 2011; Sole et al., 2011; Sundal et al., 

2011; van de Wal et al., 2008; Zwally et al., 2002). It is recognised that this reflects a 

seasonal increase in drainage efficiency, as demonstrated in Chapter 4, allowing 

greater volumes of water to be transported at lower pressure. However, the nature of 

this mechanism remains unclear. One suggestion is that the deceleration reflects the 

cessation of hydrological forcing once efficient channels have formed (Sundal et al., 

2011). However, the detailed examination of drainage morphology at Leverett Glacier 

(Chapter 4) revealed that the formation of efficient drainage channels occurs rapidly 

along the lower 14 km of the glacier following the onset of the melt season, with 

periods of accelerated ice motion continuing beyond this point. Subsequent work by 

Chandler et al. (2013) has used pioneering tracer techniques to demonstrate the 

extension of efficient drainage channels to greater than 40 km from the margin of 

Leverett Glacier. As such, an alternative explanation is required for the seasonal 

patterns of ice motion, which allows for an apparently inconsistent relationship 

between discharge and ice velocity despite channels remaining the dominant drainage 

morphology throughout the majority of the melt season. The nature of this mechanism 

forms the focus of this and the following chapters of this thesis. 
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6.1 Abstract 

We link high resolution records of ice dynamics and meltwater discharge at a land-

terminating Greenlandic outlet glacier by using the discharge record to model 

subglacial channel water pressure. This model is based on the hypothesis that the key 

cause of variations in ice motion are the transient fluctuations in water pressure that 

result from the lag between changes to the rate of meltwater input to the glacier and 

the subsequent adjustment of channel cross section. Through this approach, we are 

able to model the observed dynamics of the outlet glacier across a range of timescales 

from diurnal to seasonal. Our findings support the assertion that variability in the 

supply of meltwater to the glacial drainage system is a critical control on ice velocity 

patterns at land-terminating glaciers. The pattern and duration of seasonal melting, 

and not just the total seasonal melt volume, must therefore be taken into account when 

considering the dynamic response of ice sheets and glaciers to climate change.  

6.2 Introduction 

The velocity of glaciers is sensitive to variations in subglacial water pressure driven 

by the inputs of meltwater from the glacier surface (Bartholomaus et al., 2008; Iken 

and Bindschadler, 1986; Sugiyama and Gudmundsson, 2004), and this process is 

believed to be responsible for many of the diurnal to seasonal changes in ice motion 

observed across the Greenland Ice Sheet (Bartholomew et al., 2011b; Bartholomew et 

al., 2012; Joughin et al., 2008; Shepherd et al., 2009; Sole et al., 2011). A positive 

correlation between melt volume and ice velocity on an annual timescale would 

decrease the stability of the ice sheet in a warming world (Parizek and Alley, 2004; 

Zwally et al., 2002), but the existence of such a relationship is disputed (Sundal et al., 

2011; van de Wal et al., 2008). This is due to the complex relationship between the 

discharge of meltwater through glacial drainage systems and the subglacial water 

pressure (Kamb, 1987). Where concurrent records of discharge and ice velocity exist, 

they show no consistent correlation over the course of the melt season (e.g. 

Bartholomew et al., 2011b; Mair et al., 2002). Melt seasons frequently commence 

with a steep increase in both discharge and ice velocity, but following this ‘spring-

event’ (Röthlisberger and Lang, 1987), ice velocity typically falls and remains lower 

during the period of annual peak discharge (Bartholomew et al., 2011b; Iken et al., 

1983; Mair et al., 2002; Sundal et al., 2011). 
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In order to explain these observations, it is necessary to understand the functioning of 

the subglacial drainage system. Following the onset of surface melting in the spring, a 

network of efficient subglacial channels form, replacing the inefficient, distributed 

basal hydraulic system as the principle means of drainage (Cowton et al., 2013 

(Chapter 4); Nienow et al., 1998). The cross sectional area of these channels reflects a 

balance between the melting of channel walls by frictional heat and channel closure 

through ice deformation due to inequality between water pressure and ice overburden 

pressure (Röthlisberger, 1972). As discharge rises, increased wall melting causes 

channels to expand. Analysis of this process indicates that in steady-state, channel 

water pressure decreases as discharge rises (Röthlisberger, 1972; Schoof, 2010). This 

concept has been used to explain the fall in glacier velocity as discharge rises on 

seasonal timescales, and to suggest that Greenland’s outlet glaciers may slow in 

response to greater melting in a warming climate (Pimentel and Flowers, 2011; 

Schoof, 2010; Sundal et al., 2011). 

The glacial drainage system is seldom in steady-state however, because the 

adjustment of channel cross section occurs slowly in comparison to the variability of 

meltwater supply (Röthlisberger, 1972; Schoof, 2010). As such, on short timescales, 

variations in meltwater input to the glacier are accommodated by variations in the 

volume of water stored within the drainage system, resulting in changes to water 

pressure, the along-channel hydraulic gradient and, consequently, discharge 

(Bartholomaus et al., 2008). This process (henceforth termed ‘transient pressure 

variation’), is considered an important cause of short term variation in ice velocity 

(Röthlisberger, 1972; Schoof, 2010), but it may also influence ice dynamics on 

seasonal timescales. For example, it has been suggested that because discharge is 

rising more rapidly during the early part of the melt season, transient pressure spikes 

are more likely to occur, and be of greater magnitude, at this time, resulting in greater 

ice velocities at low discharges (Bartholomew et al., 2012). 

Here, we develop a simple model of transient pressure variation which we use to 

calculate subglacial channel water pressure at Leverett Glacier, a land terminating 

outlet glacier in western Greenland (Figure 6.1), using proglacial discharge records 

collected over two melt seasons. Because the inverse relationship between discharge 

and pressure under steady-state conditions is not included, the model results reflect 

only transient deviations in water pressure from a constant steady-state value. These 
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modelled water pressures are then converted to ice velocities using a locally tuned 

pressure dependant sliding-law relationship (Iken and Bindschadler, 1986), and 

compared to high-resolution ice velocity records collected on Leverett Glacier 

throughout this period. Through examining the strength of the agreement between the 

modelled and observed ice velocities, we aim to assess the importance of transient 

water pressure fluctuations as a control on ice velocity throughout the course of the 

melt season. 

6.3 Methods 

6.3.1 Data 

Proglacial discharge was monitored at Leverett Glacier throughout the 2009 and 2010 

melt seasons using a continuous pressure transducer record calibrated with dye 

dilution gauging to generate discharge (see Cowton et al., 2013 (Chapter 4)) (Figure 

6.2a). Ice surface velocity was concurrently monitored throughout this period at a site 

located 7 km from the glacier snout (S2 in Figure 6.1) using a Leica 500 series GPS 

receiver, processed to give ice velocities across a 6 hour sliding window as described 

by Bartholomew et al. (2012) (Figure 6.2b-c). This site (‘site 2’ in Bartholmew et al., 

Figure 6.1. a. Map showing the estimated hydrological catchment of Leverett Glacier (dark grey 

shading; Bartholomew et al., 2011a; Cowton et al., 2012; Palmer et al., 2011) on the western 

margin of the Greenland Ice Sheet (pale grey shading), with ice surface contours in metres from 

a digital elevation model derived from InSAR (Palmer et al., 2011). The white rectangle denotes 

the area expanded in the subset map. b. Landsat EMT+ image of the lower section of Leverett 

Glacier, showing ice surface contours in metres (white), GPS site S2 (star), moulins L4 and L7 

(circles), the gauging site (triangle) and the airborne geophysical transect (black dashes; Allen, 

2010; Krabill, 2010).  
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2011a; Bartholomew et al. 2012) was chosen because, throughout much of the melt 

season, the volume of meltwater produced by the narrow glacier tongue below this 

point is insignificant relative to the volumes produced further up-glacier 

(Bartholomew et al., 2011a), and as such proglacial discharge should be 

representative of discharge passing through the glacier at this point. Uncertainties are 

estimated at ± 15 % for discharge and ± 20 m yr
-1

 (at 6 hr resolution) for ice velocity 

(Bartholomew et al., 2011a; Bartholomew et al., 2012; Cowton et al., 2012 (Chapter 

5)). An airborne geophysical survey of Leverett Glacier was undertaken as part of 

NASA’s Operation IceBridge (Allen, 2010; Krabill, 2010), producing an along-

glacier ice surface and bed elevation profile. This reveals an overdeepened bed of 

elevation -165 m (relative to the portal) and an ice thickness of 415 m in the vicinity 

of the GPS site (Figure 6.3).  

To obtain data against which to compare the modelled channel water pressures, we 

used HOBO pressure transducers to measure ponded water levels in two moulins (L4 

and L7) during the 2010 melt season (Figure 6.1; Cowton et al.2013 (Chapter 4)). We 

assume that this ponded water represents the upper part of a column of water 

extending to the bed, hence these values are expressed as a pressure head based on the 

difference between the surface of the ponded water and the approximate bed elevation 

in the vicinity of the moulin (Figures 6.3 and 6.4). The water level records from both 

moulins were limited by the freezing-in of the sensors (the sensors at L4 and L7 were 

Figure 6.2. a. Proglacial discharge during 2009 (blue) and 2010 (black); b-c. Ice surface velocity 

in 2009 and 2010 respectively.  
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deployed on 25 and 31 May and ceased functioning on 3 and 9 June respectively), and 

also by the tendency of the water level to drop below that of the sensor. Gaps in the 

record at L4 are relatively short, and a spline interpolation is used to give an 

indication of the magnitude of troughs in water level below the sensor position 

(Figure 6.4). An additional difficulty arose at L7, where the precise depth of the 

sensor within the moulin could not be ascertained. As such, the absolute pressures 

given for L7 in Figure 6.4 are based on the assumption that the pressure spikes 

recorded at this moulin were approximately of the same magnitude, relative to local 

ice overburden, as the better constrained pressure spikes simultaneously recorded at 

L4, ~ 3 km down glacier. 

6.3.2 Model 

If conditions remain stable for a sufficient period of time following a perturbation, 

glacial channels are predicted to reach an equilibrium size and pressure determined by 

a balance between opening by wall melting and closure by ice deformation 

(Röthlisberger, 1972). The pressure at which this steady-state is reached is dependent 

on discharge, with channels carrying a greater discharge reaching a steady-state at a 

lower water pressure, though the relationship is relatively insensitive at the high 

discharges (> 100 m
3
 s

-1
) that typify runoff from Leverett Glacier (Cuffey and 

Paterson, 2010; Röthlisberger, 1972; Schoof, 2010). Here our purpose is to look at 

transient fluctuations in pressure – those which occur following a perturbation and 

Figure 6.3 Ice surface (solid line) and bed (dashed line) elevation along the airborne geophysical 

transect (Figure 6.1b), with distance and elevation expressed relative to the portal (Allen, 2010; 

Krabill, 2010). Bar extending above ice surface denotes GPS site S2; bars extending below ice 

surface show the along-glacier locations of moulins L4 and L7.  
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before a steady-state is regained. To simplify this process, and so that we can assess 

the importance of these transient fluctuations independent of changes in steady-state 

pressure, we make the assumption that following a perturbation the channelised 

drainage system will seek to return to a steady-state pressure which remains constant 

throughout the melt season. The implications of this assumption are discussed further 

in Section 6.5. 

The underlying principle of this model is that a change in the rate of meltwater input 

to the glacier influences proglacial discharge by affecting first the down-glacier 

hydraulic gradient and subsequently the size of subglacial channels (Röthlisberger, 

1972; Schoof, 2010). Proglacial discharge is therefore a function of subglacial water 

pressure and channel cross-section. If we are able to approximate the rate of 

adjustment of channel cross-section, it should be possible to calculate the pressure 

fluctuations required to produce the observed proglacial discharges. The reverse bed 

slope between S2 and the portal (Figure 6.3) simplifies this process because it 

prevents open channel flow, in which discharge would vary without an accompanying 

change in pressure. Such a scenario is likely to be rare in an ice sheet setting given the 

rapid rate of channel closure beneath thick ice (Cuffey and Paterson, 2010), but would 

need to be taken into account for alpine glaciers where ice is thinner and discharge 

regularly fluctuates by more than a factor of 2 on diurnal timescales (e.g. Fountain, 

1992). 

Figure 6.4. Comparison of recorded moulin water pressure and modelled channel water 

pressure between 25 May and 8 June 2010. Lines show recorded L4 (blue, with interpolated 

sections dashed) and L7 (green) water pressure, and modelled channel water pressures for the 

vicinity of L4 (orange) and L7 (red). The left hand axis shows water pressure as a percentage of 

local ice overburden pressure, while the right hand axis shows absolute pressure head for L4 / 

L7 respectively.  
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For a full, semicircular channel, the Darcy-Weisbach equation can be used to give 

discharge (Q) through 

icrQ 5=  

(6.1) 

where r is channel radius and i is hydraulic gradient. Here c = g�
3
/f(�+2), where g is 

acceleration due to gravity and f is the Darcy-Weisbach friction factor. If the 

hydraulic gradient is measured along a channel between an upstream location beneath 

the glacier and a point just downstream of the portal, defined as 0 m elevation and at 

atmospheric pressure, then it can be calculated through 

s

zp
i

−−
=  

(6.2) 

where z is the bed elevation at the upstream location, s is the channel length and p is 

the channel pressure head (p = pw / �wg, where pw is water pressure �w is the density of 

water). 

In order to link hydraulic gradient and discharge, it is necessary to know the channel 

radius. If the channel radius adjusted instantaneously to changes in melt input, 

discharge could vary while the hydraulic gradient remained fixed at the steady-state 

value throughout the melt season. This adjustment of channel size is not instantaneous 

however, with variation of the channel radius lagging behind variation in meltwater 

input, generating transient pressure fluctuations (Röthlisberger, 1972; Röthlisberger 

and Lang, 1987; Schoof, 2010). The simplest way to conceptualize this is that, at any 

time, the channel radius is such that at the steady-state pressure it would generate the 

discharge observed at a time several hours previous. The radius can then be calculated 

through rearranging Equation 6.1 to give 

5

2

sci

Q
r =  

(6.3) 

where is, the hydraulic gradient reflecting the steady-state water pressure, is 

substituted for i. To incorporate the time lag, Q is substituted forQ , which is the mean 
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discharge across a period of duration t preceding the time for which the radius is being 

calculated. 

Substituting Equation 6.3 and then 6.2 into Equation 6.1, we can then eliminate r and 

c to give 

2

2

Q

Q
ii

s
=  

(6.4) 
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(6.5) 

where ps is the steady-state channel pressure head. Through Equation 6.5, pressure 

head is calculated as the deviation from the steady-state required to explain the 

discharge at any point in the melt season. 

The use of Equation 6.5 is illustrated in Figure 6.5. Figure 6.5a shows the modelled 

transient pressure fluctuation during a step rise in discharge. The difference between 

Q and Q  is much larger at point A than B (Figure 6.5ai), hence the greater deviation 

from steady-state pressure required to explain the observed discharge (Figure 6.5aii). 

This short-lived rise in discharge therefore results in a quasi-Gaussian deviation from 

steady-state pressure. Although the magnitude of the second step rise (between 8-10 

hours) is identical to the first, the discharge leading up to this step is greater and so the 

modelled transient pressure spike is smaller. This is because a smaller transient 

pressure fluctuation is required to explain a set rise in discharge in a larger channel 

relative to a smaller one. Similarly, although the gradient of the rise in discharge in 

Figure 6.5bi is constant, the pressure response is not (Figure 6.5bii). Greatest 

pressures are found shortly after the onset of the discharge rise, with pressures then 

declining as discharge rises further. This occurs because, as the channel slowly 

expands in response to rising discharge, the magnitude of the deviation from steady-

state pressure required to explain the difference between Q  and Q decreases, even 

though the difference itself remains constant. These examples demonstrate the 

decreasing sensitivity of transient channel pressures to variations in discharge as mean 

discharge rises and subglacial channels expand. 
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6.3.3 Model calibration 

Calibration of the model to Leverett Glacier was achieved through comparison of 

model results with the moulin water pressure data (Figure 6.4). Because the modelled 

pressures are based on proglacial discharge, they reflect variation in pressure in the 

main arterial subglacial channel, driven by melt variations further upstream. The 

pressure in this channel will influence the pressure in the moulins (Schuler et al., 

2004), but moulin water pressures will also be influenced by the rate of input of local 

surface meltwater and the capacity of the tributary channel to discharge this 

meltwater. The moulin water pressures are therefore expected to be strongly 

influenced by, but not equal to, the pressure in the main channel, with the two systems 

most closely equilibrated at night when local melt input is at a minimum. 

The recorded moulin water pressures and modelled channel water pressures, 

calculated at 5 minute intervals from the proglacial discharge over a 14 day period 

from 25 May to 7 June 2010, are shown in Figure 6.4. This modelled data was 

calculated with t equal to 12 hours and ps equal to 80 % of the local ice overburden 

Figure 6.5. Examples of the modelled pressure response to changes in discharge. In both 

scenarios t = 1 hour, ps (grey lines) = 100 m and z = 0. Figure a.i. is annotated with the 

parameters input to equation (5) at two example times, A and B, showing Q (closed circles), Q  

(open circles) and the duration of period t (dashed sections of curve).  
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pressure. We experimented with values ranging from 5 minutes to 10 days for the 

duration of period t, with longer periods increasing the magnitude of seasonal pressure 

variation relative to diurnal cycles. The choice of t also influences the timing of 

modelled pressure peaks, with smaller values causing diurnal pressure cycles to peak 

earlier relative to larger values. 12 hours was selected for t, as this brought modelled 

pressure peaks approximately into phase with the recorded englacial water levels 

(Figure 6.4), as well as providing a balance between diurnal and seasonal variation 

comparable to that observed in the ice velocity records (Figure 6.2b-c). ps determines 

the absolute values of the modelled pressures, but not the relative change through 

time. The value of 80 % of ice overburden for ps was chosen to bring the modelled 

channel pressures approximately into line with the lower part of the diurnal moulin 

pressure fluctuations, in keeping with the assumption that channel and moulin 

pressures will be closest at night when local melt input is minimal. 

6.4 Model results and comparison to observations 

6.4.1 Water pressure 

Both the observations and model results show distinct diurnal cycles, and there are 

strong similarities in the magnitude of these cycles from day to day (Figure 6.4). In 

particular, the rise then decline in peak diurnal pressure recorded at L4 between 28 

May and 2 June is reproduced in the model results. There are also similarities between 

the forms of the diurnal cycles in the observed and modelled records. This is most 

obvious for the sustained periods of high pressure on 25-26 May and 5-6 June, and 

also on 2 June, when water pressure drops more rapidly than on preceding days. The 

similarities between these records are encouraging, particularly given the expected 

differences between the channel and moulin environments, with the greater magnitude 

of the diurnal cycles in moulin pressure likely reflecting the influences of local 

meltwater input. 
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Two modelled pressure records are shown in Figure 6.4, reflecting the differing ice 

thickness and bed elevation at L4 and L7 (Figure 6.3). The records are very similar, 

and for the remainder of the paper only the modelled pressure record for the vicinity 

of L7, which is closest to S2 (Figure 6.1), will be discussed. Figure 6.6 shows this 

modelled pressure record during the period of measured discharge in 2009 and 2010. 

During the majority of both melt seasons, modelled pressure head fluctuates in the 

range of 300 – 350 m over diurnal cycles, compared to an ice thickness of 415 m. The 

greatest water pressures are predicted shortly following the onset of runoff in both 

seasons, with a maximum modelled pressure head of 854 m (439 m above the ice 

surface) on 8 May 2010 (Figure 6.6, inset). Pressure spikes are also predicted on other 

occasions when the increase in discharge is very large relative to the preceding 

discharge, most notably on 3 July 2009 and 22 May 2010. The minimum modelled 

pressure head is 291 m (25 August 2009), 124 m below the ice surface and 126 m 

above the level of the portal. 

With the exception of the unrealistically high pressure spikes predicted at the onset of 

melting in spring, these findings are in keeping with observations of subglacial 

pressure head from borehole studies at alpine glaciers. At Findelengletscher, 

Switzerland, Iken and Bindschadler (1986) recorded diurnal fluctuations in borehole 

water level of ~ 50 m, with water level reaching almost to the glacier surface during a 

pronounced ice speed-up. Sugiyama and Gudmundsson (2004) observed a water level 

range of ~ 250 m, peaking near the ice surface, at Lauteraargletscher, Switzerland, 

Figure 6.6. Modelled channel pressure head during the 2009 (blue) and 2010 (black) melt 

seasons, showing ps (horizontal lines). The subset shows the period of 8 – 13 May 2010, during 

which time the modelled pressure head extends beyond the scale of the main figure. Gaps in the 

modelled pressure timeseries reflect gaps in the discharge record.  
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while Hubbard et al., (1995) found diurnal water level fluctuations of ~ 100 m during 

late August at the Haut Glacier d’Arolla, Switzerland. Although the size of these 

fluctuations relative to ice thickness is greater than those modelled at Leverett Glacier, 

this is perhaps unsurprising because the relative magnitude of diurnal discharge 

fluctuations at Leverett Glacier is small compared to those recorded at alpine glaciers 

(Bartholomew et al., 2011a). 

6.4.2 Ice velocity 

In order to examine the importance of transient pressure fluctuations as a control on 

ice velocity, modelled water pressures were compared to concurrent high resolution 

ice velocity records from Leverett Glacier (Bartholomew et al., 2012). Water pressure 

and ice velocity have been successfully linked on alpine glaciers using a pressure 

dependent sliding-law relationship of the type 

mn

bb Nku
−= τ  

(6.6) 

(Bindschadler, 1983; Iken and Bindschadler, 1986; Sugiyama and Gudmundsson, 

2004; Sugiyama et al., 2011). Here ub is glacier slip velocity, �b is basal drag, k is 

related to bed roughness and the thermal and mechanical properties of ice and m and n 

are positive exponents (Cuffey and Paterson, 2010). N is the effective pressure (N = pi 

– pw, where pi is ice overburden pressure). The ice velocities from Leverett Glacier 

vary in phase with the modelled water pressures, with a good agreement between the 

Figure 6.7. Modelled channel pressure head (red) and recorded ice velocity (blue) for a 12 day 

period in July 2010.  
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timing of daily maxima and minima (Figure 6.7). To examine whether the relationship 

between our modelled pressures and ice velocities conforms to that of Equation 6.6, 

modelled pressure head was converted to effective pressure and plotted against 

velocity, as shown in Figure 6.8a. 

The bulk of the data show an obvious correlation between modelled effective pressure 

and ice velocity which appears consistent between the two years (Figure 6.8a). There 

are however several points at which effective pressure is substantially less than zero, 

which is clearly unreasonable. If data from the very start of both discharge records is 

ignored, these points are almost entirely removed, and the scatter of the remaining 

data much reduced (Figure 6.8b). This is achieved by excluding data from before 3 

June in 2009 and 23 May in 2010 (Figure 6.2a), equivalent to removing data when 

discharges were less than 30 and 60 m
3 

s
-1

 in those years respectively (~ 10 % of the 

total modelled pressure record). 

There are several probable explanations for the poor performance of the model and 

over prediction of water pressures near the start of the melt season, which justify the 

exclusion of these data points. Firstly, the initial period of poor model performance 

may reflect the time taken for efficient channels to replace distributed drainage 

morphologies as the dominant mode of subglacial drainage (Cowton et al., 2013 

(Chapter 4)). The physics of distributed drainage morphologies, such as linked-

Figure 6.8. Comparison of modelled effective pressure and ice surface velocity. To maximize the 

range of the available data, the maximum and minimum values from each day are plotted. Data 

from 2009 is shown in blue; 2010 is in black. a. All data (except 8 May 2010, when N = -4.6 MPa, 

us = 325 m), with data from before 3 June 2009 and 23 May 2010 shown as crosses. b. Excluding 

data from before 3 June 2009 and 23 May 2010. Green line shows N
-0.81

. Red line depicts the 

function used to model ice velocities (Equation 7), as described in Section 6.4.2.  
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cavities, are different to that of channels (Schoof, 2010), and so the model is not 

expected to function effectively during periods when a significant proportion of 

discharge occurs through a distributed drainage system. Runoff from the lowermost 

part of the glacier tongue directly across the ice surface and in ice marginal streams 

also accounts for a relatively large proportion of total discharge when discharge is 

very low (< 5 m
3 

s
-1

),  generating variations in proglacial discharge that do not reflect 

conditions in subglacial channels. Additionally, modelled pressure becomes 

increasingly sensitive to errors in the discharge record at very low discharges. For 

example, using the parameter values defined in Section 6.3.3, a sudden rise in 

discharge from 2 to 2.4 or 2.8 m
3
 s

-1
 results in a modelled transient pressure spike of 

398 or 483 m respectively. Errors in the discharge data are likely to be proportionally 

greatest at very low discharges, when the melting of ice in the river bed caused the 

channel cross section to change over time, and so model requirements may be beyond 

the quality of the data during this period. 

Linear regression of Equation 6.6 was used to examine the strength of the relationship 

between modelled pressure and ice velocity. To fit the data, m was adjusted to 

optimize the correlation while allowing k�b
n
 to vary freely. Prior to fitting, 40 m yr

-1
 

was subtracted from all values of surface velocity, us, in order to convert surface 

velocities into approximate slip velocities, ub. This value was chosen because it is the 

lowest recorded ice velocity (30 August 2009), and as such represents the maximum 

possible motion due to internal deformation, ud. To optimize the fit, data from prior to 

3 June 2009 and 23 May 2010 (Figure 6.8a, as described above), and the two 

remaining values where N is negative (Figure 6.8b), were not included. The optimal 

fit was found at m = 0.81 (k�b
n
 = 65), where r = -0.75 (p < 10

-6
; Figure 6.8b). The 

strength of this relationship suggests the model is in general producing reasonable 

pressures, and that this pressure is an important control on ice dynamics. The 

relatively large degree of scatter that we observe has been reported elsewhere from 

concurrent observations of borehole water pressure and ice velocity and may reflect 

complexities in the relationship between water pressure and ice velocity, through 

processes such as stick-slip motion (Fischer and Clarke, 1997; Sugiyama and 

Gudmundsson, 2004; Sugiyama et al., 2011). 

While Equation 6.6 theoretically links water pressure and ice velocity (Bindschadler, 

1983; Iken and Bindschadler, 1986), in reality a better agreement is likely to be found 
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using a slightly modified form of this relationship (Cuffey and Paterson, 2010). This 

is because as effective pressure decreases, resistance to flow is increasingly 

transferred from the bed to the valley walls and surrounding ice, making velocity less 

sensitive to a further decline in effective pressure (Cuffey and Paterson, 2010). We 

therefore experimented with a variety of functions, based on Equation 6.6, when using 

the modelled pressures to model ice velocity. It was found that agreement between 

modelled and observed ice velocities was improved by increasing the exponent m in 

equation 6.6 to steepen the gradient at higher effective pressures, switching to a linear 

relationship between pressure and velocity at lower effective pressures and eventually 

stabilising at effective pressures substantially below zero. This stabilisation was set to 

occur at 585 m yr
-1

, based on the maximum recorded ice velocity (22 May 2010). The 

modelled velocities given in this paper are therefore computed using  

545 + ud  N < -0.2 

us  =  -660 N + 410 + ud -0.2 < N < 0.4 

30.75 N 
-1.7

 + ud N > 0.4 

(6.7) 

This function is shown in Figure 6.8b, and the observed and resulting modelled ice 

velocities are given in Figure 6.9. There is in general a striking similarity between the 

modelled and observed velocity records throughout both seasons (Figure 6.9a-b). This 

is highlighted in Figures 6.9c-d, which show a good agreement between the modelled 

and observed velocities during both an early summer high velocity event (Figure 6.9c) 

and a series of late summer diurnal cycles (Figure 6.9d). Over the course of the 2009 

and 2010 melt seasons, the cumulative modelled ice displacement is equal to 99 and 

102 % of the observed ice displacement respectively, although these figures conceal 

greater disparity between the records at points earlier in the summer (Figure 6.10). In 

line with the modelled water pressures, ice velocities are exaggerated at the onset of 

the melt season, when the sensitivity of the model to errors is greatest and the 

assumption that drainage occurs primarily through a channelised subglacial drainage 

system is likely invalid (Figure 6.9a-b). At other times however (most frequently 

during May and June 2010 and early July 2009), the modelled velocity spikes are 

underestimated relative to observations, particularly during the days immediately 

following a high velocity event (e.g. May 22-28; Figure 6.9b). Nevertheless, the 
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similarities between the modelled and observed velocity records offer strong support 

for the simple theory of channel evolution underpinning the model, and the 

importance of transient variation in channel water pressures as a control on ice 

velocity. 

6.5 Discussion 

6.5.1 Implications for glacial processes 

The success of this approach in linking discharge, water pressure and ice velocity 

demonstrates that transient fluctuations in channel water pressure are an important 

control on ice velocity. Because a set rise in discharge corresponds to a lesser rise in 

pressure in a larger channel compared to a smaller channel, discharge fluctuations 

reflect increasingly small fluctuations in pressure as mean discharge rises and 

channels expand. Through this mechanism, velocity falls as discharge rises even 

without an explicitly inverse relationship between steady-state water pressure and 

discharge. Because the size of melt fluctuations relative to preceding conditions is the 

key control on the magnitude of transient water pressure fluctuations, increasing or 

decreasing the seasonal hydrograph by a set factor has no impact on the modelled ice 

dynamics. The greatest impact of transient pressure fluctuations on seasonal ice 

displacement would therefore be expected not to occur in either years with the 

greatest or least melting, but during long melt seasons with relatively low mean 

discharge punctuated by high levels of melt variability (Bartholomew et al., 2012; 

Schoof, 2010). 

The modelled pressures are based on the total flux of meltwater passing through a 

section of the glacier, the majority of which is likely transported by a major subglacial 

channel (Palmer et al., 2011). This will cover only a tiny fraction of the glacier bed, 

and so pressure fluctuations in this channel alone are unlikely to influence ice 

velocity. Our results therefore indicate that this main channel acts to control pressure 

through the surrounding drainage system, presumably by influencing the hydraulic 

gradients through the adjoining network of tributary channels (Covington et al., 2012) 

and between the channels and surrounding distributed drainage system (Bartholomaus 

et al., 2008; Hubbard et al., 1995). This means that water pressure, and subsequently 

ice velocity, at any point on the glacier is determined not only by the local melt inputs 

but by all meltwater entering the catchment upstream of this location. 
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Although we have found transient pressure fluctuations, driven by melt variability, to 

be a key control on patterns of ice velocity, it is possible that these patterns are 

superimposed on a velocity trend that reflects the adjustment of the channel to the 

near steady-state of long-term conditions (Röthlisberger, 1972; Röthlisberger and 

Lang, 1987; Schoof, 2010). During 2010, mean ice velocity is slightly underestimated 

during late May and early June and then slightly overestimated during July and 

August (Figures 6.9 and 6.10). This error could be due to decreasing steady-state 

water pressure as discharge rises, which is in keeping with steady-state theories 

(Röthlisberger, 1972; Schoof, 2010). It is however difficult to interpret this trend with 

confidence given the simplifications and uncertainties in the model, and in particular 

the fitting of the sliding-law function (Figure 6.8b). Furthermore, this trend of under 

and then over prediction of ice velocities is less clear during the 2009 melt season. 

In order to understand how seasonal ice displacement will respond to a warming 

climate, it is crucial that mean velocities can be accurately predicted. Discrepancies 

between modelled and observed velocities on diurnal timescales accumulate to 

produce more substantial errors in cumulative ice displacement during some sections 

of the melt seasons. For example, the consistent underestimation of velocity during 

June 2010 causes the trends of modelled and observed displacement to diverge over 

this period (Figure 6.10). If these errors are due to the assumption of a fixed steady-

state water pressure, which seems plausible, then it supports the assertion that both 

steady-state and transient pressure fluctuations should be accounted for when 

modelling seasonal ice velocity (Röthlisberger and Lang, 1987; Schoof, 2010). 

Figure 6.10. Modelled (red) and observed (blue) cumulative ice displacement over the duration 

of the 2009 and 2010 records.  
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6.5.2 Predictive capacity 

In the preceding sections, the model has been used to inversely calculate the 

fluctuations in channel pressure required to explain the observed proglacial discharge. 

It is possible to modify the model to predict the pressure fluctuations generated by 

variations in the meltwater input to the drainage system (and the subsequent variations 

in proglacial discharge) for a simple scenario in which surface meltwater enters a 

moulin before drainage along a subglacial channel to the ice margin (e.g. 

Bartholomew et al., 2012). To do this, it is necessary to add an additional step to the 

calculation. Firstly, Equation 6.6 is rearranged for Q such that 

zp

zp
QQ

s +

+
=  

(6.8) 

This calculates the discharge along the channel between the moulin and the ice 

margin, based on the hydraulic gradient and the preceding discharge. This moulin is 

conceptualised as an englacial reservoir, in which the depth of stored water 

determines the pressure head in the subglacial channel (Bartholomew et al., 2012). 

Changes in pressure can therefore be calculated through  

Figure 6.11. Examples of the modelled changes in proglacial discharge (a) and pressure (b) 

resulting from changes in surface melt input (thick grey line in (a)). In all scenarios t = 1 hour, ps 

(dashed line in (b)) = 100 m and z = 0. The red, blue and green lines show three scenarios in 

which the melt input at 0 hours (m
3
 s

-1
) divided by the cross section of the englacial conduit (m

2
) 

is equal to 1, 0.1 and 0.01 respectively. 
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surf
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QQ
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p −
=

δ

δ
 

(6.9) 

where Ae is the plan area of the englacial conduit and Qsurf is input of surface 

meltwater to a moulin. 

This differs from the original version of the model in that it explicitly accounts for the 

source of the pressure fluctuations – that is, the variation in water level in englacial 

conduits. This requires the cross sectional area of these conduits to be estimated. The 

effect of the cross section on the model results is shown in Figure 6.11. We find that 

the degree of similarity between Qsurf and Q is dependent on the ratio of the englacial 

reservoir cross section and the discharge (similar to the findings reported by 

Covington et al., 2012).  When the reservoir cross section is small relative to the 

discharge, Q closely follows Qsurf. If the cross section is increased relative to 

discharge, the volumes of englacially stored water become more significant and the 

system responds more slowly to variations in Qsurf. This means that cycles in Q and p 

become lagged and subdued relative to cycles in Qsurf, with pressure spikes followed 

by troughs before the system can regain equilibrium. 

A detailed examination of this process at Leverett Glacier is beyond the scope of this 

paper. However, this experiment has demonstrated that, in principle, the model is able 

to simulate subglacial pressures from melt input as well as proglacial discharge. The 

pressure fluctuations calculated in this way (at least for smaller englacial cross 

sectional areas; Figure 6.11) are very similar to those calculated from a similar 

discharge scenario in Section 6.3.2 (Figure 6.5). This supports the assertion that the 

principal cause of the pressure fluctuations modelled throughout this paper is the 

variation in meltwater input to the channelised drainage system. Furthermore, it 

suggests that, with a sufficiently accurate melt model, and taking into account surface 

retardation of melt water, it may be possible to use this model as a basis for simulating 

the pressure fluctuations occurring across a glacier in response to a climatic forcing. 

6.6 Conclusions 

In this paper we have succeeded in linking concurrent meltwater discharge and ice 

velocity records from a Greenland outlet glacier by using the proglacial discharge 

record to model subglacial water pressures. The model is based on the hypothesis that 
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the key to understanding variations in ice motion lies in the transient pressure 

fluctuations that result from the lag between changes to the rate of meltwater input to 

the glacier and the subsequent adjustment of channel cross section, and not the steady-

state relationship between discharge and water pressure. This hypothesis is strongly 

supported by the effectiveness with which the modelled water pressure record can 

reproduce the observed ice dynamics. Our findings therefore support the assertion that 

melt variability, and not total melt, is of greatest importance in determining the 

hydrologically forced dynamic behaviour of Greenland’s outlet glaciers 

(Bartholomew et al., 2012; Schoof, 2010). Furthermore, the simplicity of this 

approach to modelling subglacial water pressure, requiring minimal computing power 

and knowledge of the subglacial environment, suggests that it has potential for 

predicting variations in ice motion in response to changes in meltwater runoff in a 

warming climate. 
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In Chapter 4, it was demonstrated that efficient subglacial drainage channels are the 

dominant drainage morphology along the lower 14 km of Leverett Glacier throughout 

much of the melt season, with the complementary tracing study by Chandler et al. 

(2013) demonstrating that these channels extend greater than 40 km from the ice sheet 

margin. Modelling work in Chapter 6 then showed that variations in discharge 

through these channels can generate pressure fluctuations that closely resemble the ice 

velocity records on both diurnal and seasonal timescales.  The question remains, 

however, as to how variations in water pressure in discrete channels, which are 

expected to cover only a small fraction of the bed, can generate variations in velocity 

over large areas of the glacier. To answer this question, it is necessary to look in more 
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detail at how basal hydrology influences ice motion in areas adjacent to inferred 

subglacial channels. This chapter builds on the channel water pressures modelled in 

Chapter 6, to propose a mechanism through which these pressure fluctuations may, by 

governing the flow of water from a channel into and out of adjacent subglacial 

cavities, serve to control the sliding velocity of the glacier. 
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7.1 Abstract 

The incorporation of hydrology into ice sheet models remains problematic, hindering 

our ability to predict the evolution of the Greenland Ice Sheet under a warming 

climate. Here we use measurements of ice surface velocity and uplift in conjunction 

with a model of subglacial hydrology to examine the processes by which surface 

meltwater affects ice motion. We propose that while cavity volume influences 

horizontal ice velocities on seasonal timescales, the rate-of-change of cavity volume is 

more important on timescales of hours to days, with high magnitude velocity spikes 

reflecting periods of transient cavity expansion. These changes to cavity volume are 

driven by fluctuations in water pressure in the channelised drainage system, resulting 

from variations in the rate of surface meltwater input. We find that these variations in 

channel water pressure occur rapidly compared to the rate at which cavity volume 

adjusts, meaning cavities are seldom in a steady-state. Because of this, in areas of the 

bed close to subglacial channels, water pressure may be more closely correlated to the 

rate-of-change of cavity volume than to cavity volume itself. Because water pressure 

controls the rate-of-change of cavity volume, it is a better predictor of the short-term 

velocity spikes that result from cavity expansion than of the more gradual changes to 

velocity related to cavity volume. This may at least partially explain the difficulty in 

the development of a generic ‘sliding law’ linking ice velocity to water pressure. 

7.2 Introduction 

Concern that the Greenland Ice Sheet may be experiencing a destabilising feedback 

between temperature and ice velocity (Parizek and Alley, 2004) has led to a renewed 

focus on the influence of surface melting on ice dynamics. Field observations have 

however failed to reveal a consistent relationship between melt and ice velocity, with 

both accelerations and decelerations of Greenland’s outlet glaciers associated with the 

increased input of surface meltwater during the summer months (Bartholomew et al., 

2011b; Bartholomew et al., 2012; Das et al., 2008; Joughin et al., 2008; Shepherd et 

al., 2009; Sole et al., 2011; Sundal et al., 2011; van de Wal et al., 2008; Zwally et al., 

2002). Explanation of these observations has focussed primarily on the theoretical 

linkages between meltwater discharge, drainage system morphology and subglacial 

water pressure (Kamb, 1987; Röthlisberger, 1972; Schoof, 2010). These explanations 

are based on the association of greater glacier sliding velocities with greater basal 
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water pressures (Bindschadler, 1983; Iken and Bindschadler, 1986), but exactly how 

water pressure controls ice velocity remains poorly understood (Harper et al., 2007; 

Sugiyama and Gudmundsson, 2004). In order to better assess the probable impact of 

increased melting on the dynamics of the Greenland Ice Sheet, it is therefore 

necessary to improve our understanding both of how meltwater discharge relates to 

basal water pressure, and how basal water pressure in turn relates to ice velocity. 

High subglacial water pressures facilitate the formation of water filled cavities 

between the bed and basal ice (Bindschadler, 1983; Lliboutry, 1968). Theory suggests 

that horizontal ice velocity should be greater when the volume of water-filled basal 

cavities is larger, because these cavities serve to decrease the roughness of the bed  

(Kamb, 1970; Lliboutry, 1968). Horizontal ice velocity is predicted to be greater still 

when the volume of subglacial cavities is increasing, as this acts to exert a down-

glacier force on the basal ice forming the cavity walls (‘hydraulic jacking’) (Iken, 

1981). While the direct observation of cavities is extremely difficult, these predictions 

are supported by observations of uplift of the glacier surface, which partially reflects 

the volume of water stored in basal cavities (Sugiyama and Gudmundsson, 2004). (In 

this paper, the term uplift is used to describe the vertical displacement of the ice 

surface due to changes in cavity volume, while uplift velocity refers to the vertical 

velocity of the ice surface resulting from changes in cavity volume - i.e. the rate-of-

change of uplift). Such observations show that the surface of glaciers is uplifted 

during the summer months when horizontal velocity is greatest, with maximum 

horizontal velocity often corresponding to periods when the uplift velocity is greatest 

(Bartholomew et al., 2010; Bartholomew et al., 2011b; Bartholomew et al., 2012; Iken 

et al., 1983; Kamb and Engelhardt, 1987; Sole et al., 2011; Sugiyama and 

Gudmundsson, 2004).  

In spite of these observations, the exact nature of the relationship between basal water 

pressure and ice velocity has remained elusive. If cavity volume increases with water 

pressure (Bindschadler, 1983), and maximum horizontal ice velocity occurs when 

cavity volume is increasing (Iken, 1981), then it follows that maximum horizontal ice 

velocities should correspond to the maximum rate of increase in water pressure. 

However, while numerous studies have shown there to be a clear link between basal 

water pressure and horizontal ice velocity on a range of timescales, the evidence 

remains equivocal as to whether horizontal ice velocity is greatest when water 
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pressure is increasing (Fischer and Clarke, 1997; Hanson et al., 1998; Nienow et al., 

2005) or when it is at a maximum (Hooke, 1989; Iken, 1972; Iken and Bindschadler, 

1986; Kamb et al., 1985; Kamb and Engelhardt, 1987). Furthermore, several studies 

that have measured both uplift and basal water pressure have found that the maximum 

uplift velocity coincides with the maximum water pressure, and not the maximum rate 

of increase of water pressure (Iken et al., 1983; Kamb and Engelhardt, 1987; 

Sugiyama and Gudmundsson, 2004; Vieli et al., 2004). 

An additional complexity is that while fluctuations in glacier velocity are closely 

associated with changes in surface melt rate, the glacier surface is seldom linked 

directly to the basal cavity network. Much of the water entering glaciers, and 

particularly thick ice masses such as the Greenland Ice Sheet, drains into moulins, 

Figure 7.1. Top: location of Leverett Glacier, showing the surface hydrological catchment (dark 

grey shading), with surface contours (in metres) and approximate Equilibrium Line Altitude 

(dashed, from van de Wal et al., 2008). Bottom: Landsat ETM+ image of lower part of Leverett 

Glacier (box in upper figure), showing surface contours, GPS sites S1-3 (stars) and moulins L4 

and L7 (circles). The inset shows ice surface (solid) and bed (dashed) topography along a NASA 

IceBridge flight line (dashed lined in main figure)(Allen, 2010; Krabill, 2010), with the location of 

GPS sites and moulins marked with vertical bars.  
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which focus the meltwater into efficient subglacial drainage channels (Catania et al., 

2008; Cowton et al., 2013 (Chapter 4)). Such channels cover only a tiny fraction of 

the bed, and yet research suggests that water pressure in the channels is closely linked 

to horizontal ice velocity (Bartholomew et al., 2012; Chapter 6). It is likely that 

fluctuations in channel pressure act as a key connection between surface melt rates 

and cavity processes (Hubbard et al., 1995; Iken et al., 1983; Nienow et al., 2005), but 

the interaction of distributed drainage systems (such as linked cavity networks) and 

channelised drainage systems remains poorly understood. 

Here we use field data from Leverett Glacier, west Greenland, to examine the links 

between cavity volume and ice dynamics. We then develop a simple model of the 

glacier bed, which we use to examine how these changes in cavity volume relate to 

predicted water pressure variations in the subglacial channels. In doing so, we seek to 

better understand what controls water pressure, and how this affects the motion of the 

glacier. 

7.3 Field data 

7.3.1 Methods 

Leverett Glacier is a land-terminating outlet glacier in west Greenland, with an 

estimated hydrological catchment area of over 600 km
2
 (Bartholomew et al., 2011a; 

Palmer et al., 2011) (Figure 7.1). Ice velocity was monitored at three sites within this 

catchment (S1-3, approximately 2, 7 and 17 km from the glacier terminus; Figure 7.1) 

during 2009 and 2010 using dual-frequency Leica 500 and 1200 series receivers 

processed to give horizontal velocity and vertical position over a 6-hour sliding 

window, as described by Bartholomew et al. (2012). These units lost power over 

winter, and so the displacement from autumn to spring was used to calculate mean 

horizontal and vertical motion over this period. Errors in the velocity data are ± 14.6 

m yr
-1

 (0.04 m d
-1

) in the horizontal direction, while vertical ice position has an 

estimated error of ± 0.02 m (Bartholomew et al., 2012). 

Vertical ice motion comprises three components – that due to changes in basal cavity 

volume (uplift), that caused by strain due to longitudinal ice coupling, and that 

comprising the vertical component of down-glacier ice motion. The latter, which can 

be positive or negative depending on subglacial bedrock topography, forms a 

substantial part of vertical ice motion, and must be removed before the seasonal uplift 
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patterns may be studied. This can be achieved by subtracting a trend line connecting 

the ice surface at the time immediately preceding the onset of uplift in both years, 

when the volume of basal cavities is likely to be most similar (Iken et al., 1983) 

(Figure 7.2). However, this is complicated if the GPS antenna pole undergoes a 

substantial lean at some point in the observation period, adding an unknown 

component of vertical motion which is significant on the scale of vertical ice 

movement. S3 was least affected by these issues over the period from spring 2009 to 

autumn 2010, and so it is the record from this GPS that is examined in detail in this 

paper. 

The level of englacially ponded water was monitored in two moulins (located 

approximately 4 and 7 km from the terminus, and termed L4 and L7 correspondingly; 

Figure 7.1) during the 2010 melt season using HOBO pressure transducers (Cowton et 

al., 2013 (Chapter 4); Chapter 6). This level (relative to the bed elevation) represents 

the pressure head within the channel draining from the moulin, and is expected to be 

related to the pressure in the main subglacial channel (Chapter 6). The water level 

records from both moulins were limited by the freezing-in of the sensors (the sensors 

at L4 and L7 were deployed on 25 and 31 May and ceased functioning on 3 and 9 

June respectively), and also by the tendency of the water level to drop below that of 

the sensor (Cowton et al., 2013 (Chapter 4)). 

Figure 7.2. Recorded elevation of the GPS at S3 (blue) between spring 2009 and autumn 2010, 

expressed relative to the initial position. The red line shows the trend, from spring 2009 to spring 

2010, subtracted to leave the uplift.  
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The stage of the proglacial river was monitored at 5 minute intervals during the 2009 

and 2010 melt seasons at a stable bedrock section ~ 2.2 km downstream from the 

portal and converted to discharge using a rating curve developed from dye dilution 

gauging (Bartholomew et al., 2011a). Errors in discharge measurement are estimated 

at ± 15 %  (Bartholomew et al., 2011a; Cowton et al., 2012 (Chapter 5)).  

7.3.2 Results 

Horizontal ice velocity and uplift are shown in Figure 7.3. Ice velocity exhibited 

substantial variability throughout the 2009 and 2010 melt seasons (Bartholomew et 

al., 2011b; Bartholomew et al., 2012). Greatest horizontal velocities were observed 

during the first part of both melt seasons, which were characterised by a series of 

distinct velocity spikes, each lasting several days, with mean velocities on some days 

reaching a factor of three greater than the mean winter velocity of ~ 100 m yr
-1

. In 

comparison, mean daily velocities were relatively stable during the latter half of both 

Figure 7.3. Horizontal ice velocity (grey, with 24 hour mean values shown in blue) and uplift (red), 

during - a. 2009; b. 2010; c. detail from 2010.  
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melt seasons. Diurnal cycles in velocity occurred throughout both melt seasons, with 

the variation in velocity over the course of 24 hours often far exceeding fluctuations 

in mean velocity between days. 

In addition to the variations in horizontal ice velocity, both melt seasons were 

characterised by significant uplift of the ice surface (Figure 7.3). Vertical motion due 

to longitudinal ice coupling is expected to be an order of magnitude lower than that 

observed at this site (Bartholomew et al., 2010), and so we attribute this movement 

primarily to uplift resulting from changes in basal cavity volume. Uplift increased 

during the first part of both melt seasons, before falling again during the latter part of 

the seasons to a level lower than that prior to the onset of melt in the spring 

(Bartholomew et al., 2011b; Bartholomew et al., 2012). The difference between the 

maximum and minimum uplift is ~ 1 m in both years. 

Periods of greatest horizontal ice velocity correspond to the periods of most rapid 

uplift velocity (Figure 7.3). This is highlighted in Figure 7.3c, which shows that this 

relationship holds for both mean daily velocity and diurnal velocity cycles. The 

observation that horizontal ice velocity is most closely related to the uplift velocity, 

and not the degree of uplift, has been reported from several studies on Leverett 

Glacier and elsewhere (Bartholomew et al., 2010; Bartholomew et al., 2011b; 

Bartholomew et al., 2012; Iken et al., 1983; Kamb and Engelhardt, 1987; Sugiyama 

and Gudmundsson, 2004). This is in agreement with theoretical arguments, which 

suggest that, although larger cavities facilitate greater horizontal ice velocities, 

horizontal ice velocity should be greatest during the periods of cavity expansion, as 

this process exerts a down-glacier force on the ice comprising the cavity walls (Iken, 

1981).  

7.3.3 Interpretation 

To investigate the relationship between cavity volume and horizontal ice velocity in 

more detail, we examined the degree to which uplift can explain horizontal ice 

motion. Uplift was divided into two components. The magnitude of uplift was taken 

as indicative of the mean depth of basal cavities (i.e. the spatially averaged thickness 

of the basal water layer), while the uplift velocity was taken as the rate-of-change of 

cavity depth. Regression analyses were carried out to examine the strength of these 

predictors with regards to horizontal ice velocity using mean 24 hour values. In some 
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experiments, the rate-of-change of cavity depth was subdivided into positive and 

negative components to account for the observation that over the course of a day the 

ice surface is often uplifted then returned to its original position, behaviour that is not 

well represented by examining 24 hour mean values. This was achieved by dividing 

each day into hourly means, calculating the change in uplift between each subsequent 

hourly value, then separately summing the positive and negative changes for each 

day. 

The results of this investigation are shown in Figure 7.4. The model is most effective 

at predicting horizontal ice velocity when both the magnitude of uplift and uplift 

velocity are considered (Figure 7.4d). This supports the assertion that both cavity 

Figure 7.4. Horizontal ice velocities modelled from the uplift observations, plotted against 

observed horizontal ice velocities. All values are 24 hour means. The four plots show ice 

velocities modelled using four different combinations of independent variables: a. uplift velocity 

(change in uplift from preceding 24 hour mean); b. uplift velocity (positive and negative changes 

considered separately, as described in the text); c. uplift; d. combination of b. and c. All models 

are based on a simple linear fit between the independent variables and ice velocity, with no 

significant improvement in the regressions if alternative curves are used. R
2 

values given are for 

a gradient of 1, passing through the origin (red line). In all cases, p-value < 10
-6

. 
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volume and the rate-of-change of cavity volume are important as controls on 

horizontal ice motion (Iken, 1981). The differing influence of these two controls can 

be seen if the modelled horizontal velocity is plotted alongside the observations from 

Leverett Glacier (Figure 7.5). The uplift velocity (rate-of-change of cavity depth) is 

responsible for generating the large spikes in horizontal ice velocity that occur over 

timescales of a few days. The effect of the magnitude of uplift (cavity depth) is more 

subtle, but remains important as it serves to alter the mean velocity around which 

these fluctuations occur.  

The goodness of fit is also increased by considering positive changes in elevation 

independently to negative changes (Figure 7.4a-b). This indicates that an increase in 

cavity depth generates an increase in horizontal ice motion that is not balanced by the 

slow down associated with the subsequent decrease in cavity depth. This suggests that 

the expansion then contraction of a cavity will generate a greater horizontal 

displacement of ice than if the cavity had remained consistently at the mean volume 

Figure 7.5. Observed horizontal ice velocity (red) and ice velocities calculated using the models 

described in Figure 7.4. The lines show the data from Figures 7.4b (black), 7.4c (green) and 7.4d 

(blue). 
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over the same period. This may reflect a difference in the extent to which cavity 

expansion and contraction influence ice velocity (Iken, 1981). 

7.4 Modelling 

7.4.1 Model 

7.4.1.1 Overview 

The ice motion data presented above highlight the importance of cavity volume and 

the rate-of-change of cavity volume as controls on horizontal ice velocity. To 

investigate what in turn controls cavity volume, we created a highly simplified model 

of the basal drainage system, comprising a one dimensional transect of the glacier bed 

perpendicular to a subglacial channel. Pressure variations originate in this channel, 

and spread outwards as waves through the surrounding distributed drainage system, 

determining the water pressure in subglacial cavities (Hubbard et al., 1995; Nienow et 

al., 2005). When the water pressure in cavities is greater than the ice overburden 

pressure exerted on the cavity, the cavity expands (Iken, 1981). Conversely, if the 

water pressure is less than the ice overburden pressure, the cavity contracts. The ice 

overburden pressure exerted on the cavities is proportional to the volume of the 

cavity. As such, if the pressure forcing is sustained for a sufficient period, the 

adjustment of cavity volume will continue until a steady state, in which water pressure 

and ice overburden pressure are equal, is reached (Iken, 1981). These adjustments to 

cavity volume do not occur instantaneously in the model, but instead take place at a 

rate proportional to the difference between the water pressure and ice overburden 

pressure. Because channel water pressure fluctuates rapidly compared to the rate at 

which the cavities can expand and contract, the cavities are seldom in a steady-state, 

and the cavity water pressure often does not vary in phase with cavity volume, in 

keeping with observations (Kamb and Engelhardt, 1987; Sugiyama and 

Gudmundsson, 2004). Further details on the components of the model are given in the 

following sections, with an overview of the model parameters is given in Table 7.1 

and a discussion of the impact of varying these parameters in Section 7.4.2.2. 
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7.4.1.2 Water pressure 

The model is driven by water pressure in the channel, which is input as a timeseries. 

This timeseries was in turn modelled from the proglacial discharge records (Figure 

7.6), using the method described in detail in Chapter 6. This approach is based on the 

assumption that the primary variations in channel water pressure are transient pressure 

fluctuations that result from the lag between changes to the rate of meltwater input to 

the glacier and the subsequent adjustment of channel cross section. Under this 

assumption, channel pressure head pw, is estimated through 

( ) z
Q

Q
zpp sw −+=

2

2

 

(7.1) 

Figure 7.6. Modelled water pressure head (grey, with 24 hour mean values shown in blue) and 

proglacial discharge (red), during - a. 2009; b. 2010; c. detail from 2010.  
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where z is bed elevation (relative to the portal) at the upstream location of interest, Q 

is discharge, Q  is mean discharge over a specified period preceding the time of 

interest (taken as 12 hours), and ps is estimated mean seasonal steady-state pressure 

(taken as 80 % of the ice overburden pressure). Detail on the derivation, calibration 

and validation of this model is given in Chapter 6. This method provides an estimate 

of changing pressure in the subglacial channel system over the course of the melt 

season, a record which is extremely difficult to obtain from direct field measurements. 

These fluctuations in water pressure are transmitted outwards from the channel as 

waves through the surrounding distributed drainage system, becoming lagged and 

attenuated with increasing distance from the channel (Nienow et al., 2005). This 

processes was simulated according to the findings of Hubbard et al., (1995), who 

examined diurnal pressure variations around a subglacial channel through the use of a 

borehole array at the Haut Glacier d’Arolla. Through this, the time t taken for the 

arrival of a pressure wave at a point of distance x from the channel is given through 

ωD
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t
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=  

(7.2) 

(Hubbard et al., 1995, from their Equations 3-5) while its attenuation is calculated as 
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(Hubbard et al., 1995, their Equation 7). Here � is the angular frequency of the 

periodic boundary condition (2 � / t = 7.27 x 10
-5

 for diurnal cycles), a(0) is the 

amplitude of the fluctuation at its source, and D = K / S is the hydraulic diffusivity, 

where K is the hydraulic conductivity of the sediments and S is the specific storage of 

basal sediments (the volume of water released from saturated storage by a unit volume 

of material under a unit decline of hydraulic head) (Hubbard et al., 1995). This 

concept of hydraulic diffusivity may not be strictly appropriate for a system in which 

water flows only partially through sediments, with a substantial component of flow 

presumably occurring through the linked cavity network. Hubbard et al. (1995) were 

however able to use this method to effectively model the dissipation of pressure 
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waves around a channel at the Haut Glacier d’Arolla, where seasonal uplift variations 

suggest that cavitation is also widespread (Mair et al., 2002; Nienow et al., 2005). We 

therefore assume, in the absence of any alternative data on the basal conditions at 

Leverett Glacier, that the values derived by Hubbard et al., (1995) should produce an 

estimate of the lateral dissipation of pressure waves at Leverett Glacier of sufficient 

accuracy given the simplifications in the model. As such, we assume that hydraulic 

diffusivity declines away from the channel in a manner identical to that observed at 

the Haut Glacier d’Arolla, such that D = 43.5e
-0.091x

 (Hubbard et al., 1995, their 

Equation 6). Under these conditions, pressures waves propagate ~ 100 m from the 

channel (Figure 7.7). 

7.4.1.3 Ice overburden pressure 

In a steady-state, the pressure of water in a cavity is equal to the pressure exerted on 

the cavity by the overlying ice. The pressure exerted by the overlying ice increases as 

cavities expand and occupy a greater proportion of the bed. The relationship is not 

straightforward however, depending on bed roughness, ice velocity, the availability of 

Figure 7.7. Modelled propagation of a diurnal pressure wave from the subglacial channel. The 

lines show pressure head at 10 m intervals perpendicular to the channel to 100 m distance (blue), 

with the greatest pressure fluctuations occurring closest to the channel (red).  
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water and the coupling of the overlying ice to the surrounding glacier (Cuffey and 

Paterson, 2010). Empirical evidence for the nature of this relationship comes from 

Trapridge Glacier, Canada, where Flowers and Clarke (2002b) found there to be a 

highly nonlinear increase in pressure with the depth of stored water. For simplicity, 

we therefore link the mean depth of stored water, h, with the ice overburden pressure, 

pi, exerted on the cavity through 

2
1 cep
hc

i +=  

(7.4) 

where c1 and c2 are constants. The effect of varying these constants is considered in 

Section 7.4.2.2. 

7.4.1.4 Adjustment of cavity size 

The size of the cavity adjusts depending on the difference between the cavity water 

pressure and the ice overburden pressure exerted on the cavity. We specify that this 

adjustment occurs at a rate proportional to the difference between the water pressure 

and the ice overburden pressure 
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h
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∂
3  

(7.5) 

c3 is responsible for determining the rate at which this adjustment occurs. This is 

likely to be influenced by basal ice velocity (Schoof, 2010), as sliding encourages 

cavity opening by forcing basal ice to deform around subglacial obstacles (Lliboutry, 

1968). The coupling of hydrology and ice motion is however beyond the scope of this 

work, and as such c3 is kept as a constant. 

7.4.2 Results 

7.4.2.1 Channel water pressure 

Figure 7.6 shows proglacial discharge and modelled subglacial channel pressure 

during the 2009 and 2010 melt seasons. The start of the modelled pressure record in 

the spring is slightly delayed relative to the onset of runoff, because the model 

predicts unrealistically high channel pressure heads (hundreds of metres greater than 

the ice thickness) for a few days following the onset of runoff Chapter 6. This is 

attributed to the greater sensitivity of the model to errors in discharge measurement at 
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small discharges, and the probable drainage of a substantial component of discharge 

through a distributed rather than channelised drainage system at this early stage in the 

season (Cowton et al., 2013 (Chapter 4); Chapter 6). The absence of significant day-

to-day variation in the recorded uplift at this time (Figure 7.3) indicates that the input 

of surface meltwater had not yet begun at S3 (the site is ~ 17 km inland from and ~ 

450 m above the margin), and so the removal of this data should have little impact on 

the predicted development of the subglacial hydrology in this location. 

For the remainder of the melt season, there is a striking similarity between the patterns 

of modelled channel pressure and horizontal ice velocity, which is apparent at both 

mean-daily and diurnal timescales (Figures 7.3, 7.6 and 7.8). Peak velocities occur 

concurrently with modelled peak pressures, and not at the time of peak rate of 

increase of pressure (Figure 7.8). The timing of the diurnal peaks in modelled 

pressure, and their coincidence with peak horizontal ice velocities, is supported by the 

moulin water level records (Figure 7.9). The level of pooled water in a moulin 

corresponds to the pressure head in the tributary channel into which the moulin drains, 

which in turn is expected to be closely related to (though not necessarily equal to) the 

pressure head in the main arterial channel (Schuler et al., 2004; Chapter 6). Although 

the patchiness of the recorded water level data, and the asymmetric form of the peaks, 

makes it difficult to ascertain its exact alignment with regard to the modelled water 

pressures, the timing of the modelled and observed cycles is very similar. This 

supports the assertion that channel water pressure and horizontal ice velocity vary in 

phase.  

Figure 7.8. Horizontal ice velocity (blue) and modelled channel water pressure head (red) over 7 

days in 2010.  
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While simulated water pressure shows a close correspondence to horizontal ice 

velocity, there is no obvious agreement between simulated water pressure and ice 

uplift (Figure 7.10a-b). As uplift is inferred to be representative of cavity volume, this 

suggests that there may at any time be little relationship between water pressure in a 

subglacial channel and the volume of the surrounding cavities. There is however a 

much closer agreement between modelled pressure and the uplift velocity (Figure 

7.10c-d), indicating that channel water pressure more strongly controls the rate of 

adjustment of cavity volume. 

7.4.2.2 Cavities 

The model was used to predict the variations in water pressure and cavity size 

occurring across a zone extending ~ 100 m from the channel, similar to the Variable 

Pressure Axis (VPA) observed using boreholes at the Haut Glacier d’Arolla (Hubbard 

et al., 1995). Because surface motion will be a spatially averaged product of these 

processes, we compare our observations of surface ice motion to the mean of changes 

predicted across the modelled VPA. 

A variety of model outcomes are shown in Figure 7.11. These are displayed so as to 

demonstrate the impacts of varying the model parameters, in particular the constants 

c1-3, which are given in Table 7.1. In all scenarios, the onset of melt water input in the 

Figure 7.9. Comparison of recorded moulin water pressure and modelled channel water pressure 

between 25 May and 8 June 2010. Gaps in the recorded water level at L4 have been filled with a 

spline-interpolant to give an indication of the likely depth of troughs in water pressure. Lines 

show recorded L4 (blue, with interpolated sections dashed) and L7 (green) water pressure, and 

modelled channel water pressures based on the ice thickness in the vicinity of L4 (orange) and L7 

(red). The left hand axis shows water pressure as a percentage of local ice overburden pressure, 

while the right hand axis shows absolute pressure head for L4 / L7 respectively.  
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spring (i.e. the point beyond which channel pressures are set to equal the modelled 

channel pressures shown in Figure 7.6) is prescribed as 3 June 2009 and 18 May 

2010. These dates are the first days on which there is a substantial change in the 

recorded uplift (Figure 7.3), and so likely indicate the initiation of surface meltwater 

input at this site. 

In Figure 7.11a (Scenario A) the selected parameters give a good agreement between 

the observed and modelled uplift. Figure 7.11b (Scenario B) demonstrates the effect 

of changing c3, the constant determining the rate at which cavities adjust to a pressure 

imbalance (Equation 7.4). In Scenario B, c3 is increased, making cavity depth more 

responsive to pressure variations. The further this value is increased, the more closely 

cavity depth reflects the current channel water pressure, until the pattern of variation 

in cavity depth is identical to that in water pressure. Conversely, if c3 is reduced, 

cavity growth is inhibited such that the modelled uplift is much smaller than the 

observations. 

Figure 7.10. a-b. Comparison of modelled water pressure head (blue) with recorded uplift (black) 

during (a.) 2009 and (b.) 2010. c-d. Comparison of modelled water pressure head (blue) with 

recorded uplift velocity (red) during (c.) 2009 and (d.) 2010. All values are 24 hr means.  
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Figure 7.11. Observed (blue) and modelled (red) uplift curves for the i. 2009 and ii. 2010 melt 

seasons. The combinations of parameters used in each simulation are given in Table 1.  
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Value Symbol Parameter Equat-

ions Scenario 

A 

Scenario 

B 

Scenario 

C 

Scenario 

D 

Unit 

pw Water pressure 

head 
7.1,7.5 - - - - m 

ps 
Steady state 

channel pressure 

head 

7.1 560 560 560 560 m 

z Bed elevation 7.1 -247 -247 -247 -247 m 

Q Proglacial 

discharge 
7.1 - - - - m

3 
s

-1
 

__ 

Q 

Mean discharge 

over preceding 

period 

7.1 Period 

length = 

12 hours 

Period 

length = 

12 hours 

Period 

length = 

12 hours 

Period 

length = 

12 hours 

m
3
 s

-1
 

t Time 7.2,7.5 - - - - s 

x Distance from 

channel 
7.2,7.3 - - - - m 

D Hydraulic 

diffusivity 
7.2,7.3 - - - - m

2
 s

-1 

� Angular frequency 

of periodic water 

pressure 

fluctuation 

7.2,7.3 7.27 x 10
-5

 7.27 x 10
-5

 7.27 x 10
-5

 7.27 x 10
-5

 s
-1

 

a Amplitude of 

periodic water 

pressure 

fluctuation 

7.3 - - - - m 

h Mean depth of 

water stored in 

cavities 

7.4,7.5 - - - - m 

pi 
Ice overburden 

pressure 
7.4,7.5 - - - - m (water 

equivalent) 
c1 

Constant 7.4 2 2 1 4 - 

c2 
Constant 7.4 557.3 557.3 558.4 552.6 m 

c3 
Constant 7.5 4.7 x 10

-8 
1.4 x 10

-7
 4.7 x 10

-8
 4.7 x 10

-8
 s

-1
 

Table 7.1. List of model parameters with values used for simulations. 

The impact of the cavity depth – ice overburden pressure relationship (Equation 7.4) 

is demonstrated in Figures 7.11c and 7.11d (Scenarios C and D). In Scenario C, the 

increase in ice overburden with depth is reduced relative to Scenario A (i.e. c2 is 

smaller), slowing the drainage of water from the cavities back to the channel in the 

latter part of the melt season. Conversely, if c2 is increased and the ice overburden 

pressure rises more rapidly, the expansion of cavities is inhibited, as seen in Scenario 

D. 

The final constant, c2, determines the size around which cavities are relatively stable. 

In all of the scenarios, the initial cavity depth was set at 0.5 m, selected to allow the 

observed decrease in the autumn surface uplift relative to the spring (Figure 7.3). The 

value of c2 was chosen so that the pressure head exerted by the ice on a cavity of this 

depth was equivalent to 560 m of water. This is approximately equal to the mean 
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channel pressure head (Figure 7.6), and so there is not sustained influx of water into 

or out of the cavities during the melt season. If the initial ice overburden pressure 

exerted on the cavities was set at a higher value, there would be a sustained drainage 

of water out of the cavities following the onset of the melt season, until the pressure 

exerted on the cavities had dropped to be closer to water pressure in the channel. The 

uplift data (Figure 7.3) indicate however that this is not the case, with an apparent net 

increase in cavity volume during the first part of the melt season. 

7.4.2.3 Relationship between uplift and horizontal velocity 

The modelled uplift record was compared to the horizontal ice velocity record using 

the same statistical tests described in Section 7.3. The properties of the modelled 

Figure 7.12.  Horizontal ice velocities derived from the modelled uplift curve (Scenario A, Figure 

7.11a), plotted against observed ice velocities. All values are 24 hour means. The four plots show 

horizontal ice velocities modelled using the same four combinations of independent variables 

used in Figure 7.4: a. uplift velocity (change in uplift from preceding 24 hour mean); b. uplift 

velocity (positive and negative changes considered separately, as described in the text); c. uplift; 

d. combination of b. and c. All models are based on a simple linear fit between the independent 

variables and ice velocity, with no significant improvement in the regressions if alternative 

curves are used. R
2 

values given are for a gradient of 1, passing through the origin (red line). In 

all cases, p-value < 10
-6

. 
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cavities can be used to predict the observed ice velocity with a similar degree of 

accuracy to that of the cavity properties inferred from the observed uplift of the ice 

surface, albeit with a slightly greater importance of cavity depth relative to the rate-of-

change of cavity depth (Figures 7.12 and 7.13). 

7.4.3 Interpretation of modelling results 

There is a strong similarity between the modelled water pressures and the ice velocity 

records (Figures 7.3, 7.6 and 7.8). Greatest horizontal ice velocities and uplift 

velocities occur when channel water pressure is greatest, and not when channel water 

pressure is increasing. High water pressures therefore appear to stimulate the rapid 

growth of cavities, and an associated spike in the forward motion of the glacier. There 

is however little obvious relationship between water pressure and the magnitude of 

uplift at any time (Figure 7.10), with the magnitude of uplift a cumulative product of 

the water pressure history. 

The interaction between water pressure and uplift is highlighted by the modelled 

uplift curve presented in Figure 7.11a. The close resemblance between this curve and 

Figure 7.13. Observed horizontal ice velocity (red) and ice velocities calculated using the models 

described in Figure 7.12. The lines show the data from Figures 7.12b (black), 7.12c (green) and 

7.12d (blue).  
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the uplift curve recorded at S3 demonstrates that a large part of the vertical motion 

recorded at this site can be explained by the expansion and contraction of subglacial 

cavities. Furthermore, it shows that the recorded changes in cavity volume can be 

generated by the net impact of numerous high frequency pressure fluctuations 

originating in the channelised drainage system. 

7.5 Discussion 

7.5.1 Water pressure and ice velocity 

Hydrology and ice dynamics are often linked by the use of a pressure dependent 

sliding law (Bindschadler, 1983; Iken and Bindschadler, 1986). Theory suggests that 

horizontal ice velocity should increase with water pressure, because greater water 

pressure is associated with larger basal cavities, which serves to decrease bed 

roughness (Lliboutry, 1968). Several field studies have demonstrated that basal water 

pressure and horizontal ice velocity do correlate, but the relationship is often noisy 

and differs between glaciers (Iken and Bindschadler, 1986; Raymond and Harrison, 

1987; Sugiyama and Gudmundsson, 2004).  

The findings of this paper highlight a possible explanation for the continuing 

difficulty in tying horizontal ice velocity to water pressure. Water pressure influences 

horizontal ice velocity by controlling the size of subglacial cavities. Horizontal ice 

velocity is predicted to be influenced by both the volume of cavities and, more 

strongly, the rate-of-change of this volume (Iken, 1981; Lliboutry, 1968). This is 

supported by the correlations we observe between horizontal ice velocity and both the 

magnitude and velocity of uplift of the glacier surface (Figure 7.4). If it is assumed 

that cavities are always in a steady-state, in which water pressure and ice overburden 

pressure are equal, then cavity volume and water pressure should correlate. Under 

these conditions, horizontal ice velocity should then correlate to the absolute water 

pressure and, more strongly, to the rate-of-change of water pressure. However, many 

studies have found horizontal ice velocity to be related only or primarily to the 

absolute water pressure (Iken, 1972; Iken and Bindschadler, 1986; Kamb et al., 1985; 

Kamb and Engelhardt, 1987; Sugiyama and Gudmundsson, 2004; Sugiyama et al., 

2011).  

Few studies have succeeded in obtaining simultaneous records of water pressure and 

cavity volume, and those that have found little obvious relationship between these two 
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variables. Sugiyama and Gudmundsson (2004) found that during high velocity events 

on Lauteraargletcher, borehole water level peaked prior to the maximum uplift, 

commenting that this “does not perfectly conform to the general idea that cavities 

expand when water pressure increases”, and as such that “presumably, cavity 

evolution under the transient state of water pressure is difficult to estimate” (p. 358). 

Kamb and Engelhardt (1987), on the other hand, suggested that the lag that they 

observed between peak borehole water level and peak uplift during high velocity 

events on Variegated Glacier, Alaska, was due to the “time for growth of the basal 

cavities once the high water pressure was applied” (p. 42). 

This observation that peaks in water pressure tend to precede peaks in uplift supports 

an alternative approach to the relationship between water pressure and horizontal ice 

velocity. If water pressure variations are driven by the high frequency (~ diurnal) 

pressure fluctuations in subglacial channels (Hubbard et al., 1995; Nienow et al., 

2005; Chapter 6), and if cavities respond only slowly to this forcing, then it is unlikely 

that they often exist in a steady-state. If this is true, then, as supported by observations 

(Kamb and Engelhardt, 1987; Sugiyama and Gudmundsson, 2004), cavity volume and 

water pressure may be poorly related, at least across those sections of the bed that are 

influenced by surface melt input. In this scenario, water pressure will not be an 

effective predictor of the component of horizontal ice velocity that relates to the 

absolute size of cavities. Conversely, in such a scenario, water pressure will be 

strongly related to the component of horizontal ice velocity resulting from the 

expansion of cavities, or hydraulic jacking. This is because at greater water pressures, 

the difference in pressure between the cavity and the overlying ice will be greatest, 

and so the rate of cavity expansion will be greatest. In this scenario therefore, water 

pressure is only able to directly predict one of the two cavity based processes that 

control horizontal ice velocity. 

This latter theory has been tested by the modelling work undertaken in this paper and 

found to be a plausible explanation for the vertical and horizontal ice motion recorded 

on Leverett Glacier over the course of two melt seasons. If this does indeed explain 

the functioning of the basal hydrological system, then a major implication of this is 

that temporally discrete measurements of water pressure cannot be used effectively to 

predict horizontal ice velocity. Although water pressure serves as a good predictor of 

the rate of cavity expansion or contraction, cavity volume is a summation of these 
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adjustments over the course of the melt season, and cannot be calculated without 

knowledge of how the water pressure has varied over this period. A set water pressure 

may therefore correspond to a range of sliding velocities, depending on the size of 

basal cavities at that time. This may at least partially explain the difficulty in 

determining a consistent relationship between water pressure and horizontal ice 

velocity. 

Further complexity may arise due to the spatial variation in water pressure at the bed 

(Figure 7.7). Based on the theory described above, a borehole drilled close to a 

channel (and therefore near to the source of the pressure forcing) should show greatest 

ice velocities at the times of greatest water pressure. Further from the channel 

however, water pressure fluctuations may be sufficiently lagged and subdued that  a 

borehole would show local water pressure to be still rising at the time of peak ice 

velocities (as driven by cavity processes nearer to the channel) (Figure 7.7). As such, 

some of the disagreement over the phase relationship between discharge and water 

pressure (e.g. Fischer and Clarke, 1997; Hanson et al., 1998) may stem from the 

comparison of local borehole water pressures with surface velocities reflecting 

average basal conditions over a wider area (Nienow et al., 2005). 

7.5.2 Impact of hydrology on ice dynamics 

It is well recognised that glacier velocities (including those of Greenland’s outlet 

glaciers) are normally fastest following the onset of melt in spring and decelerate 

during the summer, with the lowest velocities of the whole year often recorded during 

the late summer and autumn (e.g. Bartholomew et al., 2011b; Iken et al., 1983; Mair 

et al., 2002; Sundal et al., 2011; Zwally et al., 2002). These trends have generally 

been explained in terms of seasonal variations in water pressure related to drainage 

processes. The combination of high resolution ice velocity records and simulated 

channel and cavity behaviour examined in this paper provides further insight into how 

glaciers interact with their hydrological systems to generate the familiar seasonal 

trends in ice dynamics. 

Early in the melt season, channels are small and melt is increasing rapidly, leading to 

high channel water pressures. These high pressures stimulate the expansion of cavities 

at the glacier bed. This expansion exerts a down-glacier force on the basal ice, causing 

the glacier to accelerate. This process of hydraulic jacking generates large but short-
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lived increases in glacier motion whenever basal cavities are expanding (Iken, 1981). 

The net expansion of cavities during the early part of the melt season therefore 

generates large and frequent speed-ups, increasing the average glacier velocity. 

Furthermore, the high water pressures at this time may cause the most rapid cavity 

expansion of the whole year, and correspondingly the highest velocities are often 

recorded during this period (Iken et al., 1983). 

As the melt season progresses, subglacial channels expand. Combined with the 

relative stabilisation of run-off, this leads to a decrease in average water pressures. 

Throughout the latter part of the melt season there is therefore a net contraction of 

cavities. Diurnal melt cycles continue to generate fluctuations in water pressure, 

which in turn cause diurnal velocity cycles through the process of hydraulic jacking. 

Although these appear to result in higher mean velocities than would occur in the case 

of a constant mean pressure, the acceleration associated with cavity expansion is 

partially negated by the deceleration caused by the subsequent cavity contraction. 

Furthermore, the magnitude of the pressure spikes is small relative to the early melt 

season. The component of horizontal ice velocity resulting from hydraulic jacking is 

therefore small during the latter part of the melt season compared to the spring and 

early summer. 

As well as pushing the glacier forward, the expansion of cavities effectively smoothes 

the bed and concentrates stresses on the remaining basal obstacles, allowing faster 

sliding (Lliboutry, 1968). As such, even ignoring the impact of hydraulic jacking, 

average horizontal ice velocities would be greater during the early to mid melt 

summer when cavity volume is greatest. Conversely, by late summer, cavity volume 

has decreased and may have shrunk to be smaller than that prior to the onset of 

melting in the spring, resulting in very low sliding velocities at this time. This process 

is important, because it determines the background velocity upon which fluctuations 

resulting from hydraulic jacking are superimposed. 

The combination of these two processes is able to explain the seasonal horizontal ice 

velocity trends. Cavitation is greater, and increasing, during the early part of the 

season, resulting in greater velocities. By the end of the summer cavity volume is 

small, and further decreasing, leading to very low horizontal ice velocities. 
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7.6 Conclusions 

In this paper we have used measurements of ice motion and meltwater discharge from 

a land terminating outlet glacier in west Greenland to examine and simulate the 

interaction between hydrology and ice dynamics. An overview of this model is as 

follows. Water pressure variations originate in the channelised drainage system as a 

result of the ongoing variations in surface meltwater input. These propagate outwards 

from the channels, determining the water pressure in the surrounding subglacial 

cavities. The pressure exerted by the overlying ice on the roof of these cavities is 

proportional to cavity size. If the water pressure exceeds this pressure the cavity 

expands; if it falls below it, the cavity contracts. Horizontal ice velocity is 

proportional to cavity volume, and increases further at times when cavities are 

expanding (hydraulic jacking). 

If cavities adjusted rapidly to changes in water pressure, relative to the rate-of-change 

of water pressure, they would tend to exist in a state whereby cavity volume and ice 

overburden pressure were equal. In this case water pressure would be proportional to 

cavity volume. If however cavities adjust more slowly to changes in water pressure 

(relative to the rate-of-change of water pressure), water pressure is more likely to be 

proportional to the rate of cavity expansion, because greater water pressures increase 

the difference between the pressure in the cavities and the pressure of the overlying 

ice. In this case, there may be little obvious relationship between cavity volume and 

water pressure. 

Our findings, and those of previous studies (Iken et al., 1983; Kamb and Engelhardt, 

1987; Sugiyama and Gudmundsson, 2004), suggest that this latter scenario is more 

realistic, at least in those zones influenced by fluctuations in surface melt input. Water 

pressure therefore acts as a reasonable predictor of horizontal ice velocity because 

high water pressures are associated with a high rate of cavity expansion. However, 

water pressure cannot be directly used to predict the volume of subglacial cavities, 

because this is dependent on the history of water pressure variations at a site and the 

corresponding history of water exchange between subglacial channels and cavities. 

Water pressure is therefore relatively effective at predicting the high magnitude, short 

term variations in horizontal ice velocity that result from hydraulic jacking, but may 

be ineffective at predicting the gradual seasonal changes in velocity that result from 

changes in cavity volume. This suggests that sliding law relationships which seek to 
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directly relate ice sliding velocity to water pressure will continue to prove problematic 

(Nienow et al., 2005). Instead, it may prove necessary to insert an additional step, in 

which water pressure records are converted to changes in cavity volume over time. 

These changes in cavity volume could then form a more appropriate basis for the 

calculation of hydrologically forced variations in ice dynamics. 

The expansion and contraction of cavities, inferred both from surface uplift patterns 

and hydrological modelling, can explain the observed dynamics of Leverett Glacier. 

Greater mean cavity volumes are associated with greater mean horizontal ice 

velocities, while the process of cavity expansion results in large but generally short 

lived velocity spikes. Greatest horizontal ice velocities therefore occur during the first 

part of the melt season as a result of both the relatively high volume of cavities and 

their ongoing expansion during this period. Cavities then contract during the latter 

part of the melt season, and reach their annual minimum volume during the autumn, 

resulting in the very low horizontal ice velocities observed at this time. These 

processes occur as a cumulative result of large diurnal fluctuations in channel water 

pressure in response to rapidly changing surface melt rates. 
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In the preceding chapters, a model of the hydrology of Leverett Glacier has been 

developed. This started with the field investigations detailed in Chapter 4, 

demonstrating the importance of subglacial channels in transporting surface meltwater 

to the ice sheet margin. A simple numerical model of time-varying discharge in these 

channels was then developed (Chapter 6), allowing transient fluctuations in subglacial 

channel water pressure to be inversely modelled from recorded proglacial discharge. 

These transient pressure fluctuations closely resembled seasonal variations in ice 

dynamics recorded on Leverett Glacier. In the next chapter (Chapter 7), it was 

proposed that these fluctuations in channel water pressure control ice velocity by 

forcing the ongoing expansion and contraction of subglacial cavities. 
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In this final paper, these concepts are combined to create a minimalist system-scale 

model of glacier hydrology and dynamics. The simulation of subglacial channels and 

cavities is taken directly from Chapters 6 and 7. The novel contributions of this 

chapter are that these components are combined with the concept of englacial and 

subglacial reservoirs, and the model is reconfigured to simulate hydrology along a 

longitudinal transect of Leverett Glacier. This permits the model to be forced by 

spatially and temporally varying meltwater inputs, as calculated using a surface melt 

model. Variations in water pressure, cavity volume and, ultimately, ice velocity, can 

then be predicted along the length of the glacier. 

One of the principal objectives of this chapter is to further test the conceptual and 

numerical models developed in this thesis by examining the extent to which they can 

be combined to replicate observed glacier behaviour when used in conjunction with a 

realistic environmental forcing. In particular, this forms a way of testing whether the 

channel component of the model (Chapter 6) can be used to predict variations in water 

pressure from a melt input forcing as well as from proglacial discharge. The other 

principal objective of this chapter is to investigate whether this approach to modelling 

glacier hydrology holds potential for predicting the impact of surface melt on the 

dynamics of Greenland’s land-terminating outlet glaciers. However, the aim is not yet 

to present a model that is ready to be used in such a manner. Instead, this chapter 

seeks to highlight those components of the hydrological system that appear most 

important in controlling the dynamics of these glaciers, and demonstrate simple ways 

in which these components can be simulated to give realistic glacier behaviour, as 

well as identifying those parts of the model which require further improvement.  

There are two logical continuations of this work, both of which extend beyond the 

scope of this thesis. Firstly, further work could be undertaken to address the 

weaknesses of the model, with particular focus on making it more universally 

applicable. In this way, it may be possible to develop a stand-alone model of glacier 

hydrology and dynamics which, following a period of rigorous testing, could be used 

to predict the impacts of climatic variation on the dynamics of Greenland’s outlet 

glaciers. Secondly, this work should be of interest to the wider ice sheet modelling 

community. The incorporation of hydrology into ice sheet models has been held back 

in part by both uncertainty as to how hydrology affects ice dynamics and the difficulty 

of simulating these processes within the computational constraints imposed by large 
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models (Bell, 2008; Rutt et al., 2009). The simple model presented here may help 

towards addressing these issues by providing insight into which components of the 

hydrological system should be prioritised for incorporation into continental-scale ice 

sheet models, and how these processes can be simulated across large areas of the ice 

sheet from widely available datasets. 
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8.1  Abstract 

We present a minimalist model of the glacier hydrological system. The model 

comprises a series of tall, thin englacial reservoirs (representing moulins and englacial 

conduits), linked by subglacial channels and flanked by low, broad subglacial 

reservoirs (representing a linked cavity network). Water pressure is determined by the 

depth of water in the englacial reservoirs. Water enters the englacial reservoirs from 

the ice surface, and exits along a continually evolving channelised drainage system to 

the portal. Water is also exchanged between the englacial and subglacial reservoirs 

depending on the difference between water pressure and ice overburden pressure. This 

model is run for two melt seasons using temperature and ablation records from 

Leverett Glacier, a land-terminating outlet glacier on the western margin of the 

Greenland Ice Sheet. We find that the model is capable of reproducing observed 

proglacial discharge, while simulated fluctuations in water pressure closely resemble 

recorded variations in ice velocity at 6 sites along the glacier. Ice velocity is then 

statistically modelled based on the simulated changes in cavity volume, which are 

capable of explaining up to 70 % of variation in ice velocity along the transect of the 

glacier over the course of the two melt seasons. This suggests much of the seasonal 

variation in ice dynamics at Greenland’s outlet glaciers is a product of the time-

varying input of meltwater to a channelised drainage system. This approach to 

modelling glacier hydrology and dynamics may hold potential for improving the 

prediction of the dynamic response of the Greenland Ice Sheet to future climatic 

changes. 

8.2 Introduction 

It is recognised that the input of surface meltwater to a glacier is an important 

influence on the motion of the ice during the summer melt season. This process has 

been observed in a range of settings, from alpine glaciers (e.g. Bartholomaus et al., 

2008; Iken et al., 1983; Mair et al., 2002) and High Arctic ice caps (Bingham et al., 

2006) to major outlets from the Greenland Ice Sheet (e.g. Bartholomew et al., 2010; 

Joughin et al., 2008; Sole et al., 2011; Zwally et al., 2002). It has been proposed that a 

positive correlation between meltwater runoff and ice velocity would accelerate the 

demise of the Greenland Ice Sheet in a warming climate (Parizek and Alley, 2004). 

Observations gathered in Greenland remain equivocal however as to the impact of 
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runoff volume on ice motion (Bartholomew et al., 2011b; Sundal et al., 2011; van de 

Wal et al., 2008; Zwally et al., 2002). 

Before the relationship between runoff and ice velocity can be quantified, it is 

necessary to understand the functioning of the glacial drainage system. Of particular 

interest are the relationships between meltwater input, subglacial water pressure and 

subglacial water storage, as it is these which impact on the motion of the overlying ice 

(Iken, 1981; Iken and Bindschadler, 1986; Kamb, 1987; Lliboutry, 1968; Schoof, 

2010). To date however, there has been only limited success in using hydrological 

models to replicate ice velocity observations (Bartholomaus et al., 2011; 

Bartholomew et al., 2012; Colgan et al., 2011; Flowers and Clarke, 2002a; Pimentel 

and Flowers, 2011). This is problematic, because until it is possible to explain present 

day ice dynamics based on melt observations, it remains difficult in the extreme to 

make reliable predictions of future glacier behaviour under a warming climate. These 

difficulties in part lie in continued uncertainty regarding the morphology and 

functioning of the glacial drainage system of the Greenland Ice Sheet (Mair, 2012) 

and the relationship between water pressure and glacier velocity (e.g. Harper et al., 

2007). Further difficulties arise from the challenge of applying models to the spatially 

Figure 8.1. Location of Leverett Glacier hydrological catchment (dark grey shading), as derived 

from a surface DEM (Palmer et al., 2011) (contours in metres). Also shown are the locations of 

sites S1-6 (black stars with white centres), linked by the NASA IceBridge flight line along which 

bed elevation data is available (Allen, 2010) (Figure 3). Temperature and melt data come from 

S1, S3, S5 and S6, while velocity data is taken from S1-6. White stars show the equivalent 

locations of S4-6 within the Leverett catchment. 
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complex glacial environment, compounded by a lack of data with which to configure, 

force and test the models. 

Here, we attempt to overcome some of these issues in creating a simple model of the 

hydrology of Leverett Glacier, a land-terminating outlet glacier in western Greenland 

(Figure 8.1). A wealth of data has been collected at Leverett Glacier in recent years, 

which has facilitated the development and testing of theories relating to glacier 

hydrology and dynamics (Bartholomew et al., 2010; Bartholomew et al., 2011a; 

Bartholomew et al., 2011b; Bartholomew et al., 2012; Chandler et al., 2013; Cowton 

et al., 2013 (Chapter 4); Chapter 6; Chapter 7). This has enabled the identification of 

those processes that appear most important in controlling the hydrology and dynamics 

of the glacier. In two recent papers, we have proposed simplified models for the time-

varying flow of water along a subglacial conduit (Chapter 6) and between a subglacial 

conduit and the surrounding linked cavity network (Chapter 7). In spite of their simple 

nature, both these models have demonstrated an ability to replicate available 

hydrological and ice flow data from Leverett Glacier with a good degree of accuracy, 

with both predicted water pressures (Chapter 6) and cavity volumes (Chapter 7) able 

to explain greater than 50 % of the observed variation in ice motion on seasonal 

timescales. In this paper, we combine these models to create a simple model of glacier 

hydrology, which calculates subglacial water pressure, cavity volume and proglacial 

discharge from a time-varying surface melt forcing. These hydrological parameters 

are then used to predict ice motion along the glacier transect. 

Figure 8.2. Ice surface (blue) and bed (black) topography along the model transect, showing 

location of sites S1-6 (red circles).  
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8.3 Methods 

8.3.1 Model 

The model is driven by surface meltwater input, and calculates hydrological 

parameters at a series of nodes in an along-glacier transect representing the 

channelised drainage system. At each node, the flux of water along a separate 

transect, perpendicular to the main transect, is also calculated to represent the 

exchange of water between subglacial channels and adjacent cavities. The model (see 

Figure 8.3 for a schematic diagram) is divided into several subcomponents, outlined 

in the following sections. The configuration and calibration of the model are detailed 

in Sections 8.3.2 and 8.3.3. 

8.3.1.1 Budget 

At each node, the model is forced with the discharge of water into moulins, Qsurf. This 

water is added to a tall, thin englacial reservoir of plan cross sectional area Ae, which 

is directly connected to the channelised subglacial drainage system. Water may leave 

the englacial reservoir by flowing down-glacier along a subglacial channel (Qout) to 

the next node, where it enters the englacial reservoir as Qin. Alternatively, it may flow 

into the surrounding low, broad subglacial reservoir (Qsub), in which it will be 

temporarily stored. Water that does not exit by either of these routes remains stored in 

the englacial reservoir. The depth of water within this englacial reservoir determines 

the water pressure head, pw. The water budget is defined as 
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(8.1) 

8.3.1.2 Subglacial channels 
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In Chapter 6, we found that, in the case of time-varying discharge along a pressurised 

subglacial channel, Qout could be simplified to a dependence on hydraulic gradient 

and channel cross section. Furthermore, channel cross section could be approximated 

based on the mean discharge during a preceding period, so long as variation in steady 

state channel pressure, ps, with discharge is assumed to be small compared to the 

magnitude of transient pressure fluctuations. This allows pw to be approximated based 

on the ratio of the present to preceding proglacial discharge 
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Figure 8.3. Schematics of the model configuration 

(not to scale). a. Three dimensional representation, 

with symbols as defined in the text and Table 8.1. b. 

Plan view, showing englacial reservoirs (circles), 

subglacial reservoirs (shading) and channels 

(arrows). The left hand diagram shows the 

configuration depicted in (a.), while the right hand 

diagram shows an alternative configuration in 

which nodes 1 and 2 comprise a number of smaller 

englacial reservoirs linked by smaller channels.  The 

impact of varying the number of reservoirs and 

channels is discussed in Section 8.3.2. c. Flow 

diagram of model, showing reservoirs (boxes) and 

water transfers (arrows). Black arrows show 

instantaneous transfers, blue arrows show transfers 

dictated by channel equations and red arrows show 

water transfers dictated by cavity equations. 

c. 

a. b. 
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(8.2) 

where 
out

Q  is the mean proglacial discharge over a preceding period (found by 

experimentation to be approximately 12 hrs), and z is bed elevation (Chapter 6). This 

can be rearranged for Qout such that 
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Here, �z, �p and �ps refers to the difference in these variables between a node and the 

next node in a down-glacier direction. This addition to Equation 8.2 (as derived in 

Chapter 6) is necessary, because in the earlier chapter the downstream node always 

represented the portal, defined at 0 m elevation and atmospheric pressure. 

8.3.1.3 Subglacial cavities 

A model for Qsub was proposed in Chapter 7, and is summarised as follows. The 

subglacial reservoir represents an inefficient distributed drainage system characterised 

as a linked cavity network. Cavities expand when pw is greater than the ice overburden 

pressure exerted on the cavity, pi. pw is determined by the depth of stored water in the 

englacial reservoir, which is assumed to be instantaneously applied along subglacial 

channels connected to the englacial reservoir. pw is then transmitted more slowly as 

waves out into the cavities surrounding these channels, becoming increasingly 

subdued and lagged with distance from the channel. These waves are simulated 

according to the findings of Hubbard et al. (1995). The delay, tlag, in the arrival of 

these waves at distance x from the channel is calculated through 

 

ωD

x
t lag

4

2

=  

(8.4) 

while the attenuation of the wave is given through 
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Here � is the angular frequency of the periodic boundary condition (2 � / t = 7.27 x 

10
-5

 for diurnal cycles), a(0) is the amplitude of the fluctuation at its source, and D = 
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K / S is the hydraulic diffusivity, where K is hydraulic conductivity and S is the 

specific storage of basal sediments (Hubbard et al., 1995, from their Equations 3-6). 

The ice overburden pressure exerted on the roof of a cavity increases in a nonlinear 

manner as the volume of the cavity increases (Flowers and Clarke, 2002b). This 

relationship is however poorly constrained, and so the calculation of pi is simplified to  

 

2
1 cpep s

hc

i ++=  

(8.6) 

where h is the depth of water stored in the subglacial reservoir and c1 and c2 are 

constants. ps is incorporated into this relationship so that it determines the value 

around which both pi and pw fluctuate, allowing them to remain within a similar range. 

c1 and c2 allow the relationship to be adjusted such that h varies within a realistic 

range of values for subglacial storage, based on surface uplift. Cavities then expand or 

contract driven by the difference between pi and pw 
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where c3 is a constant determining the rate of expansion or contraction (see Section 

8.3.3 for the calibration of model parameters). Qsub is then calculated based on the 

change in storage depth and the plan cross sectional area of the subglacial reservoir, 

As 
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h
AQ Ssub

δ

δ
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(8.8) 

8.3.2 Model configuration 

In Figure 8.2a the model is visualised as a series of nodes, each representing a moulin, 

linked by a single channel. However, the model does not explicitly recognise the 

number of englacial reservoirs or subglacial channels at each node, and so each node 

can equally validly be imagined as a collection of moulins (Figure 8.2b). The 

variation in water pressure is dependent on the ratio of Ae to the various water fluxes 

passing through the englacial reservoir (Equation 8.1). As such, it makes no difference 

whether for a certain node, water is exchanged through a single englacial reservoir of 

area Ae, or shared equally between n reservoirs of cross section Ae / n. Furthermore, it 
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is envisaged that, rather than being positioned in series along a single channel, these 

reservoirs may be spread across an arborescent network of channels experiencing a 

similar forcing. As for the number of moulins, the number of channels at each node is 

not specified, and does not impact the model results. This is because the calculation of 

channel discharge (Equation 8.3) is independent of channel morphology, as it 

(implicitly) simulates a continually evolving cross sectional area for a constant 

channel shape (Chapter 6). As such, the change in discharge with pressure is the same 

irrespective of whether discharge occurs through a single large channel or is shared 

between a number of smaller channels. 

The area of the bed influenced by a subglacial channel is dependent on the distance to 

which pressure waves are able to propagate into the adjacent distributed drainage 

system (Equations 8.4 and 8.5) (Hubbard et al., 1995). The total area of the bed 

influenced by channel pressure fluctuations will however also reflect the number and 

spacing of channels. This is not specified in the model – instead, water exchange is 

simulated for a single channel, then these fluxes are scaled up depending on the 

specified size of As, with a greater value of As implicitly associated with a greater 

number of subglacial channels (Figure 8.3b). As such, rather than explicitly 

specifying the distribution of moulins or number of subglacial channels, Ae and As are 

simply calculated as a specified proportion of the catchment area between a node and 

the next node up-glacier. This means that as the catchment widens with increasing 

distance from the margin (Figure 8.1), Ae and As increase proportionally. Similarly, 

the node spacing does not have a strong impact on the model results. If for example 

the spacing is halved, the surface catchment area of each node, and as such Qsurf, is 

approximately halved, but so is Ae. Closer node spacing does however permit a higher 

spatial resolution of results, at the expense of longer model run times (and requiring a 

higher resolution melt model). 

8.3.3 Simulations 

The model was run at 0.2 hour intervals throughout the 2009 and 2010 melt seasons, 

using a node spacing of 10 km, with outputs interpolated between these spatial 

intervals. The hydrological catchment of Leverett Glacier was approximated using a 

surface digital elevation model (DEM) (derived using interferometric synthetic 

aperture radar (InSAR) by Palmer et al., 2011), giving a total area of ~1200 km
2
 

(Bartholomew et al., 2011a) (Figure 8.1). Melt was calculated across this catchment 
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using a temperature index melt model (e.g. Hock, 2003). This model was calibrated 

and forced with records of air temperature and surface ablation (measured using an 

ultrasonic distance gauge) from four sites in or adjacent to the Leverett catchment (S1, 

S3, S5 and S6; Figures 8.1, 8.4a and 8.5a) (Ingle, 2012). Qsurf was computed at each 

node as the melt occurring within the Leverett Catchment in an elevation band 

between that node and the next node up-glacier. The model (specifically, Equation 

8.3) is not able to simulate the initial opening of conduits following a period of zero 

discharge. As such, a constant basal melt rate of 1 x 10
-8

 m s
-1

 (0.86 mm d
-1

) was 

applied. This value is required to sustain small channels across the catchment 

(including the upper part of the catchment, where the upstream catchment area is 

small) at times of no surface melting. This results in a catchment wide discharge of 

11.4 m
3
 s

-1
, which is greater than the initial pre- melt season discharge of water 

observed in the Leverett proglacial river (< 1 m
3
 s

-1
). However, during the majority of 

the melt season, this discharge is insignificant relative to the flux of surface 

meltwater. 

Bed elevation data is available along a ~ 120 km transect surveyed during 2010 by 

NASA’s Operation IceBridge using ice-penetrating radar (Krabill, 2010) (Figure 8.2). 

The lower part of this transect lies within the catchment of Leverett Glacier (as 

Figure 8.4. a. Temperature data from S1 (blue) and S6 (magenta) during the 2009 melt season; b. 

Modelled catchment-wide melt (grey), modelled proglacial discharge (red) and recorded 

proglacial discharge (blue) for the same period, including the root mean square error (RMSE) 

and r and p-value for modelled with regard to observed discharge. 
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determined by the surface topography), while the upper part lies within the catchment 

of Issunguata Sermia to the north (Figure 8.1). However, given the proximity of the 

flight line to Leverett Glacier, and the absence of alternative sources of similar quality 

bed elevation data, these data are assumed to be representative of basal topography 

along the centre line of the Leverett catchment. It is unlikely that this adds 

significantly to errors in the model output, given the simplifications inherent in the 

model. 

Ice velocity data comes from Global Positioning System (GPS) units positioned along 

this transect (S1-6, Figure 8.1). These data were processed to give horizontal velocity 

and vertical position over a 6-hour sliding window, as described by Bartholomew et 

al. (2012). Vertical ice position was detrended to remove the vertical component of 

down-glacier ice motion by subtracting the trend apparent prior to the onset of melting 

in the spring, to leave an uplift record that primarily reflects the mean depth of 

subglacially stored water (Bartholomew, 2012; Chapter 7). Uncertainty in the velocity 

data is ± 14.6 m yr
-1

 (0.04 m d
-1

) in the horizontal direction, while vertical ice position 

has an estimated error of ± 0.02 m (Bartholomew et al., 2012). 

Figure 8.5. a. Temperature data from S1 (blue) and S6 (magenta) during the 2010 melt season; b. 

Modelled catchment-wide melt (grey), modelled proglacial discharge (red) and recorded 

proglacial discharge (blue) for the same period, including the root mean square error (RMSE) 

and r and p-value for modelled with regard to observed discharge. 
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As for the bed elevation data, the upper sites at which GPS data were collected (S4-6) 

lie outside the surface catchment of Leverett Glacier (Figure 8.1). Data from these 

sites are included to provide an insight into ice motion at increasing distance from the 

ice margin, although the input of meltwater to these sites may vary considerably from 

that calculated for Leverett Glacier, depending on the hypsometry of the two 

catchments. 

A list of the model parameters and their values is given in Table 8.1. Several 

parameter values must be specified that are not available from the field data. c1-3 were 

kept at the values obtained from calibration in Chapter 7, meaning pi is equal to ps 
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when the depth of basally stored water is 0.5 m. Through comparison with recorded 

englacial water levels, ps at S2 was found to equate approximately to an effective 

pressure N (equal to the spatially averaged ice overburden pressure minus water 

pressure) of 0.6 MPa (Chapter 6). This basis was used to approximate ps along the 

model transect, such that effective pressure for a channel at steady state remained 

constant irrespective of distance from the margin. Ae (0.005 % of the catchment area) 

and As (15 % of the catchment area) were selected to give a good agreement between 

the observed and predicted proglacial discharge. The relative impact of varying Ae and 

As is discussed in Section 8.6.2. Cavity growth was simulated at 20 m intervals across 

a transect extending 100 m either side of the channel, beyond which point the 

simulated pressure waves are so subdued as to be insignificant. 

8.4 Hydrological results 

The magnitude of fluctuations in modelled proglacial discharge is greatly reduced 

compared to modelled melt, particularly on diurnal timescales, and there is a good 

agreement between modelled and recorded proglacial discharge (Figures 8.4b and 

8.5b). The greatest disagreement between the observed and modelled records occurs 

during the periods of peak melting (with peak modelled discharge equal to 114 % and 

135 % of observed discharge in 2009 and 2010 respectively), while modelled runoff 

commences slightly earlier than was recorded in the field. 

Figures 8.6 and 8.7 show the modelled effective pressures at distances from the 

margin corresponding to the positions of S1-6. Pressure fluctuates over diurnal cycles 

at all sites, though these fluctuations are of a greater magnitude, and occur over a 

longer part of the melt season, towards the lower part of the catchment (though not at 

S1). At the upper sites, there is some tendency for pressure to slowly increase during 

the earlier part of the season before dropping more rapidly, beyond which point 

diurnal cycles become the dominant form of pressure variation. 

The ice velocity records from S1-6 are shown for comparison in Figures 8.6 and 8.7. 

All sites show similarity in the timing and magnitude of modelled pressure variations 

and recorded velocity variations, on both diurnal and seasonal cycles. These 

similarities are more obvious at the lower sites, with some velocity spikes at the upper 

sites (e.g. during the latter part of July at S5 during 2009 and S6 during 2010) 

showing little relation to the modelled pressure variations. 
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Figures 8.8a and 8.9a show the modelled mean depth of stored water across the ~ 15 

% of the bed prescribed as experiencing pressure fluctuations originating in the 

channelised drainage system, again at distances corresponding to S1-6. The depth of 

stored water at all sites increases during the early part of the melt season and 

decreases to a seasonal low during the final part of the modelled melt season. The 

predicted depth of stored water is greatest at the upper sites. Recorded ice uplift at S1-

6 is shown for comparison in Figures 8.8b and 8.9b. The predicted increase in storage 

with distance from the margin is not apparent in the recorded uplift. Instead, the upper 

Figure 8.6. Simulated effective pressure (red; note the inverted vertical axis) and recorded ice 

velocity (grey) at S1-6 during the 2009 melt season.  
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sites show limited vertical movement during the melt season, with only a few modest 

periods of uplift coinciding with periods of enhanced horizontal ice motion. As such, 

the modelled storage becomes increasingly exaggerated, relative to the observed 

uplift, with distance up-glacier (Table 8.2). 

The temporal trends in subglacial storage can be better compared with observations of 

ice uplift if the model results are scaled to show a similar magnitude to the recorded 

uplift (Figures 8.10 and 8.11 and Table 8.2). At times the variation in modelled 

storage depth closely resembles the recorded uplift, most notably at the lower sites, 

Figure 8.7. Simulated effective pressure (red; note the inverted vertical axis) and recorded ice 

velocity (grey) at S1-6 during the 2010 melt season.  
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where the seasonal uplift pattern shows greater variation, while at other times there is 

little agreement, particularly at the upper sites during 2009 (Table 8.2). 

8.5 Ice velocity 

There are clear similarities between the temporal trends in modelled pressure and 

recorded ice velocity (Figure 8.6). To examine this more closely, the model outputs 

were used to simulate ice velocity using a simple statistical approach. Although ice 

velocity is linked to water pressure (Iken and Bindschadler, 1986; Sugiyama and 

Gudmundsson, 2004), more specifically, ice velocity should be controlled by the size 

of subglacial cavities and the rate at which the size of cavities is changing (Iken, 

1981; Lliboutry, 1968). In Chapter 7, we found that the cavity size and rate-of-change 

of cavity size could, combined, explain greater than 50 % of the variation in ice 

velocity at site S3 on Leverett Glacier. Here, we apply a similar approach to examine 

whether the simulated cavity processes can explain observed ice velocity along the 

Leverett Glacier transect.  

Regression analyses between simulated cavity behaviour and recorded ice velocity 

were undertaken at each of S1-6 for the 2009 melt season. Following from Chapter 7, 

a combination of three predictors were used: mean depth of water in the subglacial 

reservoir, mean positive rate-of-change of cavity depth and mean negative rate-of-

Figure 8.8. a. Simulated mean storage depth within the subglacial reservoir and (b.) recorded 

uplift of the ice surface at S1-6 during the 2009 melt season.  
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change of cavity depth. These values were computed over 24 hour periods, and 

regressed against 24 hour mean velocities for each site. The results of these 

experiments are given in Figure 8.12 and Table 8.3. The model is least effective at S1 

(explaining only 14 % of variation in ice motion) and most effective in the centre of 

the transect at S3-5, where it can explain greater than 40 % of variance. The modelled 

velocities are plotted alongside the observations in Figure 8.13. At all sites, the 

modelled pressure trends closely resemble the observations, albeit with a tendency to 

underestimate the larger velocity spikes on short timescales. 

To examine whether the relationship between simulated cavity volume and ice 

velocity is consistent over time, velocities during the 2010 melt season were modelled 

using both the coefficients derived from the 2009 data and new coefficients optimised 

for 2010 (Figures 8.14 and 8.15; Table 8.3). From Figures 8.14 and 8.15, it is clear 

that the relationship between cavity form and ice velocity is similar, but not identical, 

between the two melt seasons. Using the 2009 coefficients, cavity form is able to 

explain over 30 % of recorded variation in ice motion over the 2010 melt season at 

S1-3 and S6. If the regression is optimised for the 2010 data, this improves such that 

all sites fall in the range of 38-70 % (Table 8.3). Sources of discrepancy between the 

observed and modelled velocities are discussed in the following section. 

Figure 8.9. a. Simulated mean storage depth within the subglacial reservoir and (b.) recorded 

uplift of the ice surface at S1-6 during the 2010 melt season.  
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8.6 Interpretation and discussion 

8.6.1 Water pressure and ice velocity 

Simulated water pressures are greatest when melt is increasing most rapidly, relative 

to the preceding melt (Figures 8.4 to 8.7). This is because water is entering the 

englacial reservoir much faster than it is able to exit, causing the depth of englacially 

stored water to increase. If high inputs are sustained, the channels leading from the 

englacial reservoir expand, increasing the rate at which water is released from the 

reservoir and allowing water pressure to drop again. 

 

Figure 8.10. Simulated mean depth of stored water within the subglacial reservoir (red) and 

recorded uplift of the ice surface (blue) at S1-6 during the 2009 melt season. Simulated storage 

curves have been normalised with regard to observations, such that the maximum values at 

each site are equal.  
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Periods of high modelled water pressures (and hence low effective pressures) coincide 

with recorded periods of high velocity (Figures 8.6 and 8.7), a relationship that has 

been reported from numerous field studies (Iken and Bindschadler, 1986; Kamb and 

Engelhardt, 1987; Sugiyama and Gudmundsson, 2004; Vieli et al., 2004). Theoretical 

work and detailed examination of field data (Iken, 1981; Kamb and Engelhardt, 1987; 

Chapter 7) have indicated that this relationship may be based primarily on the 

association of high water pressures with periods of rapid cavity expansion, which 

exerts a down-glacier force on the basal ice. Ice velocity is also expected to be greater 

when cavity volume is greater (even if cavities are not expanding), as this acts to 

smooth the bed and concentrate stresses on the remaining basal obstacles (Lliboutry, 

1968). Both of these relationships are apparent in the modelling results (Figures 8.12-

8.15; Table 8.3): ice velocities are greatest at times when the subglacial storage  

 

Figure 8.11. Simulated mean depth of stored water within the subglacial reservoir (red) and 

recorded uplift of the ice surface (blue) at S1-6 during the 2010 melt season. Simulated storage 

curves have been normalised with regard to observations, such that the maximum values at each 

site are equal. The record from S4 is too limited to be used for meaningful comparison. 
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volume is predicted to be large and increasing, while lowest velocities are recorded at 

the end of the melt season when subglacial storage is predicted to be lowest at all 

sites. 

The location of the lowest modelled effective pressure and thus highest ice velocities 

moves up glacier over the course of the melt season (Figure 8.16). The onset of melt 

input to the drainage system is increasingly delayed with distance up-glacier because 

of the delay in melting at these sites. When there is an increase in melt input in the 

upper part of the catchment, the discharge of water passing through all sites increases, 

but the associated increase in pressure decreases down-glacier. This is because the 

relative increase in melt input is proportionally smaller down-glacier. Because 

discharge is already higher at the lower sites, channel cross section is larger, and a 

smaller increase in englacial storage (and hence pressure) is required before discharge 

is increased sufficiently to accommodate the additional meltwater input, resulting in a 

smaller transient pressure spike. 

While the model is ultimately able to explain up to 70 % of variance in observed ice 

velocities based on melt input, this leaves a substantial proportion of variance 

unexplained by the present model set up (Figures 8.12 to 8.15). There are likely to be 

two main causes of this. Firstly, not all causes of variation in ice velocity are 

incorporated into the model. In particular, it is probable that variations in ice velocity 

are not entirely locally forced due to importance of membrane stresses on ice-motion; 

Table 8.2. Values from the comparison of modelled subglacial storage with observed uplift at S1-

6 for the 2009 and 2010 melt seasons, including: r; p-value; the root mean square error (RMSE) 

for the unadjusted storage time-series (Figures 8.8 and 8.9); the RMSE for the adjusted storage 

time-series (Figures 8.10 and 8.11); and the ratio of the maximum modelled storage depth to 

maximum observed uplift. The record at S4 during 2010 is too limited to allow comparison. 
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a more sophisticated model would couple variations in ice velocity occurring along 

the flowline, such that a locally forced acceleration in one location forced a smaller 

acceleration up and down glacier of this point (e.g. Price et al., 2008). Secondly, the 

model is unlikely to be perfectly replicating those processes that it does incorporate. 

This includes the hydrological processes, and, perhaps more importantly, the simple 

statistical coupling of hydrology and ice dynamics. Possible improvements to the 

model are discussed in Section 8.6.5. 

8.6.2 Proglacial discharge 

The variations in englacial and subglacial storage responsible for creating variations 

in water pressure and ice motion serve to modulate the flow of water through the 

glacier, such that fluctuations in the meltwater input to the glacier are smoothed and 

delayed when they arrive at the portal (Figure 8.4b and 8.5b). These two reservoirs 

affect the functioning of the drainage system in different ways, and so varying their 

cross sectional area (Ae and As) alters the behaviour of the model. 

Water is forced from the englacial reservoir to the subglacial reservoir at times when 

water pressure is high, and returns when water pressure is low (Hubbard et al., 1995), 

Figure 8.12. Ice velocities modelled from the simulated changes in subglacial storage, plotted 

against observed ice velocities at S1-6. All values are 24 hour means for the 2009 melt season. For 

details of the regression experiments, see Section 8.5 and Table 8.3 (Experiments 1-6).  
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acting to dampen fluctuations in discharge and pressure. The greater the area of the 

subglacial reservoir, the greater this dampening effect is. The area of the englacial 

reservoir, relative to discharge, affects the sensitivity of pressure (and hence discharge 

out of the reservoir) to variations in melt input (Chapter 6). If Ae is small, pressure 

rises rapidly in response to variations in melt input, and discharge out of the reservoir 

is similar to discharge in to the reservoir. If Ae is increased relative to discharge, the 

volumes of englacially stored water become more significant and water pressure 

responds more slowly to variations in melt input. This means that fluctuations in 

water pressure and down-glacier discharge are subdued and lagged relative to 

fluctuations in meltwater input, with pressure spikes followed by troughs before the 

system can regain equilibrium (Chapter 6, Figure 6.11). 

8.6.3 Surface processes 

The assumption that all meltwater is immediately routed to the englacial reservoir is 

unrealistic. In reality, the ice sheet surface is likely to significantly modify the melt 

signal before it enters into the englacial and subglacial drainage system (Fountain, 

1996; Jansson et al., 2003). This is particularly the case earlier in the melt season and 

Figure 8.13. Observed (blue) and simulated (red) 24 hour mean ice velocities at S1-6 during the 

2009 melt season.  
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at higher altitudes, where much of the melt water is likely to be temporarily stored in 

snow and firn aquifers (Jansson et al., 2003; Parry et al., 2007) or surface lakes 

(McMillan et al., 2007; Sundal et al., 2009). In this way, the ice sheet surface acts as a 

third reservoir, smoothing variations in melt on a range of timescales. 

Besides smoothing the passage of meltwater, the surface reservoir may hold 

meltwater for several days or weeks (usually in a supraglacial lake) before releasing 

it, often catastrophically, into the glacier (Das et al., 2008). In the model, moulins are 

open at the onset of the melt season, allowing an immediate link between the glacier 

surface and bed. This is unlikely to be the case in reality, with many moulins sealed 

by ice deformation over winter, particularly at higher elevations where the ice is 

thicker (Catania and Neumann, 2010). Melt at these sites, even if entering the upper 

part of the moulin, remains effectively in the surface reservoir, disconnected from the 

rest of the drainage system, until the pathway to the bed opens. Because this process is 

not included in the model, water is able to access the bed earlier in the melt season 

than is likely the case in reality. Furthermore, the opening of moulins is often 

Figure 8.14. Ice velocities modelled from the simulated changes in subglacial storage, plotted 

against observed ice velocities at S1-6. All values are 24 hour means for the 2010 melt season. The 

regression model shown uses coefficients optimised for the 2009 data (Figure 8.12). For details of 

the regression experiments, see Section 8.5 and Table 8.3 (Experiments 7-12).  
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associated with the catastrophic drainage of water from the surface reservoir (Das et 

al., 2008), which is again not incorporated in the model. 

The absence of this process of surface storage followed by sudden drainage may 

explain some of the discrepancies between the modelling results and the observations 

at Leverett Glacier (Bartholomew et al., 2011b). For example, the recorded spike in 

proglacial discharge around 4 July, 2009 (Figure 8.4b), was associated with drainage 

of several large surface lakes within the Leverett catchment (Bartholomew et al., 

2011a). This explains why a similar spike is not apparent in the simulated discharge 

(Figure 8.4b). Additionally, the occurrence during both seasons of several velocity 

spikes at the upper sites around 19 July, which are not closely associated with 

variations in modelled pressure, may indicate times when supraglacial lake drainage 

events or moulin opening suddenly released large volumes of meltwater into the 

drainage system (Figures 8.6 and 8.7). 

Figure 8.15. Observed (blue) and simulated 24 hour mean ice velocities at S1-6 during the 2010 

melt season. The green line shows ice velocities simulated using a regression model optimised for 

the 2010 data, while the red line shows ice velocities simulated using a regression model optimised 

for the 2009 data. The dashed line at S4 shows the mean velocity through a period when the GPS 

was not functioning. 
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 It is possible that the modulation of runoff by supraglacial processes could be partly 

incorporated into the model by the addition of a supraglacial reservoir through which 

meltwater must pass before entering the englacial reservoir. This reservoir would have 

to evolve to simulate changing surface conditions over the melt season, in particular 

the retreat of the snowline (Fountain, 1996; Jansson et al., 2003). The opening of 

moulins would have to be separately incorporated as a threshold which must be 

crossed before water entering the surface reservoir was able to continue to the 
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Table 8.3. Values for the statistical relationships between water pressure and ice velocity. For 

experiments 1-12, the coefficients were optimised for the 2009 data; for experiments 13-42, the 

coefficients are optimised for year of data to which the regression applies. ‘Rate-of-expansion’ 

refers to the rate-of-change of subglacial storage depth (i.e. the expansion or contraction of 

cavities), while ‘depth’ refers to the mean depth of subglacially stored water. 
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englacial reservoir (Clason et al., 2012). It is unlikely that the exact timing of lake 

drainage events could be simulated, as to do so would require detailed knowledge of 

not only runoff but ice surface topography and stress fields within the glacier 

(Banwell et al., 2012; Clason et al., 2012; Krawczynski et al., 2009). However, it is 

possible that a simplified form of the process could be included such that water is 

unable to enter the englacial reservoir at each elevation band prior to a critical 

cumulative melt threshold being passed. This may improve the performance of the 

model, particularly at higher elevations, without greatly increasing its complexity. 

8.6.4 Ice uplift 

There is a reasonable agreement between the form of the modelled storage and 

observed uplift curves (Figures 8.10 and 8.11 and Table 8.2). The form of the 

Figure 8.16. Effective pressure along the transect at 15 day intervals through the 2009 melt 

season.  
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modelled storage curves also receives some support from the observation that 

simulated changes in storage can explain up to 70 % of the recorded ice motion over 

the two melt seasons (Figures 8.12 and 8.14 and Table 8.3). However, there is clearly 

a discrepancy between the magnitude of storage and the observed uplift, particularly 

at the upper sites where the maximum predicted storage depth is up to 11 times 

greater than the maximum observed uplift (Figures 8.8 and 8.9 and Table 8.2). There 

are several possible explanations for this substantial disagreement. 

Firstly, it may not be appropriate to expect the surface uplift patterns to represent the 

depth of water stored in the subglacial reservoir. This reservoir (as represented in the 

model) is expected to be focussed around the locations of subglacial channels. As the 

catchment broadens with increasing distance from the margin (Figure 8.2), and the 

density of moulins decreases (Joughin et al., 2013), spacing between the channels will 

increase. The upper GPS units are therefore much less likely to be located above or 

close to a subglacial channel than those in the lower catchment. Furthermore, it is 

likely that as the thickness of ice increases with distance up-glacier, the surface 

expression of basal processes will be subdued (Cuffey and Paterson, 2010), resulting 

in a smaller uplift (spread over a larger area) relative to lower on the glacier. 

Secondly, there may be systematic errors in the modelled storage volumes. As 

discussed, it is likely that moulins are closed during the early part of the melt season, 

particularly at higher elevations. Water should be stored on the surface then suddenly 

released into the glacier, at which point the high flux may be sufficient to rapidly 

expand the subglacial drainage channels, allowing this water to quickly drain away 

(Das et al., 2008). This does not happen in the model however. Instead, meltwater 

slowly trickles into the englacial reservoir during the early part of the melt season, 

causing water pressure to slowly increase (Figures 8.6 and 8.7). This generates a 

sustained rise in the volume of subglacially stored water. Eventually, the input to the 

englacial reservoir is sufficient to force the expansion of subglacial channels, water 

pressure drops and the water is released from the subglacial reservoir. In this way, the 

subglacial reservoir is in part compensating for the absence of a surface reservoir, 

storing meltwater prior to the opening of large drainage channels. 

An overestimation of subglacial storage may also be due to the simplicity of the 

cavity growth equations (Equations 8.6 and 8.7). This relationship was calibrated for 

site S3 (Chapter 7). Although the relationship between effective pressure and cavity 
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volume (Equation 8.6) remains constant along the transect, it seems probable that 

cavities should expand less quickly as water pressure increases at these upper sites. 

This may reflect both the increased pressure exerted on cavities by the thicker ice, and 

the slower basal motion (which aids the formation of cavities by causing basal ice to 

deform around obstacles in the bed) due to decreased surface gradients away from the 

ice margin (Cuffey and Paterson, 2010). If, however, the expansion of cavities is 

suppressed at the upper sites, the model becomes unstable, with water building up in 

the englacial reservoirs before being released as short lived floods. It may be that, 

beneath the thicker ice of the upper catchment, water escaping from subglacial 

channels is stored in a thinner layer across a greater proportion of the bed, or that a 

greater proportion of basal meltwater is stored in pore space in basal sediments 

(Flowers and Clarke, 2002b) Alternatively, in the presence of a surface reservoir, it 

may be possible to modify the cavity growth relationship to give smaller cavities 

beneath thicker ice without detrimentally affecting the stability of the model.  

8.6.5 Potential model improvements 

There are several ways in which the model could be improved. Most obviously, 

incorporation of modulation of the melt signal by surface processes (particularly 

storage in snow, firn and lakes) and the delayed opening of moulins following the 

onset of the melt season should improve the realism and performance of the model. 

The simplicity of the model set up also makes it easy to modify the individual 

subcomponents to incorporate additional or different representations of hydrological 

behaviour. For example, Equation 8.6 could be modified to more physically represent 

the relationship between water pressure and cavity size (for example, incorporating 

bed roughness and ice velocity), while Equation 8.3 could be exchanged for a 

different channel equation which also accounts for variation in steady state pressure 

(e.g. Schoof, 2010). The modelling of ice velocities is also presently highly simplistic. 

The statistical approach highlights the importance of cavity volume and rate-of-

change of cavity volume as controls on ice velocity; ideally, the impact of these 

processes on basal slip would be incorporated in a more physically-based manner, 

allowing velocities to be predicted without a tuning dataset. 

Despite the model’s limitation, there are, by contrast, advantages to the present, 

simple, form of the model. Firstly, it is computationally quick to run (the experiments 

described in this paper taking of the order of a minute). Secondly, it requires little 
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knowledge of englacial and subglacial conditions, instead needing only ice thickness 

and melt rate; parameters which are available or can be predicted across large sections 

of the ice sheet. This limits the requirement of detailed knowledge of the basal 

environment, which is extremely difficult to obtain. 

8.7 Conclusions 

In this paper we have combined the examination of subglacial channels and cavities 

from Chapter 6 and Chapter 7 respectively, to create a model of englacial and 

subglacial hydrology. This model is based around a series of englacial reservoirs, 

representative of water stored in englacial conduits and moulins. Water enters these 

reservoirs from the glacier surface, and exits via a channelised subglacial drainage 

system towards the portal. Water is also exchanged between the englacial reservoirs 

and a series of subglacial reservoirs (representing a linked cavity network). This 

exchange is determined by the difference between the water pressure (determined by 

the depth of water in the englacial reservoir) and the pressure exerted by the overlying 

ice on the subglacial reservoir, which increases as the volume of subglacially stored 

water increases.  

There are two principal outcomes of this work. Firstly, we have demonstrated that 

variations in supraglacial melt input to a channelised drainage system can explain 

much of the observed hydrological and dynamic behaviour of a land-terminating 

Greenlandic outlet glacier. Simulated fluctuations in water pressure and cavity volume 

can account for up to 70 % of observed variation in ice velocity along a ~ 80 km 

transect during two melt seasons (Table 8.3). Although the spatial distinction between 

channelised and distributed drainage systems is important in the model, we have not 

found it necessary to explicitly incorporate a temporal transition from distributed to 

channelised drainage as the primary means of down-glacier water transport. Instead, 

the evolution of the down-glacier drainage system can be effectively conceptualised 

as a transition from smaller, less efficient channels to larger, more efficient channels 

(Schoof, 2010). This is in keeping with tracer studies, which suggest that efficient 

drainage channels form quickly beneath Leverett Glacier during the melt season 

following the onset of melt at a given elevation (Chandler et al., 2013; Cowton et al., 

2013). Secondly, we have shown that it is possible to replicate these processes using a 

simple model that contains only the discharge into and out of the glacier and the 

exchange of water between an englacial and subglacial reservoir. Our findings support 
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the assertion (e.g. Bartholomew et al., 2012; Röthlisberger, 1972; Schoof, 2010) that 

it is not possible to understand the behaviour of glaciers by considering only steady 

flow along conduits. Instead, the most significant processes appear to be those relating 

to variations in the discharge of water into and out of the drainage system, and the 

consequent variations in storage. 

There is room for improvement in various aspects of the model. In particular, the 

treatment of surface processes is too simplistic, requiring more realistic representation 

of surface meltwater storage processes. The expansion of cavities under thick ice 

needs further consideration, and ultimately a more physically-based approach to 

linking cavity development to ice motion is required. Nevertheless, the model is 

computationally quick and appears effective at capturing the main elements of the 

hydrological and dynamic behaviour of a land-terminating Greenlandic outlet glacier. 

Furthermore, the data requirements are limited to bed and ice surface topography and 

surface melt, datasets which are becoming increasingly available across large sections 

of the Greenland Ice Sheet (e.g. Bamber et al., 2013; Sacré et al., 2011). As such, this 

approach presents a viable option for examining the present and future response of the 

land-terminating margins of the Greenland Ice Sheet to climatic variation. 
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This thesis has examined the morphology, functioning and significance of the 

drainage system of a land-terminating Greenlandic outlet glacier. This research has 

been divided into five focussed but interrelated studies, which form Chapters 4-8 of 

the thesis. In the first part of this conclusion, these chapters are reviewed, 

summarising the methods used and the main findings. In the second part, the key 

themes of this research are examined, combining the findings of previous studies with 

conclusions drawn from across the chapters of this thesis to try to address some of the 

main outstanding questions surrounding the hydrology of the Greenland Ice Sheet. 

9.1 Summary of research outcomes 

This investigation into the hydrology of a Greenlandic outlet glacier commenced with 

a detailed field study of Leverett Glacier, presented in Chapter 4. In this, we combined 

dye tracing with the study of proglacial discharge, englacial water level, surface melt 
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rate and ice velocity to examine the evolving morphology of the drainage system of 

the lowermost 14 km of the glacier over the course of a melt season. Dye tracing 

experiments suggested a rapid transition from distributed to channelised subglacial 

drainage occurred in the days following the onset of surface melting. This was then 

followed by a gradual transition from a drainage system characterised by small and 

inefficient channels, with high levels of transient water storage, to larger, more 

efficient channels and lower levels of transient water storage. We did not observe a 

radical switch in the dynamic behaviour of the glacier coincident with the proposed 

channelisation of the drainage system. Instead, ice velocities became generally lower 

(though remained highly variable) as discharge rose, channels expanded and transient 

water storage declined. 

In alpine settings, high meltwater fluxes and efficient subglacial drainage systems 

have been associated with high rates of subglacial erosion (Hallet et al., 1996; Swift et 

al., 2002). In Chapter 5, we examined the suspended sediment flux of the proglacial 

river of Leverett Glacier over the course of two melt seasons, finding it to equate to an 

approximate subglacial erosion rate of 4.8 ± 2.6 mm yr
-1

. This is 1-2 orders of 

magnitude higher than previous estimates of erosion rate beneath the Greenland Ice 

Sheet (Hallet et al., 1996; Hasholt, 1996). Our findings demonstrate that, as at alpine 

glaciers, an efficient subglacial drainage system is responsible for eroding and 

transporting vast quantities of sediment out from beneath the Greenland Ice Sheet. It 

is more difficult to unequivocally state whether this represents the ongoing, long-term 

rate of bedrock erosion or the remobilisation of subglacially stored sediment. 

However, as we utilised the same techniques as have been employed to assess the 

erosion rate of alpine glaciers (e.g. Bogen, 1996; Collins, 1979), and obtained similar 

results, this suggests that the erosion rate around the margins of the Greenland Ice 

Sheet is of a comparable magnitude to that of alpine glaciers (Hallet et al., 1996). As 

such, former ice sheets may have been capable of eroding their beds – and generating 

ice marginal depositional features – far more rapidly than previously thought 

(Andrews et al., 1994), particularly during deglacial phases when meltwater was 

abundant (Koppes et al., 2009; Koppes and Montgomery, 2009). This possibility 

should therefore be taken into account when interpreting the environmental history of 

formerly glaciated landscapes. 
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The way in which meltwater runoff influences subglacial water pressure remains 

incompletely understood. In Chapter 6, we derived an equation simplifying the 

relationship between water pressure and discharge in a continually evolving 

subglacial channel. This was used to inversely model variations in subglacial water 

pressure from the recorded proglacial discharge. The modelled water pressures 

compared favourably to recorded ice velocities, with greatest velocities occurring at 

times of predicted highest water pressure on diurnal and seasonal timescales. There 

are two outcomes of this work. Firstly, it allows for a simplified simulation of the 

flow of water through a subglacial channel. This can be used to predict changes in 

water pressure in subglacial channels, which are extremely difficult to measure 

directly. Secondly, the apparent success of the model supports the hypotheses on 

which it is based. These are, firstly, that a transition from distributed to channelised 

drainage is not the only cause of seasonal variation in the velocity of this glacier and, 

secondly, that the drainage system is seldom in a steady state, with transient 

fluctuations in water pressure (linked to changes in discharge) the primary control on 

ice velocity. The wider implications of this are that ice velocities are greatest during 

the early part of the season because at this time melt is increasing rapidly and 

subglacial drainage pathways (both distributed drainage forms and, subsequently, 

small channels) are relatively inefficient and easily overwhelmed, resulting in high 

water pressures. 

Chapter 7 built upon this model of channelised subglacial flow by giving more 

consideration to how variations in water pressure in discrete channels can affect the 

movement of large areas of overlying ice through perturbing water pressure in areas 

adjacent to the channel (Hubbard et al., 1995). Water pressure influences ice velocity 

by affecting the size of subglacial cavities (Bindschadler, 1983; Iken, 1981; Lliboutry, 

1968), and so the relationship between cavity size and ice velocity was examined by 

studying the vertical and horizontal motion of the ice surface. We found that 

horizontal and vertical ice velocity were strongly correlated, indicating that (in 

keeping with theory) the glacier slides most rapidly at times when subglacial cavities 

are expanding (Iken, 1981). This process was responsible for large, short lived 

fluctuations in ice velocity. These were then superimposed upon a more gradual 

seasonal trend of changing background velocity, which corresponded to changes in 

the absolute size of cavities (as indicated by the degree of vertical ice displacement). 
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A simple model of water exchange between channels and cavities was developed, 

drawing on the findings of Hubbard et al. (1995), to examine the causes of these 

changes in cavity size. In this model, cavities expanded or contracted based on the 

difference between the water pressure and the ice overburden pressure acting on the 

cavity. We found that the observed trends in vertical ice motion could be well 

explained by water pressure fluctuations originating in the subglacial channels (as 

simulated in Chapter 6). These fluctuations occurred rapidly compared to the rate at 

which the cavities could adjust (Kamb and Engelhardt, 1987). This meant that water 

pressure and cavity volume were poorly correlated (as observed in borehole 

experiments: Kamb and Engelhardt, 1987; Sugiyama and Gudmundsson, 2004), with 

cavity volume the result of numerous small adjustments to pressure fluctuations 

during the preceding part of the melt season. The implications of this are that, close to 

channels where water pressure is fluctuating rapidly, water pressure is related to ice 

velocity primarily because the rate of cavity opening (or closing) is greater at times 

when water pressure is higher (or lower). Further from channels, cavities are more 

likely to exist in a steady state, with cavity size better adjusted to water pressure. In 

these areas, water pressure is related to ice velocity because it controls the size of 

cavities. This complexity may partly explain the difficulty in deriving a water pressure 

dependent sliding law that remains consistent over time and between glaciers 

(Bindschadler, 1983; Iken and Bindschadler, 1986; Raymond and Harrison, 1987). 

In Chapter 8, we brought together the findings of the previous chapters to create a 

model of the hydrological system of Leverett Glacier. The model comprised a series 

of englacial reservoirs in a longitudinal profile of the catchment area, with the local 

water pressure head determined by the level of water stored within these reservoirs. 

The englacial reservoirs were fed by surface runoff, as simulated using a temperature 

index melt model and catchment DEM. Englacial reservoirs were connected by a 

channelised subglacial drainage system, along which discharge was simulated based 

on the equation derived in Chapter 6. At each reservoir, water was also exchanged 

laterally with a subglacial reservoir (representing a linked-cavity network), according 

to the model developed in Chapter 7. Variation in storage in the subglacial reservoir 

was then used to predict variation in ice velocity, again following the methods utilised 

in Chapter 7. 
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The purpose of this work was to test the conceptual model of the drainage system 

developed in this thesis, and some aspects of the model remained rudimentary. In 

particular, the model would benefit from the incorporation of surface processes (for 

example, storage in supraglacial lakes) and better adaptation to the greater ice 

thicknesses of the upper catchment. Nevertheless, simulated variations in subglacial 

storage were able to explain much of the observed variation in ice velocity over two 

melt seasons, and there was a good agreement between modelled and observed 

proglacial discharge. Although the simulated water pressures cannot be properly 

tested without better field measurements, the apparent success of the model offers 

support for the conceptual model of glacier hydrology developed in this thesis. This 

model is described in more detail in the following section. 

9.2 Synthesis of findings 

9.2.1 Hydrology of a Greenlandic outlet glacier 

As a result of the work presented in this thesis, together with the findings of many 

previous studies (including, amongst numerous others, Bartholomaus et al., 2008; 

Bartholomew et al., 2011a; Bartholomew et al., 2011b; Bartholomew et al., 2012; 

Hubbard et al., 1995; Iken, 1981; Iken and Bindschadler, 1986; Kamb and Engelhardt, 

1987; Kamb, 1987; Lliboutry, 1968; Nienow et al., 1998; Nienow et al., 2005; 

Röthlisberger, 1972; Schoof, 2010), we propose the following conceptual model of 

the hydrology of a Greenlandic outlet glacier. This forms the basis of the numerical 

model presented in Chapter 8. 

Meltwater enters the glacier through moulins. At the onset of the melt season, water 

may drain from these moulins into a distributed subglacial drainage network (Chapter 

4). Subglacial channels rapidly form however, quickly becoming the dominant 

pathway for the down-glacier flow of water (Chandler et al., 2013; Nienow et al., 

1998; Chapter 4). These channels act as links to the supraglacial environment, rapidly 

transmitting changes in surface conditions along the glacier bed (Hubbard et al., 

1995). The discharge of water along channels is primarily dependent on the down-

glacier hydraulic gradient and channel cross section. When the rate of meltwater input 

increases, it is temporarily accommodated by a rise in the level of water stored in 

moulins, thereby increasing the subglacial water pressure (Bartholomaus et al., 2008; 

Bartholomew et al., 2012; Röthlisberger, 1972; Chapters 6 and 8). The increase in the 
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volume of englacially stored water will be greatest when the discharge of meltwater 

into the moulin is greatest relative to the size of the subglacial channels (or if, in the 

earlier part of the melt season, the moulin drains primarily through an inefficient 

distributed drainage system). This means that the greatest water pressures occur early 

in the melt season when channels are small and melt is increasing rapidly 

(Bartholomew et al., 2011b; Bartholomew et al., 2012; Chapters 6 and 8). High water 

pressures also occur at other times when melt input is increasing rapidly, with large 

fluctuations in water pressure accompanying variations in melt input on diurnal 

timescales (Bartholomew, 2012; Schoof, 2010; Chapters 6 and 8). 

The rise in englacial storage, and consequently subglacial water pressure, following 

an increase in melt input steepens the down-glacier hydraulic gradient, causing 

subglacial discharge to rise (Chapters 6 and 8). This subsequently causes the channel 

cross section to increase (Röthlisberger, 1972; Schoof, 2010), allowing englacially 

stored water to be released and pressure to fall again (Chapters 6 and 8). The converse 

of this process occurs when meltwater input falls, causing a transient drop in water 

pressure. These transient pressure fluctuations occur around a steady-state value at 

which the channel cross section is stable (Röthlisberger, 1972; Schoof, 2010); 

however, because of the high variability in surface melt rates, this steady state appears 

to be seldom obtained (Bartholomew et al., 2012; Chapter 6). 

Water is exchanged between these subglacial channels and cavities (Hubbard et al., 

1995; Nienow et al., 2005). Pressure variations propagate outwards from the channel 

as waves (Hubbard et al., 1995), causing cavities to expand and water to be stored at 

the bed (Chapter 7). In this way, variations in surface meltwater production affect 

much greater areas of the bed than the discrete channels into which the water initially 

drains. Large volumes of water can be transiently stored in subglacial cavities 

(Chapter 8). This process allows water to escape from channels at times when water 

pressure is high, returning back to channels when the pressure drops (Bartholomaus et 

al., 2008; Hubbard et al., 1995). This serves to dampen variations in water pressure 

relative to a scenario in which water is unable to leak from the channelised drainage 

system (Bartholomaus et al., 2008; Chapter 8). It also acts to smoothen variations in 

melt input, such that fluctuations in proglacial discharge are much smaller than 

fluctuations in the discharge of meltwater into moulins (Jansson et al., 2003; Chapter 

8).  
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The expansion and contraction of cavities can be observed as vertical motion of the 

ice surface (Iken et al., 1983; Sugiyama and Gudmundsson, 2004). Cavities expand 

when the water pressure in the cavity exceeds that exerted on the cavity by the 

overlying ice (Kamb and Engelhardt, 1987). When cavities are small, they exist in the 

lee of bedrock obstacles, where local ice overburden pressure is relatively small 

(Lliboutry, 1968). As they expand to cover a larger proportion of the bed, the pressure 

exerted on the cavities by the overlying ice increases. As such, if a rise in water 

pressure is sustained, the cavity will expand until it reaches a steady-state in which the 

water pressure and ice overburden are equal. However, because these adjustments to 

cavity size do not occur instantaneously, and because water pressure varies rapidly, 

this steady-state may be seldom reached (Chapter 7). This means that there may be 

little correlation between water pressure and cavity size at any time (Kamb and 

Engelhardt, 1987; Sugiyama and Gudmundsson, 2004), particular in the vicinity of 

channels where water pressure is varying most rapidly. 

This inferred hydrological system is very similar to that proposed originally for alpine 

glaciers (e.g. Fountain and Walder, 1998; Hubbard and Nienow, 1997) and 

subsequently for high arctic polythermal glaciers also (Bingham et al., 2005; Bingham 

et al., 2006). The concepts developed during this thesis have built upon work 

undertaken in these settings, and it is likely that many of the conclusions made 

regarding the hydrology of Leverett Glacier would be equally applicable at alpine and 

arctic valley glaciers. Perhaps an exception to this is the relative importance of open 

channel flow in alpine and ice sheet locations. At Leverett Glacier, the extensive 

catchment, thick ice and reversed bed slope mean that open channel flow is unlikely 

to occur beneath a significant fraction of the catchment. At smaller, thinner ‘alpine’ 

glaciers however, it is possible that flow is unpressurised along a greater proportion of 

the subglacial channels, particularly during the night when melting is at a minimum 

(Fountain and Walder, 1998). This may modify the relationship between melt 

variability and ice dynamics in areas where ice is thin and melt is undergoing large 

fluctuations, because under open channel conditions variations in melt input may lead 

directly to variations in subglacial discharge without generating pressure fluctuations. 

9.2.2 Hydrology and geomorphology 

This research into the hydrology of a Greenlandic outlet glacier follows the growing 

realisation over recent years that ice sheets are far more dynamically and 
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hydrologically active than previously assumed (e.g. Rignot and Kanagaratnam, 2006; 

Zwally et al., 2002). As well as considering the implications of this discovery for the 

ice sheets themselves, it is important to assess what this means for the sections of the 

Earth’s crust on which these ice sheets rest. 

Our findings suggest that erosion rates beneath the ablation zone of the Greenland Ice 

Sheet are similar to those recorded at alpine glaciers (Chapter 5), considered 

traditionally to be a much more effective erosional agent (Hallet et al., 1996). 

Efficient subglacial meltwater channels play a key role in this process as they are able 

to transport sediment out of the catchment far more rapidly than basal ice (Knight et 

al., 2002). This indicates that subglacial erosion should be focussed in areas where the 

subglacial flux of meltwater is greatest (Alley et al., 1997; Swift et al., 2002). We 

therefore propose that there is a zone of high erosion around the margins of the ice 

sheet (Chapter 5). 

This zone of high erosion will migrate as the ice sheet expands and contracts. In this 

way, although the erosion rate may remain high within this zone, the erosion rate at 

any point on the bed may be much lower over the timescales of glacial-interglacial 

cycles. This may in part explain why estimated erosion rates appear to decrease when 

greater timescales are considered (Koppes and Montgomery, 2009). Erosion, and 

consequently proglacial deposition, is also likely to be greatest during periods when 

there is most water at the bed, suggesting geomorphology may be modified most 

rapidly during deglacial periods (Koppes et al., 2009; Koppes and Montgomery, 

2009). 

9.2.3 Hydrology and ice dynamics 

Understanding how the hydrological system of Greenland’s outlet glaciers interacts 

with and influences the movement of the overlying ice is crucial if the response of the 

Greenland Ice Sheet to climatic changes is to be predicted. In this study we have 

investigated this question, using modelling experiments and field observations to 

examine the links between melt, discharge, water pressure, channel and cavity size 

and ice velocity. The conclusions of this study are outlined here. 

Variation in ice velocity on sub-annual timescales is caused by primarily by variations 

in subglacial cavity volume (Iken, 1981; Lliboutry, 1968; Chapter 7). This occurs in 

two distinct ways. Ice velocity is greatest when cavities are expanding, as this exerts a 
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down-glacier force on the cavity walls (Iken, 1981). This ‘hydraulic jacking’ 

generates high magnitude fluctuations in ice velocity over periods of hours to a few 

days, and as such is responsible for the most obvious components of the seasonal 

velocity pattern (Chapter 7). However, steady cavity volume is also an important 

control on ice velocity (Lliboutry, 1968). A greater volume of cavities reduces the 

roughness of the bed and concentrates basal shear stresses, allowing for higher mean 

velocities (Lliboutry, 1968), onto which are superimposed the fluctuations generated 

by hydraulic jacking (Chapter 7). 

Cavities expand or contract when the basal water pressure is not equal to the pressure 

exerted on the cavities by the weight of the overlying ice (Iken, 1981; Kamb and 

Engelhardt, 1987; Lliboutry, 1968). Variations in water pressure originate in the 

channelised drainage system, becoming increasingly subdued and lagged with 

distance from the channels (Hubbard et al., 1995; Nienow et al., 2005). Close to 

channels, cavity size is unable to adjust quickly enough to keep up with the large and 

rapid fluctuations in water pressure, and cavities may not exist in a steady-state 

(Chapter 7). Because of this, there may be little relationship between water pressure 

and cavity size at any time in these areas (Kamb and Engelhardt, 1987; Sugiyama and 

Gudmundsson, 2004; Chapter 7). However, water pressure remains strongly 

correlated to ice velocity because the rate of cavity expansion is generally greatest 

when water pressure is greatest (and hence there is a greater difference between the 

forces seeking to open and close the cavities) (Chapter 7). 

Further from channels, variations in water pressure are smaller and more gradual 

(Hubbard et al., 1995). In these areas, cavities are more likely to exist in a steady-

state, in which water pressure and ice overburden pressure are equal. As such, further 

from channels, water pressure is likely to be closely related to ice velocity because it 

corresponds to the size of subglacial cavities (Bindschadler, 1983; Lliboutry, 1968). 

The relationship between water pressure and ice velocity may therefore be spatially 

variable. Close to channels, high water pressures correspond to rapid rates of cavity 

expansion, but may have little relation to steady cavity size (Chapter 7). Channel 

water pressure may therefore be a good predictor of the high magnitude, short lived 

fluctuations in ice velocity resulting from hydraulic jacking, but not the more gradual 

changes in average ice velocity (Chapter 7). (This may explain why in Chapter 6, the 

simulated channel water pressures corresponded closely to the larger pressure 



 202 

fluctuations, but agreed less well with the more gradual changes in ice velocity on 

seasonal timescales). Further from channels, high water pressures correspond to large 

cavities, but may be less closely related to the rate of cavity expansion. Water 

pressure may therefore broadly encapsulate the cavity processes controlling ice 

velocity, but it is unlikely to correlate well with both cavity size and the rate-of-

change of cavity size at any location (Chapter 7). This may at least partly explain the 

difficulty of devising a sliding law relating water pressure and ice velocity that 

remains consistent in space and time (e.g. Iken and Bindschadler, 1986; Kamb and 

Engelhardt, 1987; Raymond and Harrison, 1987; Sugiyama and Gudmundsson, 2004). 

From a modelling perspective, it may therefore be preferable to use water pressure to 

first simulate the ongoing adjustments to cavity size, which could then be related to 

ice velocity (Chapters 7 and 8). 

Water pressure is determined by the level of englacially stored water, which is 

greatest at times when melt is increasing rapidly (Bartholomaus et al., 2008; 

Bartholomew et al., 2012; Schoof, 2010; Chapters 6 and 8), particularly early in the 

melt season when sub- and englacial channels are small or may even not yet have 

opened (Chapter 4). Ice velocity is therefore generally greater earlier in the melt 

season, when regular periods of high water pressure mean that subglacial cavities are 

large and experiencing a net expansion (Chapters 7 and 8). Conversely, melt, and 

therefore water pressure, falls towards the end of the melt season, causing water to 

drain from cavities. Ice velocities are consequently lowest in the autumn, when cavity 

volume is small and experiencing a net decrease (Chapters 7 and 8). Ice velocities 

then gradually rise over winter, presumably due to the refilling of cavities from 

locally derived basal meltwater once the empty subglacial channels have collapsed 

under the weight of overlying ice. We do not find that variations in steady-state water 

pressure with discharge in the channelised drainage system (Röthlisberger, 1972; 

Schoof, 2010) are an important cause of variation in ice velocity. Instead we argue 

that, because melt variations are so large and frequent, transient fluctuations in 

pressure render negligible smaller variations in the steady-state pressure around which 

these fluctuations occur. 
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9.2.4 Implications for the dynamic response of the Greenland Ice Sheet 
to climate change 

In order to assess the possible rate of mass loss from the Greenland Ice Sheet as the 

climate warms, it is necessary to understand how the average velocity of Greenland’s 

outlet glaciers may be affected by increasing meltwater runoff (Bell, 2008). There are 

three broad theories as to the likely nature of this relationship. Firstly, there may be a 

general increase in water pressure and ice velocity as more water is forced to pass 

through the subglacial drainage system (Parizek and Alley, 2004; Zwally et al., 2002). 

Secondly, there may be little change (or even a decline) in water pressure and ice 

velocity, as increased runoff is offset by increasing drainage efficiency (Bartholomew 

et al., 2010; Sundal et al., 2011; van de Wal et al., 2008). Thirdly, water pressure and 

ice velocity may more closely relate to seasonal melt patterns than absolute melt 

volumes (Bartholomew et al., 2011b; Bartholomew et al., 2012; Schoof, 2010).  

Our findings fit broadly into the latter two categories. We find that water pressure is 

strongly influenced by changes in melt rate, but that it is important to take into 

account what preceding melt conditions have been like. Early in the melt season, 

subglacial channels are small and are easily overwhelmed, such that small rises in 

melt can generate very large increases in water pressure. As melt continues and 

channels gradually expand, further increases in melt can be accommodated by smaller 

transient pressure spikes, and so average water pressures are lower. 

Several previous studies that have considered the impact of hydrology on the 

dynamics of the Greenland Ice Sheet have assumed ice velocity at any time to be 

directly related to the concurrent water pressure (e.g. Colgan et al., 2012; Pimentel 

and Flowers, 2011; Schoof, 2010). We differ from these studies in suggesting that, 

because those cavities experiencing the greatest changes in water pressure may 

seldom exist in a steady-state, ice velocities at any time may reflect not just the 

present water pressure but also the variation in water pressure during the preceding 

part of the melt season (Chapters 7 and 8). It is even possible that the previous year 

may need to be considered, if cavity volume at the onset of one melt season is 

influenced by cavity volume at the end of the previous melt season. 

We therefore propose that the ice velocity at any time ultimately reflects the history of 

melt variability over the course of the melt season or longer (Chapters 7 and 8). We 

do not therefore expect there to be a simple relationship between mean annual ice 
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velocity and melt volume. It may be that the duration of the melt season is more 

relevant for determining total ice displacement (Bartholomew et al., 2011b), or that 

total ice displacement is a product of melt variability unrelated to whether it is a 

‘warmer’ or ‘colder’ year (Schoof, 2010). These conclusions are supported by the 

findings of van de Wal et al. (2008), who reported that annual ice velocities in the 

region of Leverett Glacier have remained more or less constant over 17 years of 

observations. Similarly, four years of monitoring the Leverett Glacier GPS transect 

has revealed little variation in mean annual ice velocities in spite of substantial 

variations in total annual melt (Sole et al., in review).   

Beyond the qualitative conclusion that Greenland’s land-terminating outlet glaciers 

are unlikely to experience a significant sustained acceleration or deceleration in a 

warming climate, it is desirable to be able to make quantitative predictions as to how 

the velocity of these glaciers may change in response to a specific climatic forcing. 

The model presented in Chapter 8 is not yet well suited to do this. This is both 

because it requires a substantial ice velocity training data set for a particular glacier 

before velocity can be predicted, and because several simplifications in the model 

result in significant mismatch between the observed and modelled velocities at certain 

times and locations (Chapter 8). However, the model is simple, quick to run, requires 

only ice thickness and melt data (which are increasingly widely available (e.g. 

Bamber et al., 2013; Hanna et al., 2008)), and is capable of explaining a significant 

component of variation in ice velocity based on a temperature forcing. In these ways, 

it holds potential as a predictive tool.  Furthermore, it may be possible to reduce the 

number of free tuning parameters by improving the physical basis of some 

components of the model. Some of these possible modifications, which may improve 

model performance and make it more suitable for predictive purposes, are outlined in 

Section 9.3. 

9.2.5 Applicability of findings to the wider Greenland Ice Sheet 

For logistical reasons, the hydrological fieldwork undertaken for this thesis was 

mainly restricted to the lower 14 km of Leverett Glacier although the monitoring of 

ice velocity, temperature and melt extended to ~ 120 km. Similarly, much of the 

modelling work has been focussed on the lower ablation zone, where ice velocity data 

was available from inside the Leverett hydrological catchment. (Although in Chapter 

8 this modelling work was extended to higher elevations, the model was not modified 
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include processes that may be specific to the upper catchment). As such, it is 

necessary to consider what differences there might be between the hydrological 

system summarised from the findings in this thesis and that which exists at higher 

elevations in the upper catchment. 

Ice thickness increases greatly with distance from the margin, with the transect at 

Leverett Glacier showing thicknesses of greater than 1000 m beyond ~ 70 km up-

glacier (Figure 3.4). One consequence of this is that it is more difficult for moulins to 

open in the upper catchment (Catania et al., 2008; van der Veen, 2007). This means 

that, in contrast to the lower catchment (where water appears to commence seeping 

into the subglacial drainage system shortly after the onset of the melt) the input of 

meltwater in the spring is likely delayed. Meltwater input is then likely to commence 

with a sudden flood, which may cause subglacial channels to rapidly form and enlarge 

(Das et al., 2008). Additionally, melting is more intermittent at high altitudes. This 

means that by the time a sufficient volume of water has pooled to cause a moulin to 

open, melting may have slowed or ceased, and so the supply of meltwater may not be 

sustained (Bartholomew et al., 2011b). Taken together, these processes may mean that 

periods of high water pressure in the upper catchment are more intense and short 

lived, with pressure rapidly dropping again as subsequent melt input is small relative 

to the initial input. This hypothesis is supported by the observations of Das et al. 

(2008) and Bartholomew et al. (2012), who recorded short lived (~24 hour) bursts of 

rapid ice motion following a lake drainage events in western Greenland. 

Greater ice thicknesses may affect subglacial as well as englacial processes. Ice 

velocity observations indicate that the drainage system in the upper catchment 

undergoes a seasonal increase in drainage efficiency comparable to the lower 

catchment (albeit of shorter duration) (Bartholomew et al., 2011b). This suggests that 

the thicker ice does not prevent channel formation, with greater ice overburden 

pressures presumably offset by the higher water pressures (due to the greater depth to 

which water is able to pool in the englacial drainage system). This is supported by 

work undertaken on Leverett Glacier by Chandler et al. (2013), who extended the 

tracing study described in Chapter 4 to the upper part of the catchment using sulphur 

hexafluoride gas (SF6). In doing so, they observed a seasonal evolution of drainage 

efficiency at distances of greater than 40 km from the margin. This evolution closely 

resembled that revealed by the tracer experiments on the lower glacier (although 
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occurring later in the season at higher elevations) presented in Chapter 4, 

demonstrating that subglacial channels are able to form in areas where ice thickness 

exceeds 1 km (Chandler et al., 2013). The modelling work undertaken in Chapter 8 is 

in agreement with these findings, generating a reasonable agreement between 

modelled water pressures and recorded ice velocities in the upper catchment based on 

an assumption of flow through a channelised drainage system. The modelling work 

did however suggest that cavity formation varied with ice thickness, such that average 

cavity depth was greater under thinner ice. This may be because the pressure exerted 

on a cavity by the overlying ice increases more rapidly as the cavity expands under 

thicker ice, and / or because subglacially stored water is spread over a larger area in 

the upper catchment due to the reduced density of moulins, wider channel spacing and 

reduced melt per unit area. 

In addition to distance from the margin, the hydrological system will be influenced by 

whether a glacier is land or marine terminating. At a land terminating glacier, water 

pressure drops to atmospheric pressure immediately downstream of the terminus, 

encouraging water to drain through the glacier and maintaining lower water pressures. 

At a marine terminating glacier however, water pressure within the glacial drainage 

system must be higher than that generated by the depth of sea water in order for water 

to drain in a down-glacier direction (Sugiyama et al., 2011). As such, in the lower part 

of marine terminating glaciers, water pressure, and consequently ice velocities, may 

be very high (Joughin et al., 2008; Rignot and Kanagaratnam, 2006; Sugiyama et al., 

2011). This may in turn act to disrupt the formation of subglacial channels, leading to 

even higher water pressures (Kamb et al., 1985). However, observations of ice 

velocity from both remote sensing (Howat et al., 2010) and in situ GPS (Sole et al., 

2011), show similar seasonal trends to those recorded at land-terminating glaciers 

(Bartholomew et al., 2011b), even as close as 4-6 km from the ice margin (Howat et 

al., 2010), indicating that marine terminating glaciers undergo a similar seasonal 

increase in drainage efficiency. Furthermore, the observation of large sediment 

plumes emanating from discrete points on the terminus of tidewater glaciers (Lewis 

and Smith, 2009; Sole et al., 2011) points towards the dominance of large subglacial 

channels over the distributed drainage system in transporting meltwater beneath these 

glaciers. 
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9.3 Future research 

The research presented in this thesis has helped to highlight those mechanisms that are 

important in controlling the hydrology and dynamics of a Greenlandic outlet glacier. 

Furthermore, it has demonstrated simple ways in which these mechanisms can be 

simulated to generate realistic glacier behaviour, and how these mechanisms can be 

linked in a model environment. These findings have cumulated in the model presented 

in Chapter 8. 

There are several main ways in which it may be possible to improve this model, 

making it more suitable for predicting the dynamic response of the ice sheet to 

climatic variation. The storage of water on the ice sheet surface should be 

incorporated by adding another reservoir, the properties of which must change as the 

snowline retreats. Moulin opening should also be delayed as ice thickness increases, 

possibly by adding a cumulative melt threshold that must be exceeded before water 

can enter the englacial reservoir from the surface reservoir. It may then be informative 

to experiment with the equation used to govern the flow of water along subglacial 

channels from one englacial reservoir to the next (Equation 8.3). The present equation 

is simple and appears to capture the behaviour of channels well, but it would be 

valuable to compare the results with a more complete formulation for flow along a 

subglacial channel (e.g. Bartholomew, 2012; Schoof, 2010). Doing so may also 

provide a way of calculating changes in the approximate steady-state channel water 

pressure with distance from the margin, around which water pressure then fluctuates. 

Finally, it may be possible to make the representation of cavities in the model more 

physically based. An idealised basal stress distribution could be computed based on 

simplified basal topography, ice thickness and sliding velocity, permitting a better 

constrained relationship between cavity volume and ice overburden pressure (Iken, 

1981). Cavity form could then be more physically, rather than statistically, linked to 

ice velocity. Steady-cavity size forms the basis of traditional sliding laws (e.g. 

Bindschadler, 1983; Schoof, 2005), and so could be related to ice velocity using the 

same principles as underpin these equations. It may then be possible to incorporate the 

additional ice motion resulting from cavity expansion by simply approximating the 

down-glacier displacement of ice by a growing cavity given an idealised bed 

topography.  
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Testing and validation of the outputs of the modelling work in Chapters 6 – 8 is 

hindered by the shortage of subglacial water pressure measurements. Ideally, it would 

be extremely valuable to be able to compare both moulin water levels and ice 

velocities with the wider spatial variability in water pressure over the same period as 

derived from boreholes. Obtaining the necessary array of borehole data is however 

very challenging and a more pragmatic approach will be to utilise water pressure data 

obtained from a borehole drilled on Leverett Glacier near site S3 during 2011, once it 

is made available (Smeets et al., 2012). 

The spatial limitations of the largely ‘linear’ data set from a land-terminating glacier 

that are analysed in this thesis could be improved upon in several ways. Spatial 

variation of ice motion within the catchment, particularly transverse to the inferred 

locations of subglacial channels (Palmer et al., 2011) could be examined through a 

more extensive GPS network or by utilising remotely sensed data. This could be 

combined with examination of how pressure variations in a major subglacial channel 

interact with distributed local meltwater inputs to generate variations in pressure 

through a network of subglacial channels. Additionally, it would be helpful to 

increase the duration of velocity records from the upper end of the transect and 

beyond towards the interior of the ice sheet. These areas are likely to experience 

surface melting with increasing frequency as the climate warms (Hanna et al., 2008), 

as occurred during the summer of 2012 (Nghiem et al., 2012), and it is important to 

assess the extent to which the model of hydrology and dynamics from the ice margins 

remains valid under these extreme ice thicknesses. Finally, it would valuable to give 

consideration to those aspects of this study that could be applied to marine-

terminating glaciers. At the simplest level, the model could be run for a scenario in 

which pressure at the terminus was greatly increased to simulate the influence of the 

pressure of sea water on the hydrological system, a change which would likely 

influence hydrology along the length of the glacier (e.g. Sugiyama et al., 2011). 

9.4 Concluding remarks 

The research presented in this thesis has demonstrated that the morphology of the 

drainage system of a Greenlandic outlet glacier evolves over the course of the melt 

season in a manner very similar to that reported at alpine glaciers (e.g. Fountain and 

Walder, 1998; Hubbard and Nienow, 1997). The formation of efficient subglacial 

channels results in a high rate of sediment evacuation, leading to subglacial erosion 
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rates that are comparable with alpine systems and much higher than previously 

proposed for the Greenland Ice Sheet (Andrews et al., 1994). This suggests that ice 

sheets may be capable of modifying the landscape more rapidly than traditionally 

assumed (Hallet et al., 1996). A simple two component model of this hydrological 

system has been developed, in which water pressure variations originating in 

subglacial channels force the expansion and contraction of the surrounding subglacial 

cavities, which in turn influences ice velocity. This model permits the simulation of 

variations in water pressure and ice velocity over the course of a melt season from 

minimal data inputs, and may hold potential for the quantitative prediction of the 

dynamic response of Greenland’s outlet glaciers to climatic variation. Our findings 

indicate that melt variability is the key control on the dynamics of land-terminating 

glaciers on sub-annual timescales, suggesting that hydrology is unlikely to lead to a 

sustained increase or decrease in the velocity of these outlet glaciers in a warming 

climate.  
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[1] The influence of meltwater on the dynamics and geomorphic impact of the Greenland
Ice Sheet is strongly controlled by the morphology of the ice sheet’s drainage system.
However, this system and its evolution through the melt season remain poorly understood.
Here we present the results of an intensive programme of dye tracing experiments
undertaken along the lower 14km of a land‐terminating Greenlandic outlet glacier over a
period of four months during the 2010 melt season. These data are interpreted in
conjunction with observations of proglacial discharge, englacial water storage, surface melt
rates and ice velocity to produce a detailed picture of the changing hydrology of the glacier.
Following the onset of melt in the spring, inputs to the drainage system regularly exceed
outputs, causing the englacial water level to rise to the ice sheet surface. During this time
there is a rapid transition from distributed to channelized drainage in those parts of the
drainage system closed by ice deformation over winter. As the melt season progresses,
channel efficiency increases and englacial storage and ice velocity decrease. High‐velocity
events continue to be observed following the channelization of the drainage system
however, indicating that hydrological forcing of ice velocity occurs despite the existence of
channels during periods when meltwater inputs exceed the capacity of the subglacial
drainage system.

Citation: Cowton, T., P. Nienow, A. Sole, J. Wadham, G. Lis, I. Bartholomew, D. Mair, and D. Chandler (2013),
Evolution of drainage system morphology at a land-terminating Greenlandic outlet glacier, J. Geophys. Res. Earth Surf.,

118, doi:10.1029/2012JF002540.

1. Introduction

[2] During the summer months, meltwaters drain from the
surface to the bed of the Greenland Ice Sheet, flowing to the
ice margin along subglacial pathways [Bartholomew et al.,
2011b; Das et al., 2008]. Surface meltwaters are thought to
drain subglacially for distances of greater than 80km
[Bartholomew et al., 2011a], and the outflow of water from
subglacial drainage systems is observed at numerous loca-
tions around the ice sheet margin [Lewis and Smith, 2009].
The subglacial drainage of surface meltwaters is well docu-
mented at alpine and polythermal High Arctic glaciers
[Bingham et al., 2005; Hubbard and Nienow, 1997], where
it is recognized as a critical control on ice dynamics and
glacial geomorphology [Iken and Bindschadler, 1986; Swift
et al., 2002]. The scale of this process has only been recog-
nized in Greenland during the last decade however [Zwally

et al., 2002], and as such there remains much to understand
about its implications in an ice sheet context.
[3] One of the key findings from hydrological research at

alpine glaciers is that the morphology of the subglacial
drainage system evolves in response to changing meltwater
inputs over the course of the melt season [Fountain and
Walder, 1998; Nienow et al., 1998]. Throughout the winter,
drainage occurs through a mostly inefficient, distributed
drainage system, such as that characterised by a network of
linked cavities [Lliboutry, 1968; Walder and Hallet, 1979].
As the input of meltwater from the glacier surface increases,
this forces the formation of a network of efficient subglacial
channels [Kamb, 1987; Röthlisberger and Lang, 1987].
The cross‐sectional area of these channels then adjusts to
accommodate variations in meltwater input as the melt
season progresses [Röthlisberger and Lang, 1987].
[4] Understanding this evolution in drainage system

morphology is crucial because it controls the relationship
between runoff, basal water pressure and, consequently, ice
velocity [Kamb, 1987; Schoof, 2010]. As drainage efficiency
increases, so greater volumes of water can be transported
at lower pressure, preventing a simple correlation between
runoff and ice velocity [e.g., Bartholomew et al., 2010;Mair
et al., 2002]. Furthermore, when the drainage system is fully
adjusted to the input of meltwater (i.e., in a steady‐state),
water pressure is expected to increase with discharge in a
distributed drainage system but decrease with discharge in
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a channelized drainage system [Kamb, 1987; Röthlisberger
and Lang, 1987; Schoof, 2010]. As such, knowledge of
how the morphology of the drainage system evolves is re-
quired to understand and model the relationship between
melt and ice velocity in the ablation zone of the ice sheet
[Pimentel and Flowers, 2011; Schoof, 2010]. Additionally,
drainage system morphology is thought to be a key control
on the rate of subglacial erosion [Swift et al., 2002]. The
transport of sediments in subglacial channels is highly effi-
cient [Alley et al., 1997], flushing out subglacial debris and
thereby exposing fresh bedrock to the erosive power of the
ice [Collins, 1979; Swift et al., 2002]. Knowledge of drain-
age system configuration is therefore also critical for asses-
sing the geomorphic impacts of ice masses.
[5] In recent years, the alpine model of drainage system

evolution has been increasingly employed to explain obser-
vations of glaciological processes in Greenland. In particu-
lar, the debate over the stability of land‐terminating sectors
of the ice sheet has focussed on whether increasing runoff
is offset by increasing drainage efficiency, allowing subgla-
cial water pressure, and hence ice velocity, to remain stable
or even fall in a warming climate [Bartholomew et al., 2010,
2011a; Sundal et al., 2011; van de Wal et al., 2008]. The ex-
istence of efficient subglacial channels has also been in-
voked to explain the rapidity of erosion beneath the margin
of the ice sheet [Cowton et al., 2012]. However, as direct ob-
servation of the subglacial drainage system of the ice sheet
has not yet been achieved, it is difficult to test these hypoth-
eses and so advance debate in these areas.
[6] Most knowledge concerning the hydrology of the

Greenland Ice Sheet comes not from hydrological observation
but rather is inferred from observations of ice dynamics. Ice
velocities are in general greatest shortly after the onset of melt-
ing, then decline as the melt season progresses, indicating an
increase in subglacial drainage efficiency in response to rising
melt inputs [Bartholomew et al., 2010, 2011a; Hoffman et al.,
2011; Sundal et al., 2011]. Some support for this interpretation
has been gained through the study of meltwaters draining from
the Greenland Ice Sheet [Bartholomew et al., 2011b; Bhatia
et al., 2011]. Variation in the discharge, electrical conductivity
and sediment load of the proglacial river of Leverett Glacier, a
land‐terminating outlet glacier in west Greenland, indicated
the seasonal expansion of a subglacial hydrological system
draining surface meltwaters from an area of over 600km2 of
the ablation zone of the ice sheet [Bartholomew et al.,
2011b]. As the melt rate rose and the volume of meltwater
entering this system increased, the extent of the channelized
subglacial drainage system appeared to expand at the expense
of the distributed system, allowing greater drainage efficiency
beneath an increasing area of the ice sheet [Bartholomew
et al., 2011b]. However, because the proglacial river integrates
meltwater characteristics from the entire catchment, it is diffi-
cult from this approach to determine the morphology of the
drainage system beneath specific areas of the ice sheet at any
time. This is important, as the drainage system morphology
is likely to be spatially as well as temporally heterogeneous,
comprising a mix of distributed and channelized drainage
forms [Fountain, 1993a; Hock et al., 1999; Hubbard et al.,
1995; Nienow et al., 1998; Willis et al., 1990]. To improve
our understanding of the drainage system of Greenland outlet
glaciers, it is therefore necessary to determine drainage system
morphology in a more spatially targeted manner.

[7] Here, we present the results of an intensive programme
of dye tracing experiments undertaken with the aim of
improving our existing understanding of subglacial hydrol-
ogy inferred from studies of ice dynamics and proglacial
hydrology at Leverett Glacier [Bartholomew et al., 2010,
2011a, 2011b, 2012; Cowton et al., 2012]. By flushing dye
into a supraglacial stream shortly before it enters a moulin,
and monitoring the rate of its emergence at the portal, it is
possible to deduce the mean characteristics of the drainage
system through which it has passed. This method has played
an important role in shaping our understanding of drainage
system structure and evolution at alpine and High Arctic
glaciers [e.g., Behrens et al., 1975; Bingham et al., 2005;
Collins, 1982; Fountain, 1993b; Hock and Hooke, 1993;
Hock et al., 1999; Nienow et al., 1998; Seaberg et al.,
1988; Willis et al., 1990]. We undertook regular dye tracing
experiments from five different moulins located along the
lower 14km of Leverett Glacier throughout the 2010 melt
season in order to examine how the flow of water through
the glacial drainage system changes with time and distance
from the snout. Through this approach, we aim to provide
the most detailed study to date of the structure and evolution
of the drainage system in the lower ablation zone of the
Greenland Ice Sheet.

2. Field Site

[8] Leverett Glacier (67º03’N, 50º07’W) is a land termi-
nating outlet glacier on the western margin of the Greenland
Ice Sheet (Figure 1). The glacier tongue extends ~3.5km
from the bulk of the ice sheet but catchment modelling from
ice surface topography, surface melt rates and proglacial
discharge suggests it drains meltwaters from an area of
greater than 600km2, extending over 50km from the ice
margin [Bartholomew et al., 2011b; Cowton et al., 2012;
Palmer et al., 2011]. These meltwaters exit Leverett Glacier
from one major portal, located at the northern margin of the
glacier terminus. A substantial depression of the ice surface,
visible in the field and on topographic maps, indicates the
existence of a large subglacial channel extending upglacier
from the portal for more than 2km. While the thermal
regime of the glacier has not been studied, it is assumed to
be warm‐based due to the widespread acceleration of ice
velocity observed annually following the onset of the melt
season [Bartholomew et al., 2011a; Sundal et al., 2011]. The
internal temperature structure is not known, but it is possible
that much of the glacier is composed of cold ice, in keeping
with other Greenlandic outlet glaciers [Iken et al., 1993].
[9] Work was focussed on five moulins located between 1

and 14km from the portal and named L1, L2, L4, L7 and
L14 based on their approximate distance upglacier (Figure 1;
Table 1). Where several moulins were found in close proxim-
ity, the largest was selected for tracer tests. The upglacier
extent of this study was limited by the increasing difficulty
of access and volume of dye required for tracing experiments
at greater distances from the ice margin.

3. Methods

3.1. Temperature and Melt

[10] Air temperature was monitored throughout the year on
Leverett Glacier at a site 2.1km upglacier from the terminus at
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450m above sea level (S1, Figure 1). This was achieved using
a shielded Campbell Scientific 107 temperature sensor fixed
a minimum of 1.5m above the ice surface and logged by a
Campbell Scientific CR800 datalogger. To measure ablation,
a Campbell Scientific SR50A ultrasonic distance gauge
(UDG) was fixed to a pole drilled into the glacier at this site
which subsequently froze in place. The UDG, in conjunction
with a Campbell Scientific CR800 datalogger, measured

distance to the ice surface at 1minute intervals, recording the
mean value every 15minutes. The difference between this
distance at midnight on subsequent days was used to give a
mean rate of glacier surface lowering for each day of the study
period. As snow cover beneath the UDG was negligible
(the maximum measured snow depth at this site during the
study period was just 0.5cm), no attempt was made to differ-
entiate between snowmelt and icemelt.

Figure 1. (a) Locations of Leverett hydrological catchment (dark grey shading) as derived from surface
digital elevation model (contours in metres) [Palmer et al., 2011]; equilibrium line (dashed) [van de Wal
et al., 2008]; Leverett Glacier (LG); and Russell Glacier (RG). Box demarks area expanded below.
(b) Landsat ETM+ image of lower ablation zone of Leverett Glacier annotated with ice surface contours
in metres; locations of moulins L1‐14 (circles); sites S1 (monitoring of air temperature and surface
lowering) and S2 (GPS station) (stars); fluorometer (square); gauging site (triangle); and glacier bed and
surface elevation profile transect (dashed). Inset shows ice surface (solid line) and bed (dashed line)
elevation profiles along this transect [Allen, 2010]. Bars (not to scale) extending below the ice surface
indicate the location of moulins L1‐14; those extending above the ice surface denote S1 and S2.

Table 1. Locations Referred to in the Text

Name Feature Distance From
Portal (km)

Altitude (m) Approximate Ice
Thickness (m)

Pressure Transducer
Installed

Pressure Transducer
Last Downloaded

L1 Moulin 1.25 385 45 1 May 21 August
L2 Moulin 1.55 415 45 ‐ ‐
L4 Moulin 3.60 470 235 25 May 19 June
L7 Moulin 6.60 560 405 31 May 9 June
L14 Moulin 13.95 713 700 ‐ ‐
S1 Temperature / UDG 2.10 450 45 ‐ ‐
S2 GPS 7.10 620 415 ‐ ‐
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3.2. Discharge

[11] Stage was recorded at a stable bedrock section located
~2.2km downstream of the portal (Figure 1), using a Druck
pressure transducer in conjunction with a Campbell Scientific
CR1000 datalogger.Monitoring commenced on 6May and ter-
minated on 27 August 2010. Stage was converted to bulk
discharge using a relationship derived from 29 dye dilution
gauging experiments undertaken across the full range of stages.
Uncertainty in the discharge values is estimated at ±15 % [see
auxiliary material of Cowton et al., 2012].

3.3. Moulin Water Levels

[12] Englacial water level was recorded at L1, L4, and L7
using Onset HOBO pressure transducers suspended on fixed
lengths of cord (Table 1). The depth at which the pressure
transducer could be suspended was in each case limited by
the shape of the moulin, and was fixed at ‐13m at L1
and ‐38m at L4 (relative to the ice sheet surface at the
upglacier lip of the moulin). The depth of the pressure trans-
ducer within L7 could not be established because of the
complex shape of this moulin. Because all three pressure
transducers were fixed relatively close to the ice surface,
water level could only be measured at times when the engla-
cial water level was high. The pressure transducers at L4 and
L7 became frozen in during June, hence the water level
records from these moulins are of short duration relative to
that at L1 (Table 1).

3.4. Dye Tracing

[13] Between 2 May and 19 August 2010, 43 successful
dye tracing experiments were undertaken on Leverett
Glacier (see auxiliary material) during the period of peak
daily supraglacial runoff (1100h to 1800h). Snow cover is
limited on this lower 14km of Leverett Glacier, with a pre-
melt season snow depth of just 3cm recorded in the vicinity
of L14 on 27 April. Snow remained in some hollows at the
time of the first experiment (L1, 2 May), but was otherwise
absent at the time and location of dye injections. For each
experiment, a known quantity of rhodamine‐B or rhoda-
mine‐WT dye was flushed into the supraglacial stream
immediately upstream of a moulin. Emergent dye was then
monitored using a Turner Designs CYCLOPS‐7 Submers-
ible Fluorometer in conjunction with a Campbell Scientific
CR800 datalogger, located in the proglacial river ~1.5km
downstream of the portal (Figure 1). This site was selected
as it provided a stable and accessible section of bedrock
riverbank on which to attach the fluorometer. Fluorescence
was sampled every 5seconds, with mean values stored at
1minute intervals. These were then converted to dye concen-
tration based on field calibration of the fluorometer to produce
dye breakthrough curves for each experiment, which were
filtered to remove high‐frequency signal noise without distort-
ing the phase or form of the curve. These curves were analysed
to examine the rate at which dye had passed through the
glacier, and the degree and nature of the dispersal of the dye
cloud during this passage. To ease comparison, example dye
breakthrough curves shown in this paper have been normal-
ized such that their areas are equal, thus removing apparent
differences due to the mass of injected dye or the proglacial
discharge at the time of detection.

3.5. Ice Velocity

[14] Ice motion was monitored throughout the 2010
melt season using a dual‐frequency Leica 500 series GPS
receiver at a site located 7.1km upglacier from the terminus
(S2, Figure 1), processed to give daily ice velocities as
described by Bartholomew et al. [2011a].

4. Results

4.1. Temperature and Melt

[15] Temperature at S1 briefly rose above 0º C on several
days during April (Figure 2a), causing some surface melting
on the lower glacier. A series of three warm spells, inter-
spersed with subzero temperatures, commenced on 1 May,
which generated a corresponding series of spikes in melt rate.
Between 21 and 26 May, temperatures at S1 reached a peak of
12.7º C (not surpassed at this location until 2 September), and
the seasonal peak melt rate of 13.75cm d‐1 was recorded.
Temperature at S1 remained consistently above freezing
between 18 May and 7 September.

4.2. Discharge

[16] A small (discharge<1m3s‐1) proglacial stream
existed upon arrival at the field site on 28 April. At this time
the glacier surface was predominantly covered by a thin
layer of snow, with small meltwater pools forming in some
hollows. Discharge exceeded 1m3s‐1 for the first time on 8
May, and rose rapidly to an initial spike of over 50m3s‐1

on 11 May (Figure 2b). This was followed by a period of
freezing temperatures (Figure 2a), with discharge remaining
below 15m3s‐1 between 16 and 22 May. Discharge then rose
in a stepwise manner over a 40day period, reaching a value
of ~340m3s‐1 on 1 July. The end of June marked a change
from a trend of rising discharge to a period of relatively con-
sistent mean daily discharge (~ 300m3s‐1) with large diurnal
cycles (amplitude~30 – 40m3s‐1). The seasonal maximum
of ~400m3s‐1 was reached on 30 July, and followed by a
general decline until the record ended at ~230m3s‐1 on 27
August. Cumulative discharge over the monitoring period
between 6 May and 27 August was 1.9×109m3.

4.3. Moulin Water Levels

[17] All three monitored moulins exhibited substantial
variations in water level over diurnal cycles, at times exceed-
ing the local flotation level (Figure 2c). The relative magni-
tude of the spikes in water level recorded at the three
moulins reflects in part the depth of the pressure transducer
below the ice surface, as the lower range of the water level
fluctuations are lost below the levels of the sensors.
[18] L1 showed three periods of high and variable moulin

water level during May, with water backing up and pooling
on the ice surface on 2, 3, 7, 8, and 9 May (Figure 3). Water
level at L4 reached increasingly high levels from sensor
deployment on 25 May to 1 June (Figure 2cii). Water level
then appeared to drop abruptly to below the level of the
sensor (< ‐38m) on 3 June. As the sensor was not down-
loaded until 12 June, we cannot be certain whether this
represents an actual drop in water level, or a sensor malfunc-
tion (for example, the pressure transducer becoming plugged
with ice). There was one further small spike on 16 June,
after which the sensor became frozen within the moulin,
making it impossible to retrieve the data. L7 showed five
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spikes in water pressure between sensor deployment on
31 May and 6 June (Figure 2ciii), after which it also became
irretrievably frozen.

4.4. Flow Velocity

[19] Flow velocity through the en/subglacial drainage
system was calculated for each tracing experiment by divid-
ing the straight line distance from the moulin to the portal
by the time taken for the dye to travel through the glacier
[e.g., Seaberg et al., 1988; Willis et al., 1990]. Total travel
time was taken as the time between dye injection and the peak
of the dye breakthrough curve; to obtain the en/subglacial
travel time, it was necessary to remove the time taken for
the proglacial section of the journey from the portal to the fluo-
rometer [Hock and Hooke, 1993]. This was estimated for each

experiment using a linear velocity‐discharge relationship for
the proglacial river (R2=0.93), produced using velocities
obtained from 25 river dye traces conducted during the 2010
melt season over a 1–1.5km reach of the proglacial river
upstream of the fluorometer (Figure 4).
[20] The lowest flow velocities were obtained from the

earliest dye tracing experiments, with the three injections
at L1 and L2 between 2 May and 16 May generating values
in the range of 0.04 – 0.12ms‐1 (Figures 5a and 6a). There
was then a general increase in flow velocity from all moulins
during the rising limb of the hydrograph up to July 1, although
flow velocity from L1 peaked on 27May at 1.49ms‐1. Prior to
27 May the range of flow velocities observed from all moulins
was 0.04–0.30ms‐1, whereas beyond this date all flow veloc-
ities fell in the range of 0.32–1.49ms‐1. Scarcity of tests from
L14 prevents the examination of temporal trends in flow
velocity from this moulin, but the available values are consis-
tent with those from L4 and L7. There is no obvious spatial
trend in flow velocity, with L2 producing the lowest values
and L1, L4 and L7 all generating the highest values over a
given period of the season.

4.5. Dispersion

[21] Dye breakthrough curves from each experiment are
given in the auxiliary material, with a smaller number of
examples shown in Figure 7. With the exception of the
experiments at L1 on 2 May and L2 on 16 May (Figure 7b),
all curves exhibited only one peak, and most displayed a
characteristically asymmetric smooth form [Fountain,
1993b; Seaberg et al., 1988; Willis et al., 1990] with the
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Figure 2. (a) Temperature (solid line) and surface melt rate (dashed line) recorded on Leverett Glacier at
S1, 450m above sea level; (b) Bulk discharge, Q (solid line) and cumulative discharge Qcum (dashed line);
(c) Level of pooled water in (i) L1, (ii) L4, and (iii) L7 (m), expressed relative to the height of the ice
surface at the upglacier moulin lip (L1 and L4) or relative to an arbitrary datum (L7). Shaded area indicates
duration of record. Water pressure should equal ice‐overburden pressure when water level reaches approx-
imately ‐4m (L1), ‐19m (L4), and ‐32m (L7) relative to the ice surface (note that L7 water level is
displayed relative to an arbitrary datum and not the ice surface); d. Mean daily ice velocity at S2. Vertical
dashed lines indicate approximate points of transition between (from left to right) spring, early summer,
and late summer, as defined in section 6.1.
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falling limb of dye concentration showing varying degrees
of elongation relative to the rising limb (Figure 7a). There
was however a strong seasonal evolution of breakthrough
curve form, with curves becoming more peaked and sym-
metrical as discharge increased (Figure 7a).

4.6. Ice Velocity

[22] Mean ice velocity at S2 between 1May and 1 September
was 155m a‐1 (Figure 2d). Ice velocity exceeded 300m a‐1

during four high‐velocity events in May and June, with a
maximum of 474m a‐1 recorded on 22 May, but remained
comparatively low and stable during July and August.

5. Interpretation

5.1. Moulin Water Level

[23] Moulin water levels became less sensitive to supra-
glacial melt input (as inferred from surface melt rates) as
the season progressed. This is clearest at L1, where the water
level record is most complete (Figure 3). During the period
of surface melting between 1–5 May, the water level in the
moulin rose as high as the glacier surface, demonstrating
that the drainage system was unable to discharge water at
the rate it entered the moulin. Melting then ceased on the
6–7 May and there was a net drainage of water out of the
moulin. During the next period of melting (8–12 May),
day time water level initially reached the glacier surface
but then began to decline in spite of rising melt rates. There
was a further short period of freezing conditions during
which water level remained below the level of the sensor,
then melting recommenced and the englacial water level
rose once again. However, despite the high melt rates during

Figure 4. Relationship between discharge and velocity in
the proglacial river between the portal and the fluorometer.

Figure 5. Values derived from dye tracing experiments at
L1 (black circles) and L2 (grey circles). (a) Flow velocity,
um; (b) Modeled distributed component of drainage system,
xd; (c) Dispersivity, d; (d) Storage retardation index, SR.
Vertical dashed lines indicate approximate points of transi-
tion between (from left to right) spring, early summer and
late summer, as defined in section 6.1.

Figure 6. Values derived from dye tracing experiments at
L4 (black circles), L7 (grey circles), and L14 (open circles).
(a) Flow velocity, um; (b) Modeled distributed component of
drainage system, xd; (c) Dispersivity, d; (d) Storage retarda-
tion index, SR. Vertical dashed lines indicate approximate
points of transition between (from left to right) spring, early
summer and late summer, as defined in section 6.1. Note
that the scales on the vertical axes differ from those used
in Figure 5.
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this period, the water level soon fell again and was not
recorded at the level of the sensor after 22 May.
[24] From this sequence, it is apparent that the efficiency

of the drainage system increased in response to increased
meltwater input. The rise in efficiency was not instantaneous
however, causing an imbalance between discharge into and
out of the englacial system, and a corresponding increase
in englacially stored water, at times when the amount of
surface runoff was increasing. Similarly, the available data
from L4 and L7 show that moulin water levels were high
and variable during the early part of the melt season. The
data are limited however by their patchiness (due to both
the tendency of the water level to drop below the level of
the sensor and the freezing in place of the sensors) and the
method’s inability to inform us as to the structure of the
underlying subglacial drainage system. A more detailed

and complete picture of drainage system structure and evolu-
tion can be obtained by examining the results of the dye
tracing experiments.

5.2. Flow Velocity

[25] Flow velocity increased at all moulins (Figures 5a and
6a) as discharge rose through May and June (Figure 2b).
Traditionally, increases in drainage system efficiency on a
seasonal timescale have been viewed in terms of a transition
from a predominantly distributed to predominantly channel-
ized drainage system [e.g., Fountain and Walder, 1998;
Hubbard and Nienow, 1997]. The transition between these
systems, and the subsequent impact on subglacial water
pressures, has formed the core of the debate surrounding
the relationship between runoff and ice velocity in the abla-
tion zone of the Greenland Ice Sheet [Bartholomew et al.,
2011a; Sundal et al., 2011]. Because flow in channelized
systems is expected to occur at velocities 1–2 orders of mag-
nitude greater than in distributed systems [Nienow et al.,
1998], analysis of the dye flow velocities allows us to exam-
ine whether a transition between these two systems is ob-
served within the dye tracing data from Leverett Glacier.
In doing so, we seek to differentiate between variation in
flow velocity caused by a transition between two distinct
drainage morphologies and that which results from temporal
variation in the morphology and drainage conditions of fully
channelized pathways [Nienow et al., 1996].
[26] Flow velocity represents an average of conditions be-

tween the moulin and portal, which may comprise sections
of distributed and channelized drainage pathway [Fountain,
1993b; Nienow et al., 1998]. If characteristic velocities are
presented for channelized and distributed flow, then it is pos-
sible to calculate the relative proportions of these two sys-
tems required to produce the observed values of mean flow
velocity. This is given from

xd ¼ xud x=umð Þucud½ �f g
ud−ucð Þ (1)

[27] [Willis et al., 1990, equation (22)] where x is the
straight line distance from the moulin to the portal, xd
is the length of the distributed component of the flow path,
uc is the mean flow velocity in channelized systems, ud is
the mean flow velocity in distributed systems, and um is
the overall mean flow velocity. Following Nienow et al.
[1998], ud was estimated at 0.025ms‐1, based on the results
of tracer studies at the Haut Glacier d’Arolla [Nienow et al.,
1998], Midtdalsbreen [Willis et al., 1990] and Variegated
Glacier [Kamb, 1987]. uc is likely to vary through the season
as channel cross section, roughness and pressure fluctuates
[Gulley et al., 2012; Nienow et al., 1996; Werder et al.,
2010]. To examine the impact of this on the outcome of
equation (1), xd was calculated twice for each tracing exper-
iment. Firstly, uc was kept constant at a typical proglacial
channel velocity of 2ms‐1 (Figure 4). For the second calcu-
lation, uc was assumed on each occasion to be equal to
the velocity of the proglacial river at its concurrent
discharge (calculated from the velocity‐discharge relation-
ship described in section 4.4 and Figure 4), in order to sim-
ulate a seasonal increase in subglacial channel velocity as
discharge increased. The results proved to be insensitive to

Figure 7. Observed dye breakthrough curves. Date of
injection given on figure. (a) Examples of smooth curves
from injections at L7; (b) Irregular curves from injections
at L1 and L2. (c) Irregular curve from injection at L4 on
4 June. Dye concentration has been normalized to equalize
the area under the observed breakthrough curves. All break-
through curves can be seen in the auxiliary material.
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the selection of uc, with the two calculations producing
values of xd that varied by less that 2 % for each dye tracing
experiment (see auxiliary material). As such, only the
results produced using a constant uc are shown in Figures 5b
and 6b.
[28] While equation (1) is insensitive to the choice of uc,

substantial uncertainty remains in the calculation of xd, in
particular due to the likely underestimation of x (which does
not account for the sinuosity of the flow path) and because
ud is only an approximate velocity for flow through distrib-
uted systems [Nienow et al., 1998]. As such, the absolute
values of xd shown in Figures 5b and 6b should be treated
cautiously. The only indication of drainage at velocities
representative of a distributed drainage system comes from
the very earliest tracing experiments, which were undertaken
at L1 (2 May) and L2 (8 and 16 May) (Figure 5b). It is
possible therefore that these experiments were undertaken
prior to the formation of channels linking these moulins with
the portal, with drainage partly occurring through a system
closed up due to ice deformation over winter.
[29] xd remained small and relatively constant at all sites

from late May onward, with the initial drop from ~6 to 2 %
at L4 insignificant relative to the decline in xd following the
first experiments at L1 and L2 (Figures 5b and 6b). Given
the uncertainties, these values are not significantly different
from zero. This suggests that channelization of the drainage
system along this lower 14km of the glacier was complete
within at most 4weeks of the onset of melting. At this time,
discharge was ~100m3s‐1, a quarter of its peak value in late
July, while cumulative discharge was at only ~5 % of the
total seasonal flux. It is likely that variation in velocity
beyond this point reflects a combination of factors which influ-
ence the rate of flow through channelized drainage systems,
including channel roughness, pressure and supraglacial input
at the time of dye injection [Nienow et al., 1996; Schuler
et al., 2004; Schuler and Fischer, 2009; Werder et al.,
2010], rather than a transition between distributed and chan-
nelized drainage morphologies.

5.3. Dispersion

[30] As discharge and flow velocity increased through
May and June, the dispersion of the dye cloud between
injection and detection decreased, resulting in more peaked
dye breakthrough curves (Figure 7a). This is interpreted as
a function of increasing system efficiency – as the dye is
rapidly transported through a relatively simple channel
network, there is less time for the cloud to be dispersed,
and fewer obstacles to cause this dispersion [Seaberg
et al., 1988]. More information on drainage system structure
and conditions can be obtained from a more detailed analy-
sis of the form of the dye breakthrough curves.
5.3.1. Irregular Breakthrough Curves
[31] If dye passes along a drainage system in which flow

paths diverge and reconverge, then multiple peaks or irregu-
larities may be found in the dye breakthrough curve. Of
the 43 dye tracing experiments undertaken, only the first
experiment from L1 (2 May) and second experiment from
L2 (16 May) produced multiple peaks. On both occasions
there is a clear initial peak, followed by a period of lower,
fluctuating dye concentration (Figure 7b). Additionally, the
breakthrough curve from L4 on 4 June has only one peak,
but exhibits an obvious shoulder on the rising limb of dye

concentration (Figure 7c). The form of these curves suggests
that at this time there was a preferred, more rapid drainage
pathway, but that some dye was diverted down anabranch-
ing slower routes [Seaberg et al., 1988], indicating structural
inefficiencies existed in the early season drainage system
that disappeared as discharge rose.
5.3.2. Dispersivity
[32] Dispersion of the dye cloud is promoted by a range of

morphological factors, including high degrees of braiding,
sinuosity and roughness [Gulley et al., 2012; Seaberg
et al., 1988]. Very high dispersion rates have therefore been
interpreted as indicative of flow through a distributed system
[Bingham et al., 2005; Nienow et al., 1998], but these mor-
phological factors remain relevant controls on dispersion in
a channelized system [Gulley et al., 2012; Hock and Hooke,
1993; Seaberg et al., 1988]. Dispersion also occurs in the
englacial drainage system, with englacially stored water in-
creasing the dispersion of the dye cloud [Fountain, 1993b;
Schuler et al., 2004]. Higher rates of dispersion are therefore
associated with less efficient drainage morphologies and
conditions. It is not easy however to distinguish between
these processes, with the dispersion at any time reflecting a
combination of factors [Schuler et al., 2004].
[33] In glacial systems, dispersion is often examined in the

form of dispersivity (d=D / um), which describes the relation-
ship between the rate at which dye is dispersed (D) and the rate
at which it is advected through the glacier (um), with higher
dispersivities indicative of lower drainage efficiency [Fischer,
1968; Seaberg et al., 1988]. D is the dispersion coefficient,
which describes the rate at which the dye cloud is dispersed.
The dispersion coefficient can be calculated by fitting a one‐
dimensional advection‐dispersion model to a dye break-
through curve [Schuler et al., 2004; Willis et al., 2009]

c tð Þ ¼ um
Q

V

4πDtð Þ1=2
exp −

x−umtð Þ2
4Dt

" #

where c is the concentration of dye passing a fixed point
downstream of the injection site at time t, V is the volume
of injected dye, x is the distance in the along flow direction,
Q is discharge and other symbols are as defined above
[Behrens et al., 1975; Brugman, 1986; Schuler et al., 2004;
Seaberg et al., 1988; Willis et al., 1990]. This model does
not account for the process of storage retardation, whereby
dye is temporarily stored then rereleased back into the main
flow [Schuler et al., 2004;Willis et al., 1990, 2009]. This pro-
cess causes the breakthrough curve, and particularly the falling
limb of dye concentration, to become more elongated. As
such, only the rising limb was considered when optimising
the fit between the observed andmodeled breakthrough curves
[Schuler et al., 2004; Willis et al., 2009], adjusting u and V
such that the magnitude and timing of the modeled curve
was in agreement with observations, and adjusting D to
minimise error between the two rising limbs (Figure 8 and
auxiliary material).
[34] Dispersivity is plotted for all experiments in Figures 5c

and 6c, with the exception of the experiment at L4 on 4 June,
where the irregular form of the rising limb makes this method
of calculation inappropriate (Figure 7c). The low and stable
values of dispersivity displayed for experiments from all mou-
lins during July and August indicate that there was little
change in the form of the drainage system during this period.
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During May and June however the records from each moulin
show a trend of declining dispersivity, most notably at L4 and
L7. This demonstrates that some process was occurring during
these early experiments to cause the dye cloud to be dispersed
more rapidly than would be expected in an efficient channel at
the observed flow velocities. The effects of this process appear
to decline as the season progresses, stabilising at the lower
four moulins by the end of June.
5.3.3. Storage Retardation
[35] Because the model is fitted only to the rising limb of the

breakthrough curve, there is often a poor agreement between
the falling limbs of the observed and modeled curves
(Figure 8), which is attributed primarily to the process of
storage retardation [Schuler et al., 2004; Willis et al., 1990].
As such, the agreement between the entirety of the observed
and modeled breakthrough curves can be used as an indication
of the importance of storage retardation as a dispersive process
[Brugman, 1986; Willis et al., 2009]. The percentage of the
area under each observed curve that was not explained by
the equivalent modeled curve was therefore taken as a storage
retardation index, SR, with greater values indicating a greater
importance of storage retardation.
[36] SR is shown in Figures 5d and 6d. For experiments

where the detected dye concentration was low and the dura-
tion of the dye breakthrough curve brief, the form of the
curve was distorted by noise in the fluorometer signal, lead-
ing to large uncertainties in storage retardation. This is
particularly problematic for the results from L1 and L2,
where minimal volumes of dye were used to limit costs,
and probably explains the scatter of values shown in
Figure 5d. A clearer trend is visible at the upper three mou-
lins (Figure 6d), with storage retardation declining during
the first half of June before remaining comparatively low
and stable during July and August.
5.3.4. Significance for Drainage System
[37] The highest values of SR (>60 %) are associated with

the complex breakthrough curves obtained during the early
experiments undertaken at L1 and L2 (Figures 5d and 7b),
where flow divergence increases the difference between the
observed and modeled curves. With the exception of these,
and particularly at the upper three moulins where the scatter
in SR is reduced, there is good agreement between the seasonal
trends in dispersivity and storage retardation (Figures 5c–5d
and Figures 6c–6d). Both parameters showed a general

decline over time until stabilising during late June and July,
and both were particularly high for the initial experiments at
L4, L7 and L14 during late May and early June. This indicates
that some process was acting early in the season to disperse the
dye more rapidly than would be expected by flow along an
efficient channel network.
[38] Three principal explanations can be offered for this.

The first is that this trend represents the gradual expansion of
the subglacial channel network at the expense of the distrib-
uted drainage system [Nienow et al., 1998]. This seems
unlikely however, as the high flow velocities observed from
L4, L7 and L14 at the time of highest dispersivity and storage
retardation during late May and early June indicate that the
drainage system was already fully channelized by this time
(Figure 6).
[39] The second possibility is that this reflects an increase in

efficiency in the subglacial channel system. Small channels
are hydraulically rough compared to larger channels, and
may be characterised by small‐scale braiding and sinuosity
as water is diverted around obstacles in the bed [Gulley
et al., 2012;Hock and Hooke, 1993; Seaberg et al., 1988]. Al-
though the bulk discharge of ~100m3s‐1 during late May
demonstrates that the principal subglacial channels were well
developed by this point, tributary channels may have been suf-
ficiently small for the bed to have exerted a large influence on
flow. The sustained discharge of surface meltwaters through
these channels as surface melt continued would cause the
channel cross sections to expand [Röthlisberger and Lang,
1987], increasing drainage efficiency and so causing disper-
sivity and storage retardation to decrease. Similarly, increasing
flow depth due to rising discharge in an open channel would
cause hydraulic roughness, and as such dispersivity and stor-
age retardation, to decrease [Gulley et al., 2012]. Open chan-
nel flow does not however seem likely to be the dominant
drainage process beneath the glacier, as high and variable eng-
lacial water levels demonstrate pressurization of the drainage
system early in the melt season (Figure 2c), and the reverse
bed slope requires subglacial drainage to be pressurised from
beyond ~3km upglacier (Figure 1b). Although dispersion in
the proglacial channel is likely to have declined as discharge
rose, the highest dispersivities at the upper three moulins were
recorded when dispersivity at the lower two moulins was low,
demonstrating that the cause of the enhanced dispersion was
located upglacier and not in the proglacial environment. As

Figure 8. Examples of observed (solid lines) and modeled (dashed lines) dye breakthrough curves.
(a) L7 31 May. (b) L7 4 July. Dye concentration has been normalized to equalize the area under the
observed breakthrough curves. All breakthrough curves can be seen in the auxiliary material.
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such, if increasing channel efficiency is an important cause of
decreasing dispersivity and storage retardation, this is expected
to occur primarily due to expansion of the cross‐sectional area
of pressurised channels, and not due to increasing discharge in
open channels.
[40] The third possible explanation for the decline in dis-

persivity and storage retardation is that this trend reflects
changes in the englacial system. At South Cascade Glacier,
Washington State, Fountain [1993b] was unable to account
for the shape of dye breakthrough curves without incorporat-
ing a storage term, which he inferred to be pooling in the
englacial drainage system. Our observations support the
association of high dispersivity and storage retardation
with periods of transient englacial storage. In particular,
at the time of high dispersivity and storage retardation dur-
ing the early experiments at the three upper moulins, the
englacial water level reached almost to the glacier surface
(Figure 2c), and dye was observed to spread out through
the pooled water. The subsequent release of dye at increas-
ingly dilute concentrations from such a pool would produce
a smooth but elongated dye breakthrough curve [Fountain,
1993b], much like those observed at this time (Figure 7a,
auxiliary material).
[41] In reality, it is likely that both channel efficiency and

englacial storage contributed to the seasonal patterns of dis-
persivity and storage retardation. The greatest volumes of
englacial storage were observed at the time of the early
experiments, with the level of water pooled in moulins
reaching close to the ice surface, and it is likely that this
exerted a strong influence on the dispersal of dye [Fountain,
1993b]. These high water levels were generated by water
entering the drainage system more rapidly than it could be
discharged, which is most likely to occur at a time of
increasing runoff into channels which are relatively small
and inefficient and so easily overwhelmed. The high values
of dispersivity and storage retardation may therefore reflect
a combination of high storage and low channel efficiency,
with dispersivity and storage retardation then falling as
channel cross sections expanded in response to sustained
melt input, allowing englacial storage to drop.

6. Discussion

6.1. Seasonal Evolution of Drainage System
Morphology

6.1.1. Spring
[42] The extremely high englacial water levels recorded at

L1 following the onset of monitoring on 1 May demonstrate
that the drainage system was unable to discharge surface
melt water at the rate at which it was entering the moulin
(Figure 2c). At this time, the very low flow velocities indicate
that part of the drainage pathway from L1 and L2 was through
an inefficient, distributed system (Figures 5a–b). This is sup-
ported by signs of flow divergence in the shape of dye break-
through curves from L1 and L2, suggesting the existence of
multiple flow paths (Figure 7b). It seems likely that at this
stage we are observing the initial input of surface meltwater
into an inefficient drainage system which has largely closed
through ice deformation over the winter, leaving it with insuf-
ficient capacity to discharge the rapidly rising inputs of surface
meltwater [Fountain, 1993b; Röthlisberger and Lang, 1987].

[43] Over the next ~20days the englacial water level at L1
dropped, in spite of increasing melt rates, indicating a rise in
the output discharge from the englacial system due to in-
creasing drainage efficiency (Figure 3). Rising flow veloci-
ties from L1 and L2 (Figures 5a–5b) and the end of flow di-
vergence indicate that this was most likely due to a growth in
the extent and efficiency of the channel network. During this
initial phase therefore, observed at L1 and L2 during the first
half of May, the principal cause of increasing drainage system
efficiency is interpreted to be the growth of a channelized
drainage network at the expense of the winter distributed
drainage system. This is in keeping with the processes of sea-
sonal drainage system evolution inferred for alpine and High
Arctic glaciers [Bingham et al., 2005; Fountain and Walder,
1998; Nienow et al., 1998; Willis et al., 1990].
6.1.2. Early Summer
[44] The relatively high flow velocities (Figures 6a–6b)

and absence of visible flow divergence recorded during
the first dye tracing experiments at the three upper moulins
(undertaken 29 May to 2 June) indicate that by this point
the subglacial drainage channels had expanded to connect
the portal with moulins as far as 14km upglacier. Moulin
water level records from L4 and L7 demonstrate that in spite
of these channels however, meltwater inputs were still capa-
ble of exceeding drainage capacity, leading to englacial
water storage (Figure 2c). Throughout June, there was a
continued rise in flow velocity from these moulins, indicat-
ing an increase in the efficiency of and discharge through
the subglacial channels (Figure 6a). In accordance with this,
the changing form of the dye breakthrough curves suggests
a decline in the volume of water storage in the englacial
system over this same period, reaching a low and relatively
stable level by early July (Figures 6c–6d). This is important,
because it implies that rising meltwater inputs regularly
caused water to back up into the englacial drainage system
for a period of at least 2–4weeks following the formation
of channels linking these moulins to the portal. It is
likely that this period of imbalance reflects the continual
readjustment of channel cross section to rising melt inputs
as the season progressed and bulk discharge rose from
~100 to 300m3s‐1 (Figure 2b) [Bartholomew et al., 2011a].
As such, the increase in subglacial channel cross section
may form a second phase of drainage system evolution influ-
encing the relationship between meltwater inputs and sub-
glacial water pressure long after the channelized drainage
network has formed [Bartholomew et al., 2011a, 2012].
6.1.3. Late‐Summer
[45] By early July, the rise in bulk discharge has slowed

(Figure 2a) and the drainage system has reached a relatively
stable configuration across a distance extending at least as
far as L7 (6.6km from the portal). From this time on, the
observed dispersion of injected dye can be well explained by
flow along a stable system of efficient channels, with morpho-
logical changes and englacial storage inferred to be much less
important than during May and June (Figures 5c–5d and
Figures 6c–6d).

6.2. Implications for Ice Dynamics

[46] Subglacial hydrology and ice dynamics are closely
linked, with ice velocities, driven by basal sliding, increasing
with water storage and basal water pressure [Bartholomaus
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et al., 2008; Iken, 1981; Iken and Bindschadler, 1986; Kamb,
1987; Röthlisberger and Lang, 1987; Schoof, 2010]. These
conditions occur when surface meltwater inputs exceed
the existing capacity of the drainage system [Bartholomaus
et al., 2008; Röthlisberger and Lang, 1987]. There should
therefore be a correspondence between the inferred seasonal
drainage evolution and ice dynamics on Leverett Glacier,
and in particular periods of low drainage efficiency, high water
storage and elevated ice velocity.
[47] Ice velocity records from S2 show seasonal variations

in ice dynamics that reflect the inferred processes of drainage
evolution (Figure 2d). Major spikes in ice velocity, centred
on 11 and 22 May, occurred during the period of “spring”
drainage configuration, when drainage system efficiency
was low but discharge was increasing rapidly (Figure 2)
(analogous to the “spring events” often reported at glaciers
[Mair et al., 2003; Röthlisberger and Lang, 1987]), causing
the level of englacially stored water to rise as high as the gla-
cier surface (Figure 2c). Following this, ice velocity then
remained relatively high, albeit falling, during June, with
short‐term acceleration events corresponding to rapid rises in
discharge [Bartholomew et al., 2011a]. This corresponds to
the second phase of drainage evolution during the ‘early sum-
mer’, in which the drainage system is inferred to be channel-
ized but these channels were regularly overwhelmed by rising
meltwater inputs, leading to transient water storage. It was
not until the “late summer” period, when larger and more
efficient channels, less sensitive to rising melt input, had
formed, and discharge began to stabilise and then decline,
that ice velocity at S2 became relatively low and stable
[Bartholomew et al., 2011a].
[48] The correspondence between ice dynamics and drain-

age evolution is highlighted in Figure 9. This demonstrates a
correlation between ice velocity at S2 and dispersivity for
dye tracing experiments at L4, L7 and L14. It is unlikely that
the traced drainage pathways exert an individual influence
on the recorded ice velocity—instead, the correlation proba-
bly indicates that these flow paths were representative of the
wider drainage system at the time of the experiments.
Although all these data come from a period in which the
drainage system along this section of the glacier is thought
to be channelized, they indicate that higher ice velocities
occurred when the channels were hydraulically less efficient
and englacial storage was high. This demonstrates that sea-
sonal evolution of the drainage system remains important af-
ter subglacial channels have formed, and supports the

assertion that variations in meltwater input can generate
large fluctuations in ice velocity even where a fully channel-
ized drainage system exists [Bartholomaus et al., 2008;
Bartholomew et al., 2011a, 2012; Schoof, 2010].

6.3. Applicability to the Ablation Zone of the
Greenland Ice Sheet

[49] The results of our dye tracing study suggest that there
are many similarities, except in scale, between the seasonal
evolution of the drainage system of this section of Leverett
Glacier and that observed at smaller temperate and polyther-
mal glaciers [e.g., Behrens et al., 1975; Bingham et al.,
2005; Collins, 1982; Fountain, 1993b; Hock and Hooke,
1993; Nienow et al., 1998; Seaberg et al., 1988; Willis et al.,
1990]. For logistical reasons, our study was limited to the low-
ermost 14km of glacier, but subglacial drainage of surface
meltwaters is expected to occur beneath at least 60km of
Leverett Glacier [Bartholomew et al., 2011b; Cowton et al.,
2012], and for greater than 80km in neighbouring catchments
[Bartholomew et al., 2011a]. Perhaps the greatest difference
between the upper reaches of the catchment and the area
described in this study is the extremely thick, cold ice separat-
ing the surface and bed of the glacier, with ice thickness
exceeding 1km at 50km inland from the margin of Leverett
Glacier [Allen, 2010]. The hydrological impacts of this are
likely twofold.
[50] Firstly, the thick ice will generate very high deforma-

tion rates at the bed, causing rapid closure of low‐pressure
zones [Cuffey and Paterson, 2010]. Nonetheless, ice veloci-
ties show similar seasonal patterns in regions of ~1000m
thick ice to those observed near the margin, with the sensi-
tivity of ice velocity to melt water inputs decreasing as
the summer progresses [Bartholomew et al., 2010, 2011a;
Hoffman et al., 2011]. This suggests subglacial channel
growth is sufficient to offset the rapid deformation, allowing
efficient drainage channels to evolve as observed on the
lower glacier [Bartholomew et al., 2010, 2011a; Hoffman
et al., 2011]. Secondly, the thick, cold ice makes it more
difficult to establish a hydrological connection between the
surface and the bed. Catastrophic lake drainage through
hydrofracturing is therefore a key mechanism of moulin
formation [Das et al., 2008; van der Veen, 2007]. This
means that the input of surface meltwater to the glacier bed
is often delayed until a lake drainage event has occurred
[Bartholomew et al., 2011a]. Because the initial discharge
of meltwater during a lake drainage event is extremely large,
it is likely to force the drainage system to evolve rapidly to
an efficient state [Das et al., 2008; Pimentel and Flowers,
2011]. As such, a prolonged period of drainage system
evolution in response to gradually increasing melt inputs,
as seen on the lower glacier, may be less likely in the upper
parts of the catchment.
[51] The hydrology of the Greenland Ice Sheet may

depend not only on distance from the ice margin, but also
on the type of ice margin. Ice velocities near the terminus
of marine‐terminating outlet glaciers are often an order of
magnitude greater than at land‐terminating glaciers [Rignot
and Kanagaratnam, 2006]. Kamb et al. [1985] argued that
rapid basal sliding during glacial surges inhibited the growth
of efficient subglacial channels, maintaining high‐pressure
drainage through linked‐cavities, which in turn helped
sustain the high sliding velocities. It is difficult however

Figure 9. Comparison of ice velocity at S2 with dispersiv-
ity. Symbols indicate whether the dye was injected into L4
(black circles), L7 (grey circles), or L14 (open circles).
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to conceptualise how the vast quantities of melt water
formed in these Greenland catchments each summer
could be discharged through a distributed drainage system,
and the emergence of turbid meltwater plumes from marine‐
terminating glaciers points to the existence of efficient subgla-
cial channels [Lewis and Smith, 2009; Sole et al., 2011].
Furthermore, observations of ice motion at numerous
marine‐terminating glaciers in west Greenland reveal seasonal
flow patterns comparable with those on land‐terminating
glaciers, suggesting a similar process of drainage system
evolution [Howat et al., 2010; Sole et al., 2011]. These obser-
vations, suggesting the seasonal evolution of drainage
efficiency beneath fast flowing ice, are difficult to reconcile
with Kamb’s theory of rapid ice motion sustained by ineffi-
cient distributed drainage. As such, the hydrology of tidewater
glaciers requires further research.

7. Conclusions

[52] The results from 43 dye tracing experiments, in con-
junction with moulin water level and ice velocity data, provide
a detailed picture of the morphology and evolution of the
drainage system of the lower 14km of Leverett Glacier, west
Greenland. Following the onset of seasonal melt in May, the
discharge of supraglacial meltwater into moulins frequently
exceeded output from the englacial system, causing the engla-
cial water level to rise to the glacier surface during times of
peak melting and ice velocity to reach its seasonal maximum.
The flow velocity and dispersion of injected dye suggests a
rapid transition from a distributed to channelized drainage
system occurred at this time, with channels extending greater
than 13km upglacier by the time that discharge reached a
quarter of its seasonal peak and cumulative discharge was only
5 % of the observed seasonal flux. This rise in drainage effi-
ciency is apparent in the moulin water level records, with
greater meltwater inputs required to force a rise in englacial
storage relative to the onset of the melt season.
[53] Dye breakthrough curves indicate drainage efficiency

remained relatively low and storage high following the
formation of these channels. This period was characterised
by regular increases in runoff, causing meltwater to back
up into the englacial system, as observed in the moulin water
level records. Ice velocity remained high and variable during
this period, suggesting that, when meltwater inputs are rising
faster than the drainage system can adjust, hydrological
forcing of ice velocity occurs despite the existence of chan-
nels [Bartholomaus et al., 2008; Bartholomew et al., 2011a;
Schoof, 2010]. As the season progressed, the sustained input
of meltwater allowed channel cross section to increase and
storage to decline. Drainage efficiency was at its greatest,
and storage lowest, during the late summer period when sub-
glacial channels were well developed and runoff was rela-
tively stable or declining. Correspondingly, the lowest
and most stable ice velocities were recorded at this time.

Notation
c dye concentration at a fixed point downstream of

the injection site, p.p.m.
d dispersivity, m.
D dispersion coefficient, m2s‐1.
Q bulk discharge, m3s‐1.

Qcum cumulative bulk discharge, m3.
SR storage‐retardation index, %
t time, s.
V volume of injected dye, ml.
x length of flowpath, m.
xc channelized proportion of flow path, %.
xd distributed proportion of flow path, %.
uc approximate mean flow velocity in channelized sys-

tem, ms‐1.
ud approximate mean flow velocity in distributed sys-

tem, ms‐1.
um flow velocity between moulin and portal, ms‐1.
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INTRODUCTION
Glacial processes play a key role in shaping 

global geomorphology; high erosion rates are 
invoked to both limit (Brozović et al., 1997) and 
raise (Raymo and Ruddiman, 1992) the altitude 
of upland areas. There remains, however, con-
siderable uncertainty as to the effi cacy of and 
controls on glacial erosion (Koppes and Mont-
gomery, 2009). In particular, there are very few 
measurements of the rate of erosion by the cur-
rent Greenland and Antarctic ice sheets (Hallet 
et al., 1996). This limits our understanding of the 
effectiveness of these ice masses as geomorpho-
logical agents, adding signifi cant uncertainty to 
our interpretation of landscape evolution across 
the ~30% of the Earth’s land surface covered by 
ice during the Quaternary.

Erosion rate appears to vary by four orders 
of magnitude between glaciers in different geo-
logical and climatic settings (Hallet et al., 1996). 
A study of sediment fl ux in east Greenland by 
Andrews et al. (1994) indicated basal erosion 
rates as low as 0.01 mm a–1, compared to ~0.1–
10 mm a–1 at temperate valley glaciers and riv-
ers (Hallet et al., 1996; Koppes and Montgom-
ery, 2009). This value has been used to suggest 
that ice sheets may be exceptionally ineffective 
agents of erosion due to the inhibition of sliding 
in cold-based ice (Hallet et al., 1996).

However, recent studies have demonstrated 
that the hydrology and ice dynamics at the mar-
gins of the Greenland ice sheet closely resemble 
those of alpine glaciers, with surface meltwa-
ter accessing the glacier bed tens of kilometers 
from the terminus (e.g., Bartholomew et al., 
2011a, 2011b; Das et al., 2008). Even where 
basal melting occurs, surface meltwater is an 
important catalyst for enhanced glacier erosion; 
its presence promotes both high water pressures, 
which enhance basal sliding with associated 
erosion, and effi cient evacuation of the products 
of erosion, exposing fresh bedrock to ongoing 
erosion (Alley et al., 1997; Swift et al., 2002). It 

seems probable therefore that bedrock beneath 
the ice sheet margins will have an erosion rate 
much higher than that averaged across the ice 
sheet as a whole.

Subglacial drainage channels are a critical 
mode of sediment transport under warm-based 
glaciers (Alley et al., 1997; Swift et al., 2002). 
Because of this, measurement of the fl ux of sed-
iments in proglacial rivers has commonly been 
used to estimate the average rate of erosion in 
alpine catchments (see Hallet et al., 1996). Here 
we present two years of sediment fl ux data from 
meltwaters draining a large catchment of the 

Greenland ice sheet to investigate the assump-
tion that ice sheets are weak erosional agents in 
comparison to alpine glaciers.

METHODS
Leverett Glacier (67.06°N, 50.17°W) is a 

land-terminating outlet glacier located on the 
western margin of the Greenland ice sheet 
(Fig. 1). It is underlain by Archean gneiss, rep-
resentative of the crystalline bedrock that domi-
nates Greenland (Henriksen et al., 2000). Typi-
cal of the ice sheet margin, surface meltwaters 
penetrate to the glacier bed during the summer 
months (Bartholomew et al., 2011b; Lewis and 
Smith, 2009). These meltwaters drain from one 
portal at the northern end of the glacier snout 
(Bartholomew et al., 2011b). Average ice veloc-
ities extending to 80 km from the ice margin are 
~100 m a–1 (Bartholomew et al., 2011a).

Throughout the 2009 and 2010 melt sea-
sons, the proglacial river was monitored at a 
stable bedrock section ~2.2 km downstream of 
the portal (see the GSA Data Repository1; Bar-
tholomew et al., 2011b). Mean stage was logged 
at 5 min intervals and converted to discharge 

Geology, April 2012; v. 40; no. 4; p. 343–346; doi:10.1130/G32687.1; 2 fi gures; Data Repository item 2012095.
© 2012 Geological Society of America. For permission to copy, contact Copyright Permissions, GSA, or editing@geosociety.org.

1GSA Data Repository item 2012095, supplemental methods, Figure DR1 (variation in suspended sediment 
concentration in the proglacial river with distance from the portal), and Figure DR2 (expansion of the modeled 
catchment extent through the melt seasons of 2009 and 2010), is available online at www.geosociety.org/pubs/
ft2012.htm, or on request from editing@geosociety.org or Documents Secretary, GSA, P.O. Box 9140, Boulder, 
CO 80301, USA.
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ABSTRACT
The Pleistocene ice sheets left a clear signature of erosion, but the rate at which ice sheets 

erode is diffi cult to determine from either paleolandscapes or observations of contemporary 
processes. Here we use two years of sediment fl ux data, derived from meltwaters emerging 
from an outlet glacier in west Greenland, to calculate an average rate of subglacial erosion 
across a catchment extending >50 km inland from the ice margin. Erosion in this zone occurs 
at 4.8 ± 2.6 mm a–1, a rate 1–2 orders of magnitude greater than previous estimates of erosion 
rate beneath the Greenland Ice Sheet. Our results suggest that where surface meltwaters are 
able to access the bed, the rate of erosion by ice sheets is in keeping with the rapid erosion 
observed at temperate alpine glaciers. During deglacial phases, when meltwater was abun-
dant, ice sheet margins should therefore have acted as highly effi cient agents of erosion.
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(Q) using a rating curve from 29 dye-dilution 
gauging experiments across the full range of 
discharges (r = 0.92). Mean suspended sediment 
concentration (SSC) was similarly logged at 5 
min intervals using a turbidity sensor calibrated 
with 80 samples taken throughout the two sea-
sons (r = 0.92). Samples were fi ltered through 
0.45 μm papers which were then dried and 
weighed in the laboratory. Suspended sediment 
load (SSL) was derived from the discharge and 
SSC time series, and integrated throughout the 
observation period to produce a value of annual 
SSL. Linear interpolation was applied to data 
gaps, which represented 15.5% and 10.5% of 
values in 2009 and 2010, respectively, and had a 
maximum duration of 3 days (mean = 9 h).

RESULTS
In order to compare the two years, seasons 

are standardized as spanning 7 May to 27 
August (in 2009 monitoring continued for a fur-
ther 6 days). The year 2010 was exceptionally 
warm in west Greenland, with the highest melt 
rate since at least 1958 (Box et al., 2010). This 
is refl ected in both the duration and quantity of 
runoff, with discharges >200 m3 s–1 recorded on 
75 days in 2010, compared with only 27 in 2009 
(Fig. 2). Consequently, observed runoff at Lev-
erett Glacier in 2010 was nearly double that of 
2009, 1.98 and 1.03 × 109 m3, respectively.

The fi rst halves of the 2009 and 2010 melt 
seasons (May–June) are punctuated by a series 
of peaks in SSL associated with simultaneous 
rises in discharge and spikes in SSC (Fig. 2). In 
both years this is followed by a marked change 
of behavior. On 3 July 2009, there is a sudden 
release of sediment, with SSC reaching 16 kg 
m–3 and SSL peaking at nearly 2 t s–1. Follow-
ing this, SSL remains elevated and variable, 
culminating in a seasonal high of 2.2 t s–1 on 19 
August. In 2010, there is a similar fl ush of sedi-
ment on 1 July, albeit at lower concentrations, 
resulting in a seasonal maximum SSL of >1 t s–1. 
In contrast to 2009, however, SSC then returns 
to ~1 kg m–3, keeping SSL below 0.5 t s–1 for the 
remainder of the season. Refl ecting the higher 
mean SSC in 2009 (3.81 kg m–3, as opposed to 
1.45 kg m–3 in 2010), observed suspended sedi-
ment fl ux reached 4.50 × 106 t a–1 in 2009, com-
pared to 2.75 × 106 t a–1 in 2010.

Although erosion is unlikely to cease during 
the winter, the eroded material cannot be fl ushed 
out until the onset of melting in the spring, con-
tributing to the observed sediment fl ux dur-
ing the following melt season. However, some 
transport of sediment out of the system was 
missed in 2010, as discharge remained high, 
albeit declining, at the cessation of monitoring. 
If we assume that it declined linearly until 29 
September, when a return visit indicated that the 
river had fallen to an insignifi cant level (<5 m3 
s–1), and SSC is held at 1 kg m–3, then a further 

3.3 × 105 t of sediment is generated. This sug-
gests that total suspended sediment fl ux in 2010 
may be ~10% greater than stated here.

DISCUSSION

Sediment Yield
In order to calculate erosion rate, it is fi rst 

necessary to divide the sediment fl ux by the 
source area to obtain a catchment-averaged 
sediment yield. This is complicated in an ice 
sheet setting by the diffi culty of estimating the 
size of the subglacial hydrological catchment 
from which the sediment is derived. Palmer 
et al. (2011) used a surface digital eleva-
tion model to produce a hydrological catch-
ment area of 1200 km2 for Leverett and Rus-
sell Glaciers (Fig. 1). As ice surface slope is 
a key control on hydraulic gradient within the 
ice (Shreve, 1972), the surface catchment will 
strongly infl uence the englacial and subglacial 
routing of meltwaters. In this section of the ice 
sheet, this inference is supported by the clear 
spatial correlation between patterns of hydro-

logically forced ice acceleration and ice sur-
face topography (Palmer et al., 2011).

Taking this catchment as a template, we used 
a temperature index model of melt (Hock, 2003) 
to calculate the area required to generate the 
volume of meltwater observed in the proglacial 
river (Bartholomew et al., 2011b). The model 
was driven by and calibrated against tempera-
ture and ablation records, spanning both sea-
sons, from seven sites between 450 and 1720 m 
elevation (Fig. 1). In both years, the model sug-
gests that meltwaters emerging from Leverett 
Glacier are fed by a catchment that expands to 
a maximum elevation of ~1200 m, an area of 
~600 km2 (Fig. DR2 in the Data Repository). 
The similarity of the area, despite evidence of 
melt to much higher elevations in 2010, implies 
that the catchment is topographically defi ned, 
with meltwater from further inland draining to 
the north or south. Moulins, inferred from the 
occurrence of sudden lake drainage events (Das 
et al., 2008), are found up to and beyond the 
upper limit of this catchment area during both 
seasons (Fig. 1; Bartholomew et al., 2011b). 
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This indicates that surface meltwaters are able 
to drain subglacially, entraining sediment, 
through the full length of the modeled 600 km2 
catchment area. As such, 600 km2 is taken as 
the sediment source area, making the sediment 
yield equal to 7500 and 4580 t km–2 a–1 in 2009 
and 2010, respectively.

Erosion Rate
Using an approximate density for gneissic 

bedrock of 2.8 t m–3, the suspended sediment 
yield can be converted into subglacial erosion 
rates of 2.7 and 1.6 mm a–1 in 2009 and 2010, 
respectively. This erosion rate represents the 
observed rate of sediment removal by the sub-
glacial drainage system in the Leverett catch-
ment. However, this value does not necessarily 
equate to the ongoing rate of subglacial bed-
rock erosion.

The fi rst consideration is whether the major-
ity of sediment is derived from local bedrock 
erosion. If large volumes of sediment are trans-
ported into the Leverett hydrological catchment 
by basal ice motion, this will exaggerate the 
apparent rate of bedrock erosion in the marginal 
zone. Erosion rate is, however, likely to strongly 
decline toward the ice sheet center. Ice velocity 
slows as gradients decline inland from the equi-
librium line (Fig. 1), and much of the ice sheet 
interior appears to be frozen to its bed (Oswald 
and Gogineni, 2008). In areas where there is 
basal melting, but no penetration of surface 
meltwaters to the bed, melt volume is likely to 
be insuffi cient to fl ush out basal debris, thereby 
limiting erosion (Alley et al., 1997; Swift et al., 
2002). Such a decline in erosion rate away from 
the ice margin has been inferred from the bed 
of the former Fennoscandian ice sheet (Kleman 
et al., 2008). We therefore argue that, although 
there may be an input of eroded material from 
upglacier, it is likely small compared with that 
generated within our hydrological catchment

The second consideration is whether the 
recorded sediment is derived from bedrock 
erosion on the time scale of the observations, 
or whether it results from longer term storage 
and release. The suspended sediment fl ux in 
2009 was ~60% greater than 2010, in spite of 
the lower discharge and ice velocity (Sole et al., 
2010). The difference in fl ux therefore appears 
to be caused not by a higher rate of bedrock ero-
sion in 2009, but rather suggests a lag between 
the production, fl uvial entrainment, and evacua-
tion of the sediments. Poor correlation between 
discharge and sediment fl ux is frequently 
observed in proglacial rivers (Gurnell, 1987a), 
and appears to refl ect the exhaustion of erodible 
sediments in proximity to subglacial channels 
(Alley, 1992). Consequently, subglacial fl ood-
ing and channel migration events, allowing 
access to fresh areas of sediment, may be the 
main control on sediment fl ux at individual gla-

ciers (Bogen, 1996; Gurnell, 1987a) over short 
(<10 a) time scales.

Processes of storage and release likely explain 
the difference in sediment fl ux between 2009 
and 2010 (Fig. 2). Throughout the latter part of 
2010, SSC remains consistently low (relative to 
2009), in spite of high and varying discharges, 
indicating that the suspended sediment fl ux is 
supply limited (Alley et al., 1997; Riihimaki et 
al., 2005). In 2009, however, there is a rise in the 
suspended sediment fl ux during and following 
the fl ood on 3 July (Bartholomew et al., 2011b), 
suggesting that this event may have temporarily 
diverted subglacial channels through a region of 
abundant stored subglacial sediments.

Comparison With Other Greenland Outlet 
Glaciers

Due to the diffi culty of measurement, we 
were unable to monitor bedload in the Leverett 
proglacial river. As bedload generally consti-
tutes ~30%–60% of total load in proglacial riv-
ers (Bogen and Bonsnes, 2003; Gurnell, 1987b), 
it must be factored in when producing a realistic 
erosion rate that can be compared with other 
sites. Assuming that bedload constitutes ~30%–
60% of load, and accounting for the additional 
suspended sediment fl ux from the end of 2010 
(estimated at constituting between 0% and 20% 
of the observed suspended sediment fl ux), as 
well as uncertainty in discharge (±14.5%), SSC 
(±5.8%), and catchment area (placed at ±25%), 
our calculated rate of erosion at Leverett Glacier 
can be expressed as 4.8 ± 2.6 mm a–1 (see the 
Data Repository).

While our estimate has a large range of 
±55%, even the lower extreme, 2.2 mm a–1, is a 
very signifi cant increase from a Greenland ero-
sion rate of ~0.01 mm a–1 (Hallet et al., 1996). 
Closer inspection of this latter fi gure may help 
resolve some of the differences between these 
two estimates of erosion rate. The value of 
0.01 mm a–1 is derived from a study by Andrews 
et al. (1994), who found the rate of recent sedi-
ment deposition in Kangerdlugssuaq Fjord, 
east Greenland, to be ~6.7 × 105 t a–1. Syvitski 
et al. (1996), however, estimated that a further 
3.66 × 107 t a–1 of sediment was being depos-
ited beneath the ice mélange at the terminus of 
Kangerdlugssuaq Glacier. When added to the 
original estimate by Andrews et al. (1994), and 
maintaining the same catchment area, the addi-
tional sediment increases the required erosion 
rate to 0.3 mm a–1.

It remains diffi cult to compare this value with 
the erosion rate for Leverett Glacier because of 
the difference in the nature of the catchment 
areas used for these calculations. At Leverett 
Glacier we have averaged erosion rate across 
an area that is entirely within the ablation zone 
of the ice sheet. For Kangerdlugssuaq Glacier, 
Andrews et al. (1994) averaged erosion rate 

across a catchment area of 50,000 km2, which 
extends to the ice divide and incorporates a 
large section of the ice sheet interior, throughout 
which erosion is expected to be much slower. 
If a similar approach is taken for Leverett Gla-
cier, estimating a catchment width of 10 km 
(equal to the combined Leverett and Russell 
Glacier tongue) and a distance of 300 km to 
the ice divide, our marginal erosion rate of 4.8 
± 2.6 mm a–1 becomes an average ice sheet ero-
sion rate of 1.0 ± 0.5 mm a–1. This is not dis-
similar to the equivalent Kangerdlugssuaq value 
of 0.3 mm a–1, which suggests that the size of 
the apparent discrepancy between erosion rate 
at Leverett and Kangerdlugssuaq Glaciers may 
largely refl ect the area of the ice sheet over 
which erosion is averaged.

Meaningful comparison with other Green-
land ice sheet outlet glaciers is limited by a lack 
of studies and high uncertainties in both sedi-
ment fl ux and catchment area. Based on seven 
samples from the Watson River (which drains 
Leverett, Russell, and two other large glaciers) 
and a fi gure for mean annual discharge, Wim-
penny et al. (2010) estimated what they recog-
nized to be an extremely approximate erosion 
rate of 0.58 mm a–1 for this sector of the Green-
land ice sheet. Work associated with industrial 
development at Nordbo and Wegener Glaciers 
in the southwest and west of Greenland pro-
duced erosion rates of 0.08 and 0.17 mm a–1, 
respectively (Hasholt, 1996). Uncertainty in 
the delineation of the catchment area (in this 
case from 1:250 000 scale maps) again makes 
comparison of erosion rates diffi cult. At the 
margin of Russell Glacier, Knight et al. (2002) 
measured the fl ux of sediments entrained in 
basal ice, producing a value of 28.5 ± 16.2 m3 
m–1 a–1. If this value is applied to the 1.5-km-
wide snout of Leverett Glacier, it generates a 
sediment fl ux of 1.15 ± 0.66 × 105 t a–1. This 
is an order of magnitude lower than the fl uvial 
sediment fl ux, supporting the postulated domi-
nance of fl uvial transport in the movement of 
subglacial sediment (Alley et al., 1997).

Time Scales
Koppes and Montgomery (2009) cautioned 

that studies of the current erosion rate of glaciers 
typically produce higher values than those that 
average rates over longer (>1000 a) time scales, 
refl ecting an increase in the rate of erosion and/
or sediment evacuation as glaciers acceler-
ate and retreat in the present warming climate. 
Indeed, as the amount and extent of melting 
increases during deglaciation, an expansion of 
the zone of rapid erosion toward the ice inte-
rior is expected. The high erosion rate that we 
observe throughout our study period may there-
fore refl ect a phase of accelerated erosion due to 
the current abundance of meltwater. However, 
as we have no reason to suspect the processes 
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that we have observed to be atypical of ice sheet 
behavior, these high erosion rates should be 
representative of ice sheets undergoing intense 
surface melting. Consequently, former ice sheet 
margins should have acted as very effective ero-
sional forces, in particular during the periods of 
glacial retreat that occurred regularly through-
out the Pleistocene.

CONCLUSION
We have presented a detailed study of the 

sediment fl ux and associated current rate of ero-
sion of a large catchment beneath the Greenland 
ice sheet. Across the catchment, which covers 
an area of ~600 km2 and extends to more than 
50 km from the ice sheet margin, we calculate a 
subglacial erosion rate of 4.8 ± 2.6 mm a–1. This 
is 1–2 orders of magnitude higher than previ-
ously reported rates (Hallet et al., 1996; Hasholt, 
1996). Our data therefore challenge the notion 
that erosion below polar glaciers and continental 
ice sheets is dominated by slow mechanical pro-
cesses associated with ice advance and retreat 
(Hallet et al., 1996). Instead, we fi nd that the 
effi cient subglacial drainage of surface meltwa-
ters is critical in creating a zone of rapid erosion 
around the margins of the ice sheet. In a warm-
ing world, both the melt volume and extent will 
increase, causing this zone to expand and ero-
sion rates to increase. Given the very rapid rise 
in temperatures over previous deglaciations, 
it is likely that during these periods ice sheets 
acted as highly effi cient agents of erosion. We 
hope that our fi ndings will help to facilitate an 
improved interpretation of the nature, distribu-
tion, and timing of the processes that formed the 
glaciated landscapes we observe today.
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Evolution of the subglacial drainage system beneath
the Greenland Ice Sheet revealed by tracers
D. M. Chandler1, J. L. Wadham1*, G. P. Lis1, T. Cowton2, A. Sole3, I. Bartholomew2, J. Telling1,
P. Nienow2, E. B. Bagshaw1, D. Mair4, S. Vinen5 and A. Hubbard6

Predictions of the Greenland Ice Sheet’s response to climate
change are limited in part by uncertainty in the coupling
between meltwater lubrication of the ice-sheet bed and ice
flow1–3. This uncertainty arises largely from a lack of direct
measurements of water flow characteristics at the bed of
the ice sheet. Previous work has been restricted to indirect
observations based on seasonal and spatial variations in
surface ice velocities4–7 and on meltwater flux8. Here, we
employ rhodamine and sulphur hexafluoride tracers, injected
into the drainage system over three melt seasons, to observe
subglacial drainage properties and evolution beneath the
Greenland Ice Sheet, up to 57 km from the margin. Tracer
results indicate evolution from a slow, inefficient drainage
system to a fast, efficient channelized drainage system over
the course of the melt season. Further inland, evolution to
efficient drainage occurs later and more slowly. An efficient
routing of water was established up to 41 km or more from
the margin, where the ice is approximately 1 km thick. Overall,
our findings support previous interpretations of drainage
system characteristics, thereby validating the use of surface
observations as a means of investigating basal processes.

The Greenland Ice Sheet is the largest reservoir of ice in the
Northern Hemisphere, with the potential to contribute up to 7m of
sea-level rise3. An expanding volume of remote-sensing and global
positioning system data has revealed wide variations in ice motion
at sub-diurnal to inter-annual timescales, typically characterized
by steady winter ice velocities and transient periods of fast flow
during the summer melt season4–7,9–12. Such speed-up events in
land-terminating glaciers have been linked to periods of rapidly
rising meltwater input4–7,9–12.

Despite the short time span of observations in Greenland, there
is good evidence to suggest that a key control on the relationship
between meltwater input and faster ice flow is the subglacial
drainage system efficiency5,7,13. This is remarkably similar to the
behaviour of much smaller valley glaciers extensively studied in the
1980s–1990s14–17, in which faster basal motion caused by elevated
subglacial water pressure occurs when the subglacial drainage
system cannot accommodate rapid water inputs into moulins17.
Elevated water pressure reduces the normal stress at the bed,
lowering the friction opposing basal motion. Consequently, peak
ice velocities often occur early in the melt season when the
drainage system is poorly developed, and precede the period of
peak melt. In Greenland, subglacial hydrological evolution is also
driven by rapid drainages of surface lakes, which supply large but
brief pulses of water to the ice sheet bed18. Unlike smaller valley
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glaciers, where subglacial drainage development deduced from
surface observations has been supported by extensive dye tracing
evidence19–21, our present understanding of Greenland’s subglacial
hydrology is based primarily on surface observations.

Assessing the impact of transient, hydrologically forced fast
ice flow on ice sheet mass balance, and predicting how this
impact might change under future climate warming scenarios,
requires an improved understanding of relationships between
subglacial hydrology and ice dynamics. Direct measurements
of subglacial drainage system characteristics and development
are needed to address this issue. Here we report results from
artificial tracer experiments that provide the most direct evidence
so far of efficient and inefficient drainage systems beneath the
Greenland Ice Sheet.

Artificial tracers are commonly used in glaciology to investigate
drainage systems in valley glaciers19–21. Tracers are usually fluores-
cent dyes, which are highly soluble in water, can yield recovery rates
>90% in suspended sediment-rich rivers22 and are conveniently
measured automatically by fluorometry. However, fluorometer
sensitivity (detection limit ∼ 1 ppb; Supplementary Section S1)
restricts the use of dye tracing at high dilution. Natural fluorescence
of suspended sediments can also cause difficulties when separating
the dye and suspended sediment signals in traces emerging over
many hours. Owing to the large scale of the Greenland Ice Sheet
melt zone, we expected tracer travel times and dilution to be much
greater than those typical of Alpine glaciers. Therefore, we also
employed sulphur hexafluoride gas (SF6), which is commonly used
in terrestrial and marine environments when dilution is high23–25.
To our knowledge, this is the first time SF6 has been used to trace
water flow in glacial systems. SF6 has a much lower detection limit
(here, 0.001 ppt in water) than rhodamine, is inert, does not interact
with sediments, has a very low background concentration in the
atmosphere (6.7 pptv in 200826) and is non-toxic.

Tracers were injected into moulins supplying the drainage
system beneath a land-terminating outlet glacier in the Rus-
sell/Leverett catchment, West Greenland, at 67.0◦N (Fig. 1). This
region has been the subject of intensive recent research where
diurnal- to seasonal-scale variations in ice surface velocity have
been measured well into the accumulation zone5–7,9,10,12. Results
are reported from traces in three melt seasons (2009–2011) at
sites 1.1–57 km from the glacier terminus (Fig. 1; Table 1). Tracer
concentrations and water discharge were monitored in the single
river emerging from the terminus (Supplementary Sections S1 and
S3). Dye concentrations were monitored by fluorometer and SF6
concentrations were determined in discrete river water samples

NATURE GEOSCIENCE | ADVANCE ONLINE PUBLICATION | www.nature.com/naturegeoscience 1

© 2013 Macmillan Publishers Limited.  All rights reserved. 

 

© 2013 Macmillan Publishers Limited.  All rights reserved. 

 

http://www.nature.com/doifinder/10.1038/ngeo1737
mailto:j.l.wadham@bris.ac.uk
http://www.nature.com/naturegeoscience


LETTERS NATURE GEOSCIENCE DOI: 10.1038/NGEO1737

0

0.0

10 km

0.1

0.2L1

L7

L14 IS35

L41

L57

0 2 40 1

Time (h) Time (h)

2

0 10 155

Time (h) Time (h)

20 0 6030

Time (h)

2

4 Dye

SF6

Dye

SF6

SF6

SF6

Dye
SF6

6
L1

L14 L41

L57

L74
0

0

Surface contours (m)

Surface catchment (m)

Moulins

60
0

8
0

0

1,0
0

0

1,20
0

1,4
0

0

0
0

5

10

15

10050

50° W 49.5° W

67
° N

67° N

48.5° W 47.5° W49° W 48° W

0

1

2

3

4

0.0

0.1

0.2

0.3

Figure 1 | Field site and example traces. a, MODIS (Moderate Resolution Imaging Spectroradiometer) image showing locations of moulins used for
tracing, and the estimated boundary of the Leverett catchment (pink) calculated from a surface DEM (ref. 7). Insets: example dye and SF6 traces at each
site. Note the coherent dye and SF6 returns from moulin L14 and a retarded SF6 return from moulins L1 and L7. Tracer concentrations have been scaled to
give unity area under the peaks, apart from the trace from L57 where the end of the SF6 peak was not captured.

Table 1 | Locations of moulins used for tracer injections.

Moulin Location Distance from portal (km) Surface elevation (m) Ice thickness estimate (m) Bed elevation (m)

L1 67◦ 04′ N, 50◦ 09′W 1.1 377 45 332
L7 67◦ 05′ N, 50◦ 01′W 6.8–7.1 579–611 380–460 119–231
L14 67◦ 07′ N, 49◦ 52′W 13.9 790 670 130
IS39* 67◦ 07′ N, 49◦ 24′W 39.0 1,061 1,100 −39
L41 66◦ 58′ N, 49◦ 16′W 40.6 1,028 950–1,000† 28–78
L57 66◦ 57′ N, 48◦ 53′W 57.1 1,230 1,180 50

Surface elevations were measured by a handheld global positioning system (error approximately 5 m) and ice thickness was interpolated from NASA IceBridge ground penetrating radar data29 (vertical
resolution approximately 4.5 m on flight lines, and uncertainties clearly increasing away from flight lines) and from unpublished data collected by A.H. Bed elevation was estimated by subtracting ice
thickness from surface elevation. *Site IS1 drained to Issunguata Sermia, the next major outlet to the north of the Leverett/Russell catchment. †Closest ice thickness data are∼500 m from L41.

analysed by gas chromatography with electron capture detector
(Supplementary Section S1). Tracer velocities and other parameters
were processed following methods in Supplementary Sections S1
and S2 and are reported in Supplementary Table S1.

Tracer returns from simultaneous SF6 and dye traces showed
similar maximum velocities, but mean velocities of SF6 were often
slower than those of dye owing to retardation of SF6 in the drainage
system (Supplementary Fig S2.7 and Table S1). Hence, only
maximumvelocities (v05: Supplementary Section S2)were used here
to assess subglacial drainage system structure and development.
Repeat traces of moulins at 7–41 km revealed increasing tracer
velocities during the melt season (Fig. 2), with traces at 41 km
initially emerging relatively slowly (v05= 0.25m s−1) but ultimately
attaining a similar maximum velocity to those from 7 km (v05 >

1m s−1; Fig. 2). This suggests evolution from a predominantly
slow–inefficient, distributed drainage system to a predominantly
fast–efficient channelized system at least 41 km from the margin,
comparable with that observed in Alpine valley glaciers15–17. These
results are also consistent with time series of electrical conductivity
and suspended sediment collected in the same proglacial river in
20098. Further support for our interpretation is provided by the
decreasing dispersion of dye traces from L7 and L14 as the season
progressed (Supplementary Fig. S2.8), again similar to Alpine
glaciers15–17. The slow–inefficient system in the early melt season
supports channel creep closure calculations that predict channels

close beneath most of the catchment over winter (Supplementary
Section S4 and Fig. 2c). The very slow return (v05 = 0.22m s−1) of
a single trace from moulin L57 in late summer tentatively indicates
that efficient drainage did not propagate this far inland, despite the
drainage system having been able to evacuate similar moulin water
fluxes at both L57 andL41 for at least five days before the trace at L57
(Supplementary Section S3.2). It is possible that the combination
of relatively thick ice (∼1,180m) and periods of low water input to
the moulin during the night (Supplementary Fig. S3.4) prevented
development of an efficient system at L57.

Retardation of SF6 relative to rhodamine in dual traces
was strongest close to the ice margin and decreased inland
(Fig. 2c), becoming negligible at L14. As both tracers were
injected simultaneously, these contrasting characteristics must be a
consequence of the tracer properties, most likely the high volatility
of SF6. Specifically, SF6 will degas into headspace between the
water below and the glacier above, similarly to in non-glacial
environments27. Subsequently, this SF6 will partially redissolve
into water that passes through later with a relatively lower SF6
concentration, resulting in a retarded peak and long tail. Hence, SF6
retardation can be used as a qualitative indication of the volume
of air voids within the drainage system, which could be potentially
linked to system pressurization. For example, SF6 volatilization and
consequent retardation will be greater in unpressurized englacial
or subglacial channels with large headspaces than in water-
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Figure 2 | Drainage system characteristics revealed by tracing. a, Evolution of tracer velocity with time. Cumulative discharge (6Q) is used to measure
time because of variation in melt season onset and intensity between years (see Supplementary Fig. S3.1). The regression curve for maximum velocity (v05;
Supplementary Section S2.3) from moulin L7 is v05=Aln(6Q)+B. b, Evolution of SF6 traces at moulin L41 in 2011. c, Variation in SF6 retardation R50

(Supplementary Section S2.4) with distance up-glacier from the terminus. The time taken for an empty channel to shrink to 1/10 of its original radius is also
indicated (Supplementary Section S4).

filled, pressurized channels. The up-glacier decrease in retardation
therefore suggests that the unpressurized zone is restricted to
channels downstream of L7 (Fig. 2c). This is consistent with a single
pressure record28 from a borehole adjacent to a moulin located
between L7 and L14, in which the subglacial water pressure stayed
close to the ice overburden pressure well into the 2010 melt season.
Although creep closure calculations provide further support for
increasing channel pressurization upstream (see below), reverse bed
slopes may also be a factor because channels must be pressurized
upstream of any reaches where channel elevation increases in the
downstream direction. Estimated bed elevations29 indicate that
reverse slopes are likely to exist (in particular between L1 and L7)
but ice thickness measurements are patchy and off-transect valleys
bisecting these reverse slopes cannot be ruled out.

Subglacial channel growth calculations derived from a simplified
form of that presented in ref. 13 and applied here to the Leverett
catchment (see Supplementary Section S4) yield timescales for
channel development in reasonable agreement with our tracing
observations. For example, with unlimited water supply (modelled
by imposing subglacial water pressure equal to ice overburden
pressure), estimated times taken for initially small (0.1m2 cross-
section area) subglacial channels to double in size are 6, 23 and 28
days at L7, L41 and L57, respectively (Supplementary Fig. S4.2).
At high sites, relatively slow development (due to thicker ice and
shallower surface slope) and shorter melt seasons clearly hinder
development of efficient drainage.

We note that the measured tracer velocities reflect drainage
characteristics along the complete tracer trajectories, such that long

traces may include passages of both distributed and channelized
flow. For example, the drainage system close to major meltwater
inputs (moulins) at high sites may become channelized, even if
there are long stretches of distributed flow between the moulin and
channelized flow down-glacier (an analogy is a single river channel
spreading out into a braided plain, before joining amoremajor river
system). Stretches with slow flow, even if relatively short, will cause
a disproportionately large increase in travel time30.

Our direct observations of drainage system characteristics
at Leverett Glacier strongly support previous interpretations of
drainage system development derived from surface velocities in
this region. For example, recent work at the same glacier6 showed
that ice velocities at sites up to 1,229m elevation responded most
strongly to increasing surface melt during the early part of the
melt season, after which velocities typically dropped to their winter
values. This suggested an increasingly efficient drainage system in
which melt inputs later in the season were more rapidly evacuated,
such that greatermelt volumes were needed to raise subglacial water
pressure and increase sliding. Further, results indicated that this
transient efficient fast flow (spring event) occurred later at higher
elevations.Notably, our highest site (L57, where the drainage system
remained slow–inefficient) is just beyond the upper limit of efficient
drainage inferred from surface velocity patterns6. The use of surface
velocities as a means of deducing basal hydrological conditions has
been widely accepted for valley glaciers20, and our tracing data now
validate this approach for the Greenland Ice Sheet.

Our tracing results provide the most direct evidence so far
for regions of efficient and inefficient meltwater drainage beneath
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the Greenland Ice Sheet, and for the progressive up-glacier
development of the drainage system during the melt season.
At 67◦N, meltwater transport is inefficient in the early melt
season even at sites close to the margin (7 km), suggesting the
previous year’s drainage system becomes closed during the winter
under most of the ablation zone. However, rapid development
during the melt season led to efficient water routing up to
at least 41 km from the margin, but not as far as 57 km. An
important outcome of our study is the application of SF6 as
a tracer for measuring subglacial water velocity, which was
successful at greater distances than are feasible with the fluorescent
dyes normally employed in glaciology. Finally, whereas previous
work in Greenland has yielded only qualitative information on
drainage system characteristics, the quantitative data provided
by our tracing results can now be used to validate models
of ice-sheet hydrology.

Methods
Detailed descriptions of the methods used for tracer injection, tracer analysis,
tracer data processing, monitoring of moulin discharge and modelling of
channel growth are provided in Supplementary Information, Sections S1–S4,
respectively. Ice thickness data were obtained from the IceBridge project, available
at http://nsidc.org/data/irmcr2.html.

Received 22 June 2012; accepted 21 January 2013; published online
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[1] We measure hydrological parameters in meltwater
draining from an outlet glacier in west Greenland to
investigate seasonal changes in the structure and behaviour
of the hydrological system of a large catchment in the
Greenland ice sheet (GrIS). Our data reveal seasonal
upglacier expansion and increase in hydraulic efficiency
of the subglacial drainage system, across a catchment
>600 km2, to distances >50 km from the ice‐sheet margin.
This expansion occurs episodically in response to the
drainage of surface meltwaters into a hitherto inefficient
subglacial drainage system as new input locations become
active progressively further upglacier; this system is
similar to Alpine glaciers. These observations provide
the first synopsis of seasonal hydrological behaviour
in the ablation zone of the GrIS. Citation: Bartholomew, I.,
P. Nienow, A. Sole, D. Mair, T. Cowton, S. Palmer, and J. Wadham
(2011), Supraglacial forcing of subglacial drainage in the ablation
zone of the Greenland ice sheet, Geophys. Res. Lett., 38, L08502,
doi:10.1029/2011GL047063.

1. Introduction

[2] In land‐terminating sections of the GrIS, meltwater
production enhances ice motion through seasonal velocity
variations that are initiated when surface meltwaters gain
access to the ice‐bed interface [Zwally et al., 2002]. A
positive feedback between surface melting and ice velocities
would accelerate mass loss from the GrIS in a warmer cli-
mate [Zwally et al., 2002; Parizek and Alley, 2004;
Shepherd et al., 2009]. On the basis of correlations between
ice motion and surface melting, however, it has been shown
that a key control on the relationship between surface melting
and ice velocity variations is the structure and hydraulic
efficiency of the subglacial drainage system, which develops
spatially and temporally on a seasonal basis [Bartholomew
et al., 2010]. A more efficient subglacial drainage system
can conduct large discharges in discrete channels which
operate at a lower steady‐state water pressure, thereby
reducing the basal lubrication effect of external meltwater
inputs [Kamb, 1987; Pimentel and Flowers, 2011; Schoof,
2010; Sundal et al., 2011].
[3] Despite the clear link between rates of ice motion and

the structure of the subglacial drainage system, predictions
about the future extent and magnitude of hydrologically‐

forced ice velocity changes in the GrIS remain uncertain
[Van de Wal et al., 2008]. To address this, we need to
understand how spatial and temporal changes in surface
melting of the GrIS force development of an efficient sub-
glacial drainage system on a seasonal basis [Pimentel and
Flowers, 2011; Schoof, 2010]. Here we present observa-
tions from Leverett Glacier, a land‐terminating outlet glacier
at ∼67°N in west Greenland (Figure 1) in 2009, that eluci-
date seasonal development of the drainage system of a large
catchment in the ablation zone of the GrIS.

2. Data and Methods

[4] Drainage from Leverett Glacier occurs through one
large portal on the North side of the glacier snout, which
grows in size over the melt season and is the outlet for
runoff from a large subglacial conduit. Water stage, elec-
trical conductivity (EC) and turbidity were monitored con-
tinuously in the proglacial stream at a stable bedrock section
∼2 km downstream from the glacier terminus from May
18th 2009, before melting had started, until September 3rd.
Stage was converted into discharge (Q) using a rating curve
(r = 0.92) derived from 29 repeat dye‐dilution gauging tests
conducted in the proglacial stream across the full range of
discharges. Uncertainty in the discharge record is the result
of measurement error and application of a rating curve, and
is estimated to be ±15%. A relationship between turbidity
and suspended sediment concentration (SSC) was derived
by calibration against 49 manual gulp sediment samples
(r = 0.91). Uncertainties in the SSC and EC record are
estimated to be ±7% and ±10% respectively. Our monitoring
station was located in a single channel close to the ice
margin that did not overflow at peak discharge. During a
2 week period simultaneous measurements of SSC and EC
were taken within 50 m of the glacier snout, showing that
the hydrological parameters we measured did not change
significantly following emergence of the meltwaters from
the glacier terminus.
[5] A surface digital elevation model [Palmer et al., 2011]

was used to derive a first approximation of the Leverett
Glacier hydrological catchment (Figure 1). Although there
is uncertainty in this approach, lack of appropriate bed
elevation data prevents an estimate of catchment geometry
based on calculations of subglacial hydraulic potential
[Shreve, 1972]. We used satellite observations from the
Moderate‐resolution Imaging Spectrometer (MODIS) to
study the development and drainage of supraglacial lakes
within the Leverett catchment [Sundal et al., 2009; Box
and Ski, 2007]. 40 MODIS images were used spanning
the period 31st May to 18th August, representing all days
when lake identification was not impeded by cloud cover.
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There is significant uncertainty in applying a depth‐retrieval
algorithm based on surface reflectance to find the depth of
GrIS supraglacial lakes shallower than 2.5 m [Box and Ski,
2007]. Therefore, we used a modelled estimate [McMillan
et al., 2007] of the average depth of supraglacial lakes
obtained within this region to estimate volumes of lakes
that drain from the ice sheet surface. Continuous measure-
ments of air temperature were made at seven sites, from
450–1700 m altitude (Figure 1). Ablation rates were also
monitored using measurements of surface lowering from
ultrasonic depth gauges in order to constrain a temperature‐
melt index model which we used to predict volumes of run-
off generated from the catchment during our survey period.

3. Hydrological Observations

[6] The proglacial runoff hydrograph (Figure 2a) shows
that, prior to June 1st, discharge was <6 m3 s−1 during a
period of ∼20 days of above‐zero temperatures extending up
to 1400 m altitude (Figure 2d). Discharge then increased
rapidly over 3 days to 46 m3 s−1 on June 4th and continued
to grow episodically before rising dramatically, by 220 m3

s−1 in 10 days, to a peak of 317 m3 s−1 on July 16th. Fol-
lowing this peak, discharge declined gradually but remained
3–4 times greater than early‐season levels until late August.
Proglacial runoff showed clear diurnal cycles which had
greatest amplitude (∼25 m3 s−1) later in the season, after
July 16th, and were more subdued (∼6 m3 s−1) earlier in
the summer.
[7] The rising limb of the seasonal hydrograph is also

marked by four distinct pulses of water, superimposed on
the general pattern of runoff growth. These pulses each last a
few days, and contribute between 4.9–11.8 × 106 m3 of water
to the total runoff. These pulses are also defined by coinci-
dent spikes in the EC and SSC records (Figures 2a–2c).
The first pulse of water (P1 on June 3rd) marks the start

of significant runoff growth. It was followed by further
pulses (P2–P4) starting on June 7th, June 17th and July 3rd
(Figure 2a).
[8] Maximum EC (69.9 mS cm−1) occurred while dis-

charge was still low at the beginning of the season and
declined in a stepwise fashion to a minimum of 9.9 mS cm−1

on July 3rd, immediately prior to P4 (Figure 2b). There is a
negative relationship between EC and discharge over the
whole melt season (R2 = 0.27). Following P4 EC remains
low (<20 mS cm−1) and the daily cycles of Q and EC
develop a characteristic inverse relationship [Fenn, 1987]
with clear stable hysteresis where EC is highest on the rising
limb of the diurnal hydrograph (auxiliary material).1 How-
ever, the relationship is not consistent throughout the survey
period (Figure 2e), and early in the season can fluctuate
between strong positive and strong negative relationships
over short time‐scales (<1 week). In particular, P1, P2 and
P4 are characterized by pronounced conductivity peaks
(Figure 2b) that show a strong positive relationship with
increasing Q on their rising limbs (Figure 2e). During P2,
EC increases from 17–42 mS cm−1 in 9 hours as Q increases
from 40–59 m3 s−1 and, during P4, EC increases from 10–
40 mS cm−1 in 6 hours as Q increases from 74–140 m3 s−1.
In these pulses, an EC peak shortly precedes maximum
discharge, and EC returns to pre‐pulse levels within a few
days (Figure 2b). By contrast, there is no large peak in EC
associated with P3.
[9] Suspended sediment concentration ranged from less

than 0.2 kg m−3 to greater than 18 kg m−3, beyond the range
of our sensor, and increased gradually but episodically
throughout the season (Figure 2c). In common with the
pattern in electrical conductivity and discharge, there are

Figure 1. (a) Map showing the location of Leverett Glacier, a catchment derived from the surface DEM (purple), and
locations of temperature measurements (red stars). Lakes that drain during the survey period are denoted by circles, col-
our‐coded to show drainage events that coincide with meltwater pulses P2 (red) and P4 (green). Lakes which drain during
the survey period but are not clearly associated with pulses in the discharge record are coloured blue. The location of the
bedrock section where stage, EC and turbidity were measured is shown by the green triangle. (b) Positive degree‐days at
each of the temperature measurement locations (sites 1–7).

1Auxiliary materials are available in the HTML. doi:10.1029/
2011GL047063.

BARTHOLOMEW ET AL.: GREENLAND SUBGLACIAL HYDROLOGY L08502L08502

2 of 5



large spikes in SSC during P1, P2 and P4, and to a lesser
extent, P3. These spikes precede the local discharge peaks
and are characterized by a steep rise followed by a more
gradual return to lower values. The SSC peak at P4 is
the most dramatic and jumps from 2–>18 kg m−3 within
6 hours. The suspended sediment load (SSL) also grows
throughout the season, and is significantly greater in the
latter part of the season (Figure 2c). Prior to P4, SSL ranges
from 0–4 × 104 t d−1, and following P4 ranges from 4–20 ×
104 t d−1. The total suspended sediment flux for the survey
period is ∼4.7 ± 0.74 × 106 t.

4. Discussion

[10] The delay in the onset of significant runoff, following
∼20 days with above‐zero temperatures, can be explained by
refreezing of an initial fraction of the surface melt in cold
snow until the firn becomes isothermal [Pfeffer et al., 1991]
and observed ponding of surface meltwater. Prior to P1,
low runoff volume and high EC indicate that water in the
proglacial stream was derived substantially from leakage
of basal meltwater from an inefficient winter drainage sys-
tem beneath Leverett Glacier [Collins, 1979; Skidmore and
Sharp, 1999].

[11] Using a temperature‐index model [Hock, 2003] of
surface melt within the catchment, calibrated with in situ
measurements of initial snow depth and ablation, we found
that the seasonal discharge volumes we observe cannot be
explained by an increase in melt intensity within a stable
catchment area (auxiliary material). Instead, the discharge
observed at Leverett glacier can only be accounted for by
progressive upglacier expansion of the catchment to include
runoff from higher elevations through the melt season,
indicating delivery of surface‐generated meltwater from a
progressively larger area of the ice sheet as the melt season
develops. The required development and expansion of the
contributing hydrological catchment, up to 800 melevation
by June 6th, and to 1000 m by July 9th, eventually delivers
surface meltwater from an area of over 600 km2 that extends
higher than 1200 m elevation and to a distance of >50 km
from the ice margin by July 21st. The dramatic rise in runoff
observed in the first half of July is driven, therefore, by a
combination of high temperatures (Figure 2d) and recent
expansion of the area of the ice sheet which delivers water
to the ice margin via Leverett Glacier.
[12] The EC of meltwater can be used crudely to differ-

entiate runoff components and hydrological pathways
through a glacial catchment [Collins, 1979]. The basic pat-
tern of decline from high to low solute concentration that we
observe is typical of Alpine and High Arctic glaciers
[Collins, 1979; Skidmore and Sharp, 1999] as the drainage
system becomes more efficient and a greater proportion of
water is transported rapidly through the glacier, limiting
the potential for solute acquisition. Therefore, along with the
upglacier expansion of the catchment in response to surface
melt inputs, our data suggest a concomitant increase in its
hydraulic efficiency throughout the melt‐season.
[13] High suspended sediment concentrations indicate that

meltwater emerging from Leverett Glacier has been routed
from the ice sheet surface, where it was generated, via the
ice sheet bed. Rates of basal sediment evacuation are con-
trolled by the hydraulic efficiency of the subglacial drainage
system, but can be limited by the availability of source
material [Alley et al., 1997; Swift et al., 2002]. A sustained
increase in subglacial hydraulic efficiency, and ongoing
expansion of the subglacial drainage system, is consistent
with the continued increase in SSC, even while runoff
diminishes following peak discharge on July 16th [Alley
et al., 1997]. In addition, SSC shows no sign of supply
exhaustion, suggesting that expansion of the efficient basal
hydraulic system provides continual access to an extensive
reservoir of basal sediment [Swift et al., 2002].
[14] Spatial expansion of efficient subglacial drainage at

the expense of a hydraulically inefficient distributed system
explains temporal instability in the correlation between
EC and Q on the rising limb of the seasonal discharge
hydrograph. Upglacier expansion of supraglacial melt extent
results in the upglacier expansion of the efficient subglacial
drainage system through the delivery of surface meltwater to
the glacier bed [Nienow et al., 1998]. These surface waters
initially drain into a hydraulically inefficient drainage sys-
tem causing channel sections to grow in a downglacier
direction until they connect with existing channels further
downstream. Reduction of mean water pressure in the chan-
nels, relative to the distributed drainage system, is probably
responsible for drawing out stored basal waters. Temporal
and spatial evolution of the efficiency of the drainage system

Figure 2. (a) Proglacial meltwater stream discharge (m3 s−1;
black line; shaded blue sections show the pulses of meltwater
(P1–P4) which are superimposed on the rising limb of the sea-
sonal runoff hydrograph). Timing, area and elevation of lake
drainage events. Each circle represents a single lake drainage
event, based on change in surface area on MODIS images.
Horizontal bars represent the time period in which drainage
took place. Red circles are lakes that drained slowly over sev-
eral images while blue circles drained in a discrete event
between two images. (b) Electrical conductivity (mS cm−1).
(c) suspended sediment concentration (kg m−3; left‐axis,
black) and suspended sediment load (t d−1; right‐axis, red).
(d) Temperature measurements from 450 m and 1480 m ele-
vation. (e) 24‐hour windowed correlation coefficient between
Q and EC.
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therefore complicates the relationship between surface melt-
ing and proglacial runoff, especially during the period of each
year when the subglacial system is becoming established. The
stable hysteresis pattern that develops with EC peaking on
the rising limb of the diurnal flow hydrograph, and the con-
stant inverse relationship between EC and Q (Figure 2e),
demonstrate that the hydrological system has reached a more
stable and uniform configuration by July 16th.
[15] Observations on the GrIS have shown that moulins

essentially comprise vertical conduits which transport water
from the ice sheet surface to its bed [Das et al., 2008;
Catania and Neumann, 2010]. While there may be some
lateral transport of water via englacial channels, in order to
explain the trends in Q, EC and SSC we argue that opening
of moulins at progressively higher elevations allows surface
generated meltwater to be delivered to the ice sheet bed
further inland through the melt season. Growth of the efficient
subglacial system therefore follows upglacier development
of supraglacial drainage and proceeds in a stepwise fashion
as new input points become active 1998. This proposed model
is analogous to one previously proposed for Alpine glacier
drainage systems [Nienow et al., 1998]. It is notable, therefore,
that the channelized subglacial drainage system is sustained
in the GrIS where ice thicknesses are much greater, implying
that the high volumes of meltwater delivered to the glacier
bed are sufficient to offset the increased potential for channel
closure by deformation of thicker ice.
[16] Large rises in EC associated with P1, P2 and P4

suggest that a significant component of these flood‐waters
has a subglacial provenance and indicates the displacement
of solute‐rich stored water from an inefficient drainage
system [Skidmore and Sharp, 1999]. Large sediment flushes
(Figure 2c) also confirm interaction of meltwaters with the
basal environment. They indicate sudden access of water
to areas of subglacially stored sediments and a dramatic
increase in the capacity of subglacial waters to mobilise and
evacuate them [Swift et al., 2002]. Rapid return to low EC
values following each of the meltwater pulses implies that
the hydraulic system downglacier already has the capacity to
transport water quickly and efficiently.
[17] We suggest that P1, when the rise in EC is less

dramatic than during P2 and P4, is the result of initial access
of meltwater to the subglacial drainage system through
moulins and crevasses low down on the glacier following
the onset of spring melting. This is supported by observa-
tions of meltwater ponded in crevasses and supraglacial
channels prior to P1, the drainage of which causes mixing
with subglacially stored water and flushing of sediments
from the winter drainage system as new channel sections
develop. P3 is not accompanied by a dramatic rise in EC and
therefore appears to be driven by changes in temperature‐
driven runoff feeding into the existing drainage system.
[18] P2 and P4 are superimposed on the rising limb of the

seasonal hydrograph (Figure 2a) and cannot be explained by
trends in surface melting (Figure 2d) as they occur during
periods of low or zero ablation within the catchment. From
the MODIS satellite images, we find that the timing of
supraglacial lake drainage events, the size and elevation of
the lakes (Figure 2a), and their location within the proposed
catchment of Leverett Glacier (Figure 1), suggest that they
are likely candidates for the source of the pulses of water
during P2 and P4. In particular, P2 is associated with the
drainage of five lakes between 800–1000 m, and P4 coin-

cides with seven drainage events from lakes located between
1100–1200 m.
[19] Previous studies have found that MODIS classifica-

tion of GrIS supraglacial lakes is robust when compared
with higher resolution satellite data [Sundal et al., 2009] and
has an approximate error of 0.22 km2. Estimation of lake
area (Figure 2a), based on manual pixel counting of clas-
sified images [Sundal et al., 2009], indicates that the lakes
that drain at P2 have areas between 0.13 and 0.49 km2

and those that drain at P4 are between 0.25 and 0.88 km2.
Using an average lake depth of 2.7 m (a value determined
[McMillan et al., 2007; Shepherd et al., 2009] for ∼150
lakes in this region in summer 2001), we find that the vol-
ume of water in each pulse (4.9 and 7.2 × 106 m3 respec-
tively) can be accounted for by the drainage of multiple
lakes in a single event. Since there is uncertainty about the
depth of individual lakes we are unable to determine which,
or how many, of the lakes could contribute to each meltwater
pulse. It is clear, however, that coincident with the observed
pulses of meltwater (P2 and P4) a commensurate volume
of meltwater drains from a number of lakes on the surface
of the ice sheet within the catchment of Leverett glacier.
[20] We have observed active moulins at elevations of

at least 1100 m in this region and supraglacial lakes that
have drained through large crevasses in their centre at ele-
vations up to 1450 m. A key role of these features in GrIS
hydrology appears to be their contribution to the expansion
of the subglacial area that is subject to inputs of surface
meltwater and seasonal reorganization. Supraglacial lake
drainage at high elevations may be particularly important
for two reasons. Firstly it provides a mechanism for water
to penetrate through thick, cold ice [van der Veen, 2007].
Secondly, concentration of surface meltwater into lakes may
be critical to provide the volumes of water required to force
evolution of a channelized drainage system beneath thick
ice where overburden pressures are large.
[21] Our findings of seasonal upglacier‐directed seasonal

expansion of evolution in the subglacial drainage system
and its conversion from a distributed to channelized system
are supported by observations of ice‐motion [Bartholomew
et al., 2010] and upglacier evolution in the timing of lake
drainage [Sundal et al., 2009] in this section of the ice
sheet. Given recent focus within the glaciological commu-
nity on the impact of channelized subglacial drainage on
ice motion [Schoof, 2010; Sundal et al., 2011] our find-
ings provide a conceptual model of subaerial and supra-
glacial forcing of subglacial drainage development which
can be incorporated in numerical experiments designed
to investigate the relationship between surface melting
and ice velocity in the GrIS [Schoof, 2010; Pimentel and
Flowers, 2011].

5. Conclusions

[22] Our observations provide the first synopsis of the
seasonal hydrological behaviour of a large (>600 km2)
catchment in the ablation zone of the GrIS, showing how
surface meltwater production drives spatial and temporal
changes in the subglacial drainage system. These observa-
tions show the development and expansion of a drainage
system that delivers water from the ice surface, via the ice‐
sheet bed, to the margin. This system expands progressively
throughout the ablation season to >50 km from the ice
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margin. We propose a model that is similar to one proposed
for Alpine systems, where the drainage system becomes
increasingly efficient as hydraulic connections between the
surface and bed are established further inland, evacuating
large volumes of meltwater and sediment.
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We present global positioning system observations that capture the full inland extent of ice motion variations
in 2009 along a transect in the west Greenland Ice sheet margin. In situmeasurements of air temperature and
surface ablation, and satellite monitoring of ice surface albedo and supraglacial lake drainage are used to
investigate hydrological controls on ice velocity changes. We find a strong positive correlation between rates
of annual ablation and changes in annual ice motion along the transect, with sites nearest the ice sheet margin
experiencing greater annual variations in ice motion (15–18%) than those above 1000 m elevation (3–8%).
Patterns in the timing and rate of meltwater delivery to the ice–bed interface provide key controls on the
magnitude of hydrologically-forced velocity variations at each site. In the lower ablation zone, the overall
contribution of variations in ice motion to annual flow rates is limited by evolution in the structure of the
subglacial drainage system. At sites in the upper ablation zone, a shorter period of summer melting and
delayed establishment of a hydraulic connection between the ice sheet surface and its bed limit the timeframe
for velocity variations to occur. Our data suggest that land-terminating sections of the Greenland Ice Sheet will
experience increased dynamic mass loss in a warmer climate, as the behaviour that we observe in the lower
ablation zone propagates further inland. Findings from this study provide a conceptual framework to
understand the impact of hydrologically-forced velocity variations on the future mass balance of land-
terminating sections of the Greenland Ice Sheet.

© 2011 Elsevier B.V. All rights reserved.

1. Introduction

Our ability to make robust predictions about the future mass
balance of the Greenland Ice Sheet (GrIS), and therefore its
contribution to sea-level change, is limited by uncertainty about
how the dynamic component of mass loss (i.e. due to changes in ice
motion) will respond to anticipated changes in atmospheric temper-
ature (IPCC, 2007; Pritchard et al., 2009). In land-terminating sections
of the GrIS, variations in ice velocity are initiated when surface
meltwater gains access to the ice–bed interface, lubricating basal
motion (Bartholomew et al., 2010; Joughin et al., 2008; Shepherd
et al., 2009; Van de Wal et al., 2008; Zwally et al., 2002). This effect is
both widespread (Joughin et al., 2008; Sundal et al., 2011) and
persistent each summer (Sundal et al., 2011; Van de Wal et al., 2008;
Zwally et al., 2002) near the ice sheet margin. Initial observations
show that summer velocities in land-terminating sections of the GrIS
can be 50% faster than in winter (Joughin et al., 2008; Van de Wal

et al., 2008), and that summer velocity variations increase annual ice
motion by 6–14% in the lower ablation zone (Bartholomew et al.,
2010). A direct positive relationship between rates of surface melting
and basal motion would create a mechanism to significantly increase
rates of mass loss from the GrIS in a warming climate by drawing
more ice to lower elevations where ablation rates are higher (Parizek
and Alley, 2004). This process allows the dynamic component of the
GrIS mass balance to respond to climatic variability within decades or
less, yet is not considered in current sea-level projections made by the
Intergovernmental Panel on Climate Change (IPCC).

Recent observations (Bartholomew et al., 2010; Sundal et al.,
2011) and theoretical work (Pimentel and Flowers, 2010; Schoof,
2010) suggest, however, that the contribution of seasonal velocity
variations to annual rates of ice motion at a particular site is limited by
evolution in the structure of the subglacial drainage system. Each
summer in the lower ablation zone, sustained inputs of meltwater
from the ice sheet surface transform the subglacial hydrological
system into an efficient network of channels that can evacuate large
quantities of water rapidly (Bartholomew et al., 2011). This
moderates the lubricating effect of meltwater on ice velocities by
reducing the pressure within the hydrological system for a given
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volume of water (Kamb, 1987; Van de Wal et al., 2008). It has been
observed that late summer velocities near the GrIS margin are lower
for a given intensity of surface melting than earlier in the season
(Bartholomew et al., 2010; Sundal et al., 2011). As a result, it is not
expected that increased annual ablation rates at a specific locationwill
necessarily stimulate faster ice flow than at present; in this respect the
process could be seen as self-limiting (Van de Wal et al., 2008). By
extension, it has been argued that summer, and therefore annual
mean ice velocities at a given site on the GrIS could be lower in high
ablation years than in low ablation years because channelisation of
the subglacial hydrological system occurs more quickly (Pimentel and
Flowers, 2010; Sundal et al., 2011; Truffer et al., 2005).

A key feature of hydrologically-forced velocity variations in the
GrIS is also that they propagate inland from the ice sheet margin on a
seasonal basis, in response to the onset of surface melting at
successively higher elevations (Bartholomew et al., 2010). The
initiation of hydrologically-forced ice velocity variations is dependent
on the development of a conduit from the ice sheet surface to allow
surfacemeltwater to access the ice–bed interface. In a warmer climate
we expect summer melting of the GrIS to be more intense, affecting a
wider area for a longer time period than is currently the case (Hanna
et al., 2008), providing greater volumes of surfacemeltwater. Themelt
regime will be amplified because the hypsometry of the GrIS, which
flattens inland, gives a non-linear expansion of the area of the GrIS
experiencingmelt in response to a rise in the equilibrium-line altitude
(ELA). It is therefore possible that seasonal velocity variations in the
GrIS will propagate further inland in response to climate warming.
One mechanism to allow this is drainage of supraglacial lakes, which
have the potential to concentrate surface meltwaters into large
enough reservoirs to propagate fractures through ice that is N1000 m
thick (Alley et al., 2005; Das et al., 2008; Krawczynski et al., 2009).

Current debates overwhether increasedmelt rates across theGrISwill
induce greater dynamic mass loss can therefore be reduced to whether
increased mass loss due to inland propagation of velocity variations in
warmer years will more than offset any potential reduction in mass loss
due toearlieronsetof channelisation in the lowerablationzone.However,
uncertainty remains over the effect of increasedmeltwater production on
dynamic behaviour in the lower ablation zone— observations to date do
not showconclusivelywhether annualmean ice velocitieswill increaseor
decrease in a warmer climate (Bartholomew et al., 2010; Joughin et al.,
2008; Sundal et al., 2011; Van de Wal et al., 2008) and a more detailed
understanding of the response of the subglacial drainage structure to
large inputs of surfacemeltwater is required. In addition,while diurnal ice
velocity variations have been observed up to 72 km from the GrISmargin
in a short-termstudy (Shepherdet al., 2009), it is not clear that patterns in
hydrologically-forced dynamic behaviour observed near the ice sheet
margin are replicated at higher elevations. While singular lake drainage
events have been described in detail (Das et al., 2008), it has not been
shown that the integrated effect ofwidespreadmeltwater generation and
lake drainage (Box and Ski, 2007; McMillan et al., 2007; Sundal et al.,
2009) is a significant and sustained increase in glacier flow speed at
higher elevations.

A secondary effect of meltwater inputs to the glacier system on ice
dynamics is ‘cryo-hydrologic warming’, whereby heat conduction
from water within the englacial system causes ice temperatures to be
raised (Phillips et al., 2010). Increased temperatures will reduce ice
viscosity and thus contribute to faster ice flow. It has been suggested
that, in a warmer climate, drainage of meltwater into the ice sheet
across a wider area will also cause a rapid thermal response in deep
layers of the GrIS, compounding the effect of meltwater drainage on
ice velocities (Phillips et al., 2010).

The aim of this study is to provide a clearer understanding of the
mechanisms which control the magnitude and extent of hydrologi-
cally-forced dynamic behaviour at elevations up to and beyond the
current ELA on a seasonal basis. This is motivated by the need to
incorporate these processes in numerical models which predict the

future evolution of the GrIS and the current lack of comprehensive
empirical data with which to inform them (Parizek, 2010). The
thermal effect ofmeltwater, which affects ice deformation rates rather
than basal motion, does not have a significant seasonal signal (Phillips
et al., 2010) and is not considered here.

We present continuous ice velocity measurements, derived from
global position system (GPS) observations, that capture the full inland
extent of seasonal velocity variations along a land-terminating
transect at ∼67∘N in western Greenland during the 2009 melt season
(Fig. 1). Measurements were made at seven sites up to 1716 m
elevation, which is ~115 km inland from the GrIS margin. The ice
motion record is comparedwith in situ and satellite observations of air
temperatures, surface melt characteristics and supraglacial lake
evolution within the region of study, as well as with proglacial
hydrological data (Bartholomew et al., 2011).

2. Data and methods

2.1. GPS data

We used dual-frequency Leica 500 and 1200 series GPS receivers to
collect the season long records of ice motion at each site. Each GPS
antenna was mounted on a pole drilled several metres into the ice,
which froze in subsequently, providing measurements of ice motion
that were independent of ablation. The GPS receivers collected data at
30 second intervals that were processed using a kinematic approach
relative to an off-ice base station (King, 2004) using the Track 1.21
software (Chen, 1999; King and Bock, 2006). Conservative estimates of
the uncertainty associated with positioning at each epoch are
approximately ±1 cm in the horizontal direction and ±2 cm in the
vertical direction. The data were smoothed using a Gaussian low-pass
filter to suppress high-frequencynoisewithout distorting the long-term
signal. Daily horizontal velocities reported in this paper (Fig. 2a–g) are
calculatedbydifferencing thefilteredpositionsevery24 h. Shorter-term
variations in ice velocity were derived by differencing positions across a
6 hour sliding window, applied to the whole time series of filtered
positions for each site. This window length was chosen in order to
highlight short-term variations in the velocity records while retaining a
high signal to noise ratio. Estimates of the magnitude of daily cycles in
horizontal velocity are therefore minimum estimates. Unfortunately,
the quality of the GPS data at site 1 was compromised by technical
problems, and we are unable to resolve short-term variations in
horizontal velocity at this site.

Uncertainties associatedwith thefiltered positions are b0.5 cm in the
horizontal and b1 cm in the vertical directions, corresponding to annual
horizontal velocity uncertainties of b3.7 m yr−1 and b14.6 m yr−1 for
the 24 hour and6 hour velocitymeasurements respectively.Weused the
standard deviation of 24 hour and 6 hour slidingwindow velocities from
site 7, which has the longest processing baseline and experienced
negligible velocity variations, to estimate the noise floor in the GPS
velocity records. The standard deviations for 24 hour and 6 hour
velocities at site 7 are 5.6 m yr−1 and 19.5 m yr−1 respectively. These
values compare well with the calculated uncertainties and represent
conservative error estimates for our dataset.

The values for winter background ice-velocities are derived from
the displacement of each GPS receiver between the end of the
summer melt season and the following spring (Bartholomew et al.,
2010). The reported contribution to annual ice flux from the
hydrologically-forced summer ice velocity variations is the percent-
age by which the observed annual displacement exceeds that which
would occur if the ice moved at winter rates all year round.

2.2. Air temperate and surface ablation

Simultaneous measurements of air temperature were made at
each GPS site to constrain melt rates, and show that the velocity data
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cover the whole seasonal melt cycle. Measurements of air tempera-
ture were made using shielded Campbell Scientific T107 temperature
sensors connected to Campbell Scientific CR800 data loggers (sites 1, 3
and 6) and shielded HOBO U21-004 temperature sensors (sites 2, 4, 5
and 7) at 15 minute intervals throughout the survey period. Seasonal
melt totals were also measured using ablation stakes at each GPS site.

2.3. Proglacial discharge

Wemade continuousmeasurements of water stage in the proglacial
stream that emerges from the terminus of Leverett Glacier. Proglacial
discharge was derived from a continuous stage–discharge rating curve
calibrated with repeated dye dilution gauging experiments throughout
the melt-season as described in detail in Bartholomew et al. (2011).

2.4. Supraglacial lake evolution

We used satellite observations from the Moderate-resolution
Imaging Spectrometer (MODIS) to study the development of
supraglacial lakes within the region of our GPS transect (Fig. 1;
delimited by the grey line). 20 MODIS images, spanning the period
31st May to 18th August 2009, were used, representing all the days
when lake identification was not impeded by cloud cover. MODIS
level 1B Calibrated Radiances (MOD02) were processed and projected
as 250 m resolution true colour images in conjunctionwith theMODIS
Geolocation product (MOD03), according to the methodology laid out
by Gumley et al. (2003); see also Box and Ski (2007), and Sundal et al.
(2009). Lakes were digitised manually in order to allow classification
even on days of partial or thin cloud cover, producing a dataset with
slightly higher temporal resolution than fully automated classification
(Sundal et al., 2009). Drainage events were identified as occasions on
which the area of a lake decreased to zero (or a very small fraction of
its former size) without an intermediate period of refilling. Previous

studies have found that MODIS classification of GrIS supraglacial lakes
is robust when comparedwith higher resolution satellite data (Sundal
et al., 2009) and has approximate error of 0.22 km2 per lake. However,
since the lakes within this region are relatively small (typically
b1 km2) and there is considerable uncertainty in using a depth-
retrieval algorithm to determine the depth of individual lakes (Box
and Ski, 2007) we do not estimate individual lake volume. We note,
however, that on the basis of a recent theoretical study of supraglacial
lake drainage in the western GrIS (Krawczynski et al., 2009), any lake
which is large enough to be resolved on MODIS images (theoretically
one 250 m×250 m pixel (0.0625 km2)) will contain enough water to
drive a water-filled crack through 1 km of ice.

2.5. Ice sheet surface characteristics

We used the MYD10A1 1-day albedo product, part of the MODIS
Aqua snow cover daily L3 global 500 m gridded product (Hall et al.,
2009a,b), to map changes in the albedo of the ice sheet surface in this
region of the GrIS through the survey period. These data are used to
quantify the lowering of surface albedo associated with meltwater
generation and retreat of the seasonal snowline through the survey
period. This product provides albedo values for pixels identified as
cloud free and snow-covered on a 500 m grid derived from a snapshot
taken once per day (Stroeve et al., 2006). We used 70 days of data,
from April 22nd to September 20th, representing all the days on
which the image was not obscured by cloud cover. This time period
covers the whole melt season, from before the onset of melt at the ice
sheet margin in spring, to the period of refreezing and snowfall in the
autumn. In order to integrate the albedo characteristics across the
region surrounding the transect, mean albedo was calculated by 50 m
elevation bands in the study region using a surface digital elevation
model (Palmer et al., 2011). Albedo thresholds for snow (b0.45) and
bare ice (N0.66) surfaces were used to classify pixels on the basis of
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field observations along the nearby K-transect (Knap and Oerlemans,
1996). A resulting transitional band between the two zones is
assumed to comprise a mixture of snow, ice with surface water and
slush surfaces and broadly delimits the transient snowline (Knap and
Oerlemans, 1996).

3. Hydrological forcing of velocity variations

Sites1–6all experience velocity peaks that are over100%higher than
their winter background values (Fig. 2a–f). These variations begin
nearest the margin on May 22nd, and propagate inland following the
onset of surfacemelting up to a distance of 80 km from the GrIS margin
in late July, at 1482 m elevation. Initial uplift of the ice sheet surface at
each of these sites is interpreted to signal the establishment of a local
hydraulic connection to the ice sheet bed (Anderson et al., 2004;
Bartholomew et al., 2010; Das et al., 2008; Iken et al., 1983; Zwally et al.,
2002). A high-velocity ‘spring-event’, accompanied by uplift of the ice
sheet surface, characterises the start of locally-forced velocity variations
at each of these sites in a manner similar to Alpine and High Arctic
glaciers (Bingham et al., 2008; Iken et al., 1983; Iken and Bindschadler,
1986; Mair et al., 2001). This behaviour is consistent with inputs of
meltwater to a subglacial hydrological system which is incapable of
accommodating themwithout a great increase in pressure (Hooke et al.,
1989; Iken et al., 1983; Iken and Bindschadler, 1986; Mair et al., 2001;
Röthlisberger and Lang, 1987).

Although a small component of the coincident vertical and
horizontal velocity changes is due to thickness changes resulting
from longitudinal strain-rate or stress-gradient coupling, the signals
we observe cannot be attributed to these effects alone. Based on

motion of adjacent sites and ice thickness data (Fig. 1b; (Bamber et al.,
2001; Krabill, 2010)), we calculate that the thickness changes
originating due to longitudinal coupling are approximately an order
of magnitude smaller than the elevation changes we have recorded.
They also typically operate in the opposite direction as acceleration of
downstream sites causes extension and thinning of ice upstream as
opposed to the uplift observed. Throughout the summer, further
speed-up events which are coincident with ice surface uplift confirm
the role of surface generatedmeltwater in forcing seasonal changes in
ice motion for this section of the GrIS. We also note that the evidence
for hydraulically-forced enhanced basal motion implies that basal
temperatures along this transect are at the pressure melting point.

Immediately prior to the spring events most sites also experience a
short period of increased velocity in the absence of uplift of the ice
surface, which we attribute to mechanical coupling to ice downglacier
that is already movingmore quickly (Price et al., 2008). At site 7, which
is located at 1716 m elevation, 115 km from the margin, there is no
surface uplift or significant ice acceleration indicating that surface
generated meltwater did not penetrate to the bed this far inland
(Fig. 2g). Site 7 does display a small, but clear, change in horizontal
velocity (Fig. 3), however, which can likely be attributed to coupling to
ice downstream. Since themagnitude of these changes is insignificant in
terms of annual ice flux, site 7 delimits the inland extent of
hydrologically forced velocity variations in 2009 for this transect.

3.1. Behaviour in the lower ablation zone

At sites 1–3, which are low in the ablation zone and experience the
greatest acceleration, spring-events occur early in the melt-season,
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subsequent winter. Text to the left of each panel shows the elevation, percentage annual velocity change due to summer velocity variations compared with values if the ice moved at
winter rates all year and the total surface ablation in water equivalence at each site for the whole survey period. h. Discharge hydrograph (black; m3s−1) from Leverett Glacier in
2009. The estimated catchment for this outflow channel (Bartholomew et al., 2011) is shown on Fig. 1 and contains GPS sites 1, 2 and 3. The blue shaded sections identify pulses of
meltwater which are associated with dramatic reorganisation and expansion of the subglacial drainage system within the catchment.
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near the beginning of June, and ice velocity becomes less sensitive
to air temperature variations as the melt season progresses (Fig. 2).
This behaviour is explained by evolution in the structure of the sub-
glacial drainage system in response to sustained inputs of meltwater
from the ice sheet surface, consistent with previous observations
and predictions of dynamic behaviour in this section of the GrIS
(Bartholomew et al., 2010; Pimentel and Flowers, 2010).

A recent hydrological study (Bartholomew et al., 2011) supports the
conclusion that evolution in the structure of the subglacial drainage
system is responsible for limiting the magnitude of hydrologically-
forced velocity variations at sites 1–3 later in the melt season.
Observations of hydrological parameters from a catchment that drains
through Leverett Glacier show that an efficient subglacial drainage
system expands upglacier at the expense of an inefficient one as the
summer progresses, a process that has been observed previously on
Alpine glaciers (Nienow et al., 1998). Episodic increases in the runoff
hydrograph (Fig. 2h), which are interpreted as evidence for dramatic re-
organisation and expansion of the subglacial drainage system in
response to new inputs of meltwater from the ice sheet surface, have
a clear short-lived effect on the velocity records at sites 1, 2 and 3
(Fig. 2a–c,h). These events indicate, firstly, that sites 1–3 are within the
hydrological catchment of the river and, secondly, that changes in the
subglacial drainage system have a direct impact on ice velocity
downglacier from where they initially occur. The large volumes of
water exceed the capacity of the subglacial drainage system, causing
pressurisation, and a concomitant reduction in basal drag (Iken and
Bindschadler, 1986), as thewater is transported to the ice sheetmargin.

Clear daily-cycles in horizontal velocity occur at sites 2 and 3
following the spring events, and persist until mid-August. The
magnitude of these cycles is typically between 100 and 150% of the
meandaily velocity, and canbe over 200%ofwinter backgroundduring
periods of significantly enhanced motion (Fig. 4). Their existence
indicates that over-pressurisation of the subglacial drainage system
also happens regularly on diurnal timescales. The daily cycles in ice
velocity appear to be closely related to variations in air temperature,
with a typical lag between peak temperature and peak velocity of less
than 3 h, suggesting that they occur in direct response to diurnal
variations in meltwater production at the ice sheet surface and that
surface and englacial transit times are short (Shepherd et al., 2009).

In addition to these short-lived events, ice velocities at sites 1, 2
and 3 are higher on the rising limb of the seasonal runoff hydrograph
for Leverett Glacier, subdued following peak discharge on July 21st,
and display a return to winter background rates in late August, when
runoff is diminishing (Fig. 2a–c,h). ‘Slower than winter’ ice velocities
are also observed for a short period at some sites once the summer
melt has stopped, however this signal is not large enough to have a
significant impact on rates of annual ice motion.

These findings from the lower ablation zone can be explained in
physical terms. Although increased efficiency of the subglacial hydro-
logical system reduces the dynamic response to absolute water input

volume (Bartholomew et al., 2010), lake drainage and other singular
highvelocity events, aswell asdiurnalfluctuations inhorizontal velocity
testify that the system can still be overfilled by a large enough increase
in meltwater input, causing an increase in subglacial water pressure
(Das et al., 2008; Pimentel and Flowers, 2010; Schoof, 2010; Shepherd
et al., 2009). Productionof surfacemeltwater, and its delivery to the ice–
bed interface, is inherently variable on timescales of hours, days, weeks
and months. Since the capacity of the subglacial hydrological system
reflects the balance between channel opening bymelting of the channel
walls, and closuredue todeformationof the surrounding ice, and adjusts
relatively slowly to changes in water flux (Röthlisberger, 1972; Schoof,
2010), the system never reaches steady-state. We argue, therefore, that
once a conduit has been established to deliver surface meltwater to the
glacier bed, large changes in the rate of meltwater delivery to the
subglacial hydrological systemwill continue to force velocity variations.

This analysis explains why high-velocity events at sites 1, 2 and 3
occur on the rising limb of the discharge hydrograph, when the system
is continuously challenged to evacuate larger and larger volumes of
water. Later in the season,whena channeliseddrainage systemhasbeen
established, and volumes of meltwater are diminishing, the drainage
system is better able to evacuate meltwater without overfilling,
explaining the reduction in magnitude of hydrologically-forced varia-
tions in ice motion. While ice velocities are subdued on the falling limb
of the runoff hydrograph, velocities at sites 1–3 still exceed winter flow
rates untilmid-August. This appears to be the result of continueddiurnal
fluctuations in ice velocity (Fig. 4), which occur until there is a dramatic
reduction in runoff volumes at Leverett glacier after August 15th
(Bartholomew et al., 2011).

3.2. Behaviour in the upper ablation zone

At sites 4–6, which are higher in the ablation zone (N1000 m), the
relationship between changes in the rate of horizontal motion and the
rate of uplift of the ice sheet surfaces indicates that the forcing
mechanism is the same as in the lower ablation zone. Mapping of
surface albedo using satellite data shows that the observed spring-
events at these sites follow the onset of surface melting above their
respective elevations (Fig. 5), although both satellite and in situ
observations showed that the snowpack was not fully removed at
sites 5 and 6 by the end of the summer.
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Fig. 3. Detrended along-flow position for the GPS at site 7. The residual value indicates
the observed distance in metres of the GPS from the expected position if it flowed at its
mean rate for the whole survey period. Negative slopes therefore occur when the
velocity is slower than the survey period average and vice versa.
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Fig. 4. a. Daily cycles in horizontal ice velocities at sites 2 (blue) and 3 (magenta) for
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sites 2 (blue) and 3 (magenta) for the same period.
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A key difference from the lower ablation zone is that the spring
events occur later in the melt season (Fig. 2a–g). There is also a
significant time lag between the onset of surface melting, as inferred
from both positive degree days (PDDs) and MODIS-derived albedo
values, and the establishment of a hydraulic connection between the
ice sheet surface and its bed as inferred from uplift of the ice surface.
This means that significant velocity enhancement occurs for a much
shorter time period than at lower elevations. At site 4, surface melting
begins in early June, while coincident surface uplift and horizontal
acceleration, which are diagnostic of local hydrological-forcing, are
delayed until July 5th (Fig. 2d). Increased velocities prior to this date,
which occur without accompanying surface uplift, are explained by
coupling to downglacier ice and are not as large as those induced by
local forcing at the sites nearer themargin. In situmeasurements of air
temperature and satellite observations of surface albedo show that
sites 5 and 6 both experience prolonged surface melting from July 6th
onwards, and experience locally-forced velocity variations from July
12th and July 27th respectively (Fig. 2e,f). Later spring events and the
delay between the onset of surface melting and hydraulic connection
between the ice surface and its bed are due in part to lower rates of
surface melting. In addition greater volumes of water are required to
propagate fractures through thicker ice (Alley et al., 2005; Van der
Veen, 2007). These factors both increase the time required for the
accumulation of sufficient volumes of meltwater to penetrate to the
ice sheet bed.

Sites 4, 5 and 6 all experienced their highest velocities during a
period of cooler temperatures from July 22nd to August 2nd (Fig. 2d–f),
suggesting that drainage of stored surface water was a key factor in
these hydrologically-forced events. Satellite images show surface
meltwater accumulation in supraglacial lakes in this region from mid-
June at elevations between 1000 and 1200 m, and from 1200 m to
N1600 m from early July. This storage of surface meltwater is made
possible by relatively low surface gradients, which reduce the tendency
for water to runoff to lower elevations (Nienow and Hubbard, 2006),
and allows concentration of the large volumes of water required to
propagate fractures to the ice sheet bed through thick ice (Box and Ski,
2007; Das et al., 2008; McMillan et al., 2007; Sundal et al., 2009).

Using MODIS imagery, we identify a number of events where
changes in horizontal and vertical movement at one or more of our
GPS sites are coincident with the disappearance of supraglacial lakes
from the ice sheet surface. In particular, the spring event at site 5 on
July 12th is coincident with disappearance of three supraglacial lakes
from between 1200 and 1350 m elevation (Fig. 1, yellow). Wide-
spread drainage of supraglacial lakes at elevations up to 1500 m

between July 19th and 23rd (Fig. 1, red) correspondswith increases in
ice velocity at sites 4 and 5 of up to 100 m y−1 on July 21st and 22nd
respectively. The peak in horizontal velocities at sites 4, 5 and 6 at the
end of July also coincides with drainage of a lake at ∼1400 m elevation
and a number of lakes above ∼1500 m between July 26th and July
29th (Fig. 1, blue). It is not possible to be certain, using optical
imagery, that all lakes which disappear from the ice sheet surface
drain directly into englacial conduits. For example, some lakes may
drain superficially either into other lakes or to join with water input
points that are already open further downglacier. However, the
repeated coincidence of lake disappearance from the ice sheet surface
with changes in ice velocities suggests strongly that a large number of
these lakes drain to the ice–bed interface locally. Uplift of the ice
surface indicates that this water is delivered to a subglacial drainage
system which is unable to evacuate it without a large increase in
water pressure, leading to the enhanced basal motion (Das et al.,
2008).

Drainage of supraglacial lakes therefore appears to be responsible
for the initiation of hydrologically forced velocity variations at both
sites 5 and 6. It is not clear that the spring event at site 4, on July 5th, is
caused directly by drainage of supraglacial lakes. This site is located
by a large moulin which becomes active each year (Catania and
Neumann, 2010), and it is likely that the spring event is associated
with the re-opening of this moulin. A common factor in the upper
ablation zone, however, is that by the time a hydraulic connection has
been established between the ice sheet surface and its bed, facilitating
hydrologically-forced velocity variations, air temperatures and pro-
glacial runoff are already decreasing. Lake drainage events are
known to be rapid, delivering large enough volumes of water to
quickly transform the subglacial hydrological system into an efficient
channelised network (Das et al., 2008). Under these circumstances, it
is unlikely that the volumes of water generated at the ice sheet surface
at these elevations following lake drainage events will be sufficient to
sustain large velocity variations (Pimentel and Flowers, 2010).
Accordingly, even though the temperature data show that consider-
able melting occurs at sites 4 and 5 until mid-August, we do not
observe any changes in ice velocity at sites above 1000 m elevation
beyond August 2nd.

3.3. Changes in annual motion

Annual mean ice velocities at sites 1–7 respectively are 16.7%,
18.4%, 14.8%, 7.6%, 5.1%, 2.5% and 0.2% greater than they would be if
the ice flowed at winter rates all year round. We find a strong
correlation between the magnitude of local ablation and the
percentage changes in annual ice motion due to hydrologically-forced
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velocity variations at each GPS site (Fig. 6). Sites 1, 2 and 3, which are
nearest the margin and below 800 m elevation, experience the most
surface melting and show significantly greater annual acceleration
than those at higher elevations, with the effect attenuating inland.
Data from 2008 also show increases in mean annual ice velocity of
13.5% and 5.6% at sites 3 and 4 respectively due to summer velocity
variations (Bartholomew et al., 2010), indicating that the velocity
changes that we observe in 2009 are a persistent feature of the
dynamic behaviour of this part of the GrIS.

The relationship between rates of annual ablation and the
amplitude of hydrologically-forced velocity change is not intuitive
on the basis of previous theoretical work (Pimentel and Flowers,
2010) and observations (Van de Wal et al., 2008), which have
suggested that higher volumes of surface meltwater production will
ultimately reduce the impact of hydrological forcing on GrIS motion.
Implicit in these arguments is a concept of ‘optimum melt’: too much
meltwater and the hydrological system will become channelised
earlier in the summer, making ice velocities less sensitive to the
volumes of meltwater reaching the bed more quickly, reducing the
impact of seasonal velocity variations on the annual displacement
of the ice. However, it is important to consider that the hydrological
forcing at each site is a product of both local melting and meltwater
delivered through the subglacial drainage system from further
upglacier. As a result, sites nearest the margin will receive dispro-
portionately more meltwater per unit of local melting than those at
higher elevations. Following this logic, previous theoretical work
(Pimentel and Flowers, 2010) and observations (Van de Wal et al.,
2008) expect sites nearest the margin, where the total flux of
meltwater through the subglacial drainage system will be greatest, to
show smaller overall velocity changes than sites further inland.
However, despite significant differences in the local volume of
meltwater delivered to the ice–bed interface, we see similar increases
in annual ice motion at sites 1–3 (14.8–18.4%).

Our findings from the lower ablation zone are consistent with the
numerical model of subglacial drainage proposed recently by Schoof
(2010) and suggest that hydrologically-forced ice velocity variations
are controlled more strongly by variations in the rate, rather than the
absolute volume, of meltwater production and delivery to the ice–bed
interface. In particular, this reflects a temporary imbalance between
the volume of water within the subglacial drainage system, and its
inability to evacuate this water without an increase in pressure over a
wide enough area to significantly affect basal motion (Kamb et al.,
1994). We argue that in a warmer climate, where greater volumes
of surface meltwater are produced in the lower ablation zone, the
seasonal rising limb and shorter-term variations in water delivery
to the subglacial drainage system will continue to cause significant
increases in annual ice motion despite the potential for an earlier
‘switch’ from a distributed to a channelised subglacial drainage
system (Schoof, 2010). However, the overall magnitude of velocity
variations will continue to be limited by evolution in the structure of
the subglacial drainage system, which responds to inputs of surface
meltwater over a longer period (Anderson et al., 2004; Bartholomew
et al., 2010; Mair et al., 2002; Schoof, 2010).

While development in the efficiency of the subglacial drainage
system also exerts some control on hydro-dynamic behaviour at
higher elevations, the dominant limiting factor on the contribution of
velocity variations to annual ice motion at sites in the upper ablation
zone is the shorter duration and later establishment of the hydraulic
connection between the ice sheet surface and its bed. The expectation
that surface melting will be more intense, and spatially extensive, in
a warmer climate (Hanna et al., 2008), leads us to suggest that, in
future, sites at higher elevations are likely to experience velocity
variations for a longer period of time, allowing a greater annual
change in ice velocity. In particular, higher rates of meltwater pro-
ductionwould allow lakes that fill and subsequently drain to reach the
volume required to propagate cracks through thick, cold ice earlier in

the summer season (Krawczynski et al., 2009). We therefore expect
that the behaviour observed at sites 1–3 would be extended to higher
elevations, creating a positive relationship between atmospheric
warming and dynamic mass loss in land-terminating sections of the
GrIS, albeit one that is modified by development in the structure of the
subglacial drainage system.

We do not infer direct cause and effect between bulk volumes of
surface ablation and changes in ice motion on the basis of the
relationship shown in Fig. 6. Instead, our data show contrasting
regimes in hydrologically-forced dynamic behaviour of the GrIS at
different elevations within the ablation zone, which provide a
compelling explanation for the relationship between total surface
ablation and changes in annual ice motion. We therefore believe that
our data provide a realistic basis for parameterisation of ice flow
models that are used to predict the future evolution of the GrIS
(Parizek and Alley, 2004).

4. Conclusions

Our data show that seasonal changes in horizontal ice velocity
along an ∼115 km transect in a land-terminating section of the
western GrIS, are forced by the generation of surfacemeltwater which
is able to reach the ice–bed interface. These velocity variations
propagate inland from the ice sheet margin to progressively higher
elevations in response to the onset of surfacemelting, and the creation
of a hydraulic connection between the ice sheet surface and its bed.
We find a positive relationship between rates of annual ablation and
percentage changes in annual ice motion along the transect, with sites
nearest the ice sheet margin experiencing greater annual variations in
ice motion (15–18%) than those above 1000 m elevation (3–8%).

Patterns in the timing and rate of meltwater delivery to the ice–
bed interface are key controls on the magnitude of hydrologically-
forced velocity variations at each site. In the lower ablation zone
(b800 m elevation), ‘spring events’ occur early in the melt season and
the overall contribution of variations in ice motion to annual flow
rates is limited by evolution in the structure of the subglacial drainage
system (Bartholomew et al., 2010). At these sites, hydrologically-
forced ice acceleration is greatest on the rising limb of the seasonal
runoff hydrograph, when the hydraulic capacity of the subglacial
drainage systems is consistently exceeded. However, we find that this
behaviour is not replicated at sites in the upper ablation zone
(N1000 m), where the period of summer melting is shorter, and the
establishment of a hydraulic connection between the ice sheet surface
and its bed is delayed, limiting the timeframe for velocity variations to
occur.

In a warmer climate we expect seasonal melting of the GrIS surface
to extend over a wider area, and to be more prolonged (Hanna et al.,
2008). This makes it likely that volumes of meltwater sufficient to
reach the ice–bed interface will accumulate further from the ice sheet
margin and that the timing of meltwater input will occur earlier each
summer (Krawczynski et al., 2009; Sundal et al., 2009). Our data
therefore support the hypothesis that inland propagation of hydro-
logically-forced velocity variations will induce greater dynamic mass
loss in land-terminating sections of the GrIS in a warmer climate, as
patterns of hydro-dynamic behaviour observed in the lower ablation
zone extend upglacier. These considerations provide a conceptual
framework to understand the positive relationship between annual
rates of surface ablation and percentage variations in annual ice
velocity, and can be used to improve numerical simulations used for
predicting the impact of hydrologically-forced variations in ice
velocity on the future mass balance of the GrIS (Parizek, 2010).
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Short-term variability in Greenland Ice Sheet motion forced
by time-varying meltwater drainage: Implications
for the relationship between subglacial drainage
system behavior and ice velocity
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[1] High resolution measurements of ice motion along a �120 km transect in a
land-terminating section of the GrIS reveal short-term velocity variations (<1 day), which
are forced by rapid variations in meltwater input to the subglacial drainage system from the
ice sheet surface. The seasonal changes in ice velocity at low elevations (<1000 m) are
dominated by events lasting from 1 day to 1 week, although daily cycles are largely absent at
higher elevations, reflecting different patterns of meltwater input. Using a simple model
of subglacial conduit behavior we show that the seasonal record of ice velocity can be
understood in terms of a time-varying water input to a channelized subglacial drainage
system. Our investigation substantiates arguments that variability in the duration and rate,
rather than absolute volume, of meltwater delivery to the subglacial drainage system are
important controls on seasonal patterns of subglacial water pressure, and therefore ice
velocity. We suggest that interpretations of hydro-dynamic behavior in land-terminating
sections of the GrIS margin which rely on steady state drainage theories are unsuitable
for making predictions about the effect of increased summer ablation on future rates of
ice motion.

Citation: Bartholomew, I., P. Nienow, A. Sole, D. Mair, T. Cowton, and M. A. King (2012), Short-term variability in Greenland
Ice Sheet motion forced by time-varying meltwater drainage: Implications for the relationship between subglacial drainage system
behavior and ice velocity, J. Geophys. Res., 117, F03002, doi:10.1029/2011JF002220.

1. Introduction

[2] Mass loss from the Greenland Ice Sheet (GrIS) is one of
the largest unknown components in predictions of future sea
level change [Meehl et al., 2007]. The ice sheet loses mass
primarily through melting at its surface, which runs off, and
discharge of icebergs to the ocean where glaciers meet the
sea. Where the ice sheet terminates on land, ice flow veloci-
ties are enhanced each summer by meltwater which drains
to the ice-bed interface, lubricating basal motion [Zwally
et al., 2002; Van de Wal et al., 2008; Joughin et al., 2008;
Bartholomew et al., 2010, 2011a; Sundal et al., 2011].
Should there be a direct and positive relationship between the
amount of meltwater produced and the magnitude of the
seasonal increase in ice flow [Zwally et al., 2002], this

process has the potential to increase the rate of mass loss from
the GrIS significantly in response to anticipated climate
warming, by drawing ice to lower elevations where tem-
peratures are warmer [Parizek and Alley, 2004]. While the
impact of meltwater on fluctuations in ice flow has been a
research focus for glaciologists studying Alpine and Arctic
glaciers for decades [e.g., Iken, 1981; Iken et al., 1983; Iken
and Bindschadler, 1986; Hooke et al., 1989; Kamb et al.,
1985; Kamb, 1987; Mair et al., 2001; Anderson et al.,
2004; Bartholomaus et al., 2007; Bingham et al., 2008], the
problem is now receiving renewed attention in the context of
large ice sheet systems [Zwally et al., 2002; Van deWal et al.,
2008; Joughin et al., 2008; Das et al., 2008; Shepherd et al.,
2009; Bartholomew et al., 2010; Schoof, 2010; Pimentel and
Flowers, 2011; Bartholomew et al., 2011b, 2011a; Sundal
et al., 2011], with the ultimate aim of reducing uncertainty
in ice sheet models that are used to predict sea level change
[Parizek, 2010].
[3] Meltwater influences rates of basal motion by altering

effective pressure at the ice-bed interface, defined as ice
overburden minus subglacial water pressure. Lower effective
pressure (higher water pressure) favors faster sliding as it
reduces drag between ice and the bed [Iken and Bindschadler,
1986].
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[4] One of the major controls on subglacial water pressure
is the structure of the drainage system [Röthlisberger, 1972;
Walder, 1986; Röthlisberger and Lang, 1987; Schoof, 2010]
which, in turn, reflects the recent water flux [Nienow et al.,
1998]. Where overall water flux through the subglacial
drainage system is low, a spatially distributed system with
low capacity predominates [Schoof, 2010]. This is thought
typically to comprise of one or more interactive components:
interlinked cavities; drainage through sediments; and a thin
meltwater film [e.g., Hubbard and Nienow, 1997]. These
systems transmit water at relatively slow speeds and are
often described as ‘inefficient’ [e.g., Raymond et al., 1995].
In a distributed drainage system increased water flux leads
to raised water pressures and therefore higher rates of basal
sliding. When the subglacial water flux is raised, however,
drainage conduits become enlarged by melting of their
walls and efficient ‘R-channels’ develop [e.g., Röthlisberger,
1972]. In R-channels, higher rates of wall melting offset the
closure of channel walls by the inward creep of ice, relieving
water pressure in a way that is not possible where flux is
low. Steady state analyses indicate that R-channels have an
inverse pressure-discharge relationship; the largest chan-
nels which carry more water operate at lower pressure
[Röthlisberger, 1972].Under conditions where meltwater
drainage is steady or varies only gradually, therefore, a more
efficient channelized subglacial drainage system is associ-
ated with higher effective pressure and reduced basal sliding
[e.g., Schoof, 2010].
[5] As with Alpine systems, the drainage system in the

ablation zone of the GrIS develops over the course of a melt
season, from a spatially distributed inefficient system to a
discrete network of efficient channels, in response to melt-
water inputs from the ice sheet surface [Nienow et al., 1998;
Bartholomew et al., 2011b]. Development of the drainage
system occurs further from the ice sheet margin as the melt
season progresses [Bartholomew et al., 2011b]. Late summer
ice velocities in marginal areas of the GrIS have been
observed to be lower than in early summer, even while
temperatures remain significantly above freezing, indicating
that this drainage evolution acts to limit the overall mag-
nitude of summer acceleration [Bartholomew et al., 2010;
Sundal et al., 2011; Bartholomew et al., 2011a; Palmer et al.,
2011].
[6] Consideration of the steady state theory of subglacial

drainage, coupled with such observations from Greenland,
has led a number of authors to suggest that increased surface
melting will lead to a reduction in summer ice velocities in
the GrIS compared with the present. It is argued that the
transition from a predominantly inefficient drainage system
to an efficient channelized one is critical in reducing the
impact of meltwater drainage on ice velocity. If this transition
occurs sooner each summer it may limit the time frame over
which high water pressures (and therefore ice velocities) can
occur [Joughin et al., 2008; Van de Wal et al., 2008; Schoof,
2010; Pimentel and Flowers, 2011; Sundal et al., 2011].
[7] Subglacial conduits adjust in size to accommodate

variations in meltwater discharge over timescales of days or
more [e.g., Röthlisberger, 1972; Spring, 1980; Röthlisberger
and Lang, 1987; Cutler, 1998; Schoof, 2010], while melt-
water delivery can vary significantly over much shorter per-
iods. It is unlikely, therefore, that steady state conditions ever
exist in reality [Röthlisberger, 1972]. Temporary imbalance

between the volume of water delivered to a subglacial
drainage system and its ability to evacuate that water are
accommodated by temporary spikes in subglacial water
pressure even once the drainage system has become more
efficient [Röthlisberger and Lang, 1987; Schoof, 2010].
[8] This raises a possible alternative explanation for ice

velocity enhancement in land-terminating margins of the
GrIS: that a large part of the seasonal ice motion signal may
result from the aggregation of short-term speed-up events
which are caused by overfilling of the drainage system in
response to time-varying inputs of meltwater. Using this
logic, it has been suggested that the discrepancy between
early and late summer ice velocities in the GrIS [Bartholomew
et al., 2010; Sundal et al., 2011; Bartholomew et al., 2011a]
occurs because over-pressurized conditions are common on
the rising limb of seasonal meltwater production, regardless
of drainage system structure, as the system is constantly
challenged to evacuate larger quantities of water than before
[Bartholomew et al., 2011a]. The late summer decline in ice
velocities is due, then, to a decline or stabilization of water
input. This allows the subglacial drainage system to adjust to
accommodate the water at lower pressures. In this scenario,
development of a more efficient drainage system would be a
prerequisite for the late summer decline in ice velocity, but is
not sufficient to cause a drop in subglacial water pressure
without a reduction in meltwater input relative to the capacity
of the system.
[9] The purpose of this paper is to provide a reassessment

of the role of drainage system behavior in mediating the
relationship between meltwater and ice velocity in land-
terminating sections of the GrIS margin. In the first part of
the paper, we present high temporal resolution ice velocity
measurements, derived from global position system (GPS)
observations, along a land-terminating transect at �67�N in
western Greenland during the 2009 and 2010 melt seasons
(Figure 1). These data are calculated from the same GPS data
set that has been used in previous studies of Leverett Glacier
which present ice velocity from Leverett Glacier as daily
displacements [e.g., Bartholomew et al., 2011a]. The higher
resolution ice motion record is compared with in situ obser-
vations of air temperatures, as well as with proglacial
hydrological data from the Leverett Glacier catchment which
overlaps the lowest three sites (Figure 1) [Bartholomew et al.,
2011b]. The ice motion data reveal the detailed structure of
ice velocity variations which make up the seasonal velocity
signal, allowing us to investigate the relationship between
variations in meltwater input and ice velocity on shorter
timescales than previously. In the second part of the paper,
we use a simple model of the behavior of a subglacial conduit
to assess whether the features of the ice motion signal can be
explained as a response of subglacial water pressure to time-
varying water input.

2. Field Site and Previous Studies

[10] The key features of the seasonal ice velocity signal
along this transect have been identified in two previous
studies which used the same GPS observations to derive
daily ice velocities from the summers of both 2009 and 2010
[Bartholomew et al., 2011a; Sole et al., 2010]. Measure-
ments were made at 7 sites up to 1716 m elevation, which is
�115 km inland from the GrIS margin (Figure 1). The lowest
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elevation site is located on Leverett Glacier and is approxi-
mately 2 km from the glacier terminus.
[11] All of the sites along the transect experienced summer

acceleration, where ice velocities are raised above winter
background rates, in both 2009 and 2010. Initial increases in
ice velocity followed the onset of surface melting at each site,
which occurred at progressively higher elevations through
the summer (Figures 2–5) [Bartholomew et al., 2011b]. The
initiation of locally forced velocity variations was charac-
terized by rapid horizontal acceleration which was coincident
with uplift of the ice sheet surface. This is indicative of initial
access of surface meltwaters to the ice-bed interface and is
analogous to ‘spring-events’ widely reported from Alpine
and High Arctic glaciers [e.g., Iken, 1981; Mair et al., 2001;
Anderson et al., 2004; Bingham et al., 2008]. At site 7 there
was no surface uplift in 2009 and very little in 2010. The
minor increase in ice velocity at this site is attributed to the
effect of coupling to faster ice downglacier [Bartholomew
et al., 2011a].
[12] The highest daily ice velocities, which peaked at site 2

at over 500 m yr�1, and greatest overall seasonal accelera-
tion, were achieved at sites nearest the ice sheet margin
[Bartholomew et al., 2011a; Sole et al., 2010]. At lower

elevation sites, where melt rates are higher (Figures 2 and 4)
and the ice is less thick (Figure 1), the initial increase in ice
velocity closely follows the onset of surface melting. Ice
velocities at these sites are higher in early summer than in late
summer. This is explained by the development of an efficient
subglacial drainage system, in response to abundant melt-
water input from the ice sheet surface, which is able to
evacuate larger discharge at lower pressures than earlier in
the summer [Bartholomew et al., 2011b, 2011a].
[13] At sites further inland, however, there is a greater

delay between the onset of melting and ice acceleration as
melt rates are lower and it takes longer to accumulate enough
meltwater to penetrate through thicker ice to the bed
[Bartholomew et al., 2011a]. This delay between the onset of
melting and drainage of water from the ice surface to its bed
is responsible for the lower overall acceleration as it limits
the time frame for velocity variations to occur [Bartholomew
et al., 2011a]. Accumulation and drainage of stored water in
the form of supraglacial lakes may be particularly important
in forcing a hydraulic connection between the ice sheet sur-
face and its bed at higher elevations [Bartholomew et al.,
2011b, 2011a].

Figure 1. Map showing the location of the transect on the western margin of the GrIS. The sites where
GPS and temperature measurements were made are indicated by red stars and the hydrological catchment
of the proglacial river at Leverett Glacier is delineated in red. Contours are produced from a digital elevation
model (DEM) derived from InSAR [Palmer et al., 2011]. The long-term ELA in the region is located at
around 1500 m [Van de Wal et al., 2005]. The ice sheet profile (inset) is derived from surface elevation data
collected during an airborne geophysical survey in 2010 (black line) [Krabill, 2010] and bed elevation data
which is sampled from a DEM of the whole ice sheet [Bamber et al., 2001].
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[14] The seasonal development of the drainage system in
the part of the ice sheet from which runoff drains through the
Leverett Glacier snout (Figure 1, red outline) was also
investigated in a hydrological study from 2009 [Bartholomew
et al., 2011b]. Observations of bulk hydrological parameters
in the proglacial stream, coupled with a simple model of
surface melting and satellite observations of supraglacial lake
drainage, showed that an efficient drainage system developed
progressively further inland from the ice sheet margin over
the course of the melt season. This occurred in response to
inputs of meltwater from the ice sheet surface [Bartholomew
et al., 2011b].
[15] Previous studies have found that longitudinal coupling

is not effective over length scales of �10 km along this
transect on the basis that, in the early season, initial speed-up
of the most marginal sites has little effect on ice motion fur-
ther inland [Bartholomew et al., 2010, 2011a]. Most sites
exhibit slight speed-up, however, in the absence of surface
uplift prior to the first major speed-up event of the summer.
The most obvious example is site 2, which displays a short
increase in velocity in the absence of any surface uplift
between approximately May 5th–May 12th in 2010. This
feature of the ice motion signal is likely due to coupling to

faster moving ice further downglacier or either side of the
transect [Price et al., 2008; Bartholomew et al., 2010, 2011a]
albeit over relatively short distances. At the most marginal
sites this longitudinal coupling phase lasts only for a matter
of days, while at higher sites it can last from a few days up to
a number of weeks [Bartholomew et al., 2011a]. The minor
acceleration at site 7 is also attributed to the effect of coupling
to faster ice downglacier [Bartholomew et al., 2011a]. We
acknowledge, therefore, that some part of the velocity signal
at each site is due to non-local forcing, however, the magni-
tude of the signal appears to be much smaller than velocity
changes which are due to local hydrological forcing.

3. Data Collection and Methods

3.1. GPS Data

[16] We used dual-frequency Leica 500 and 1200 series
GPS receivers to collect the season long records of ice motion
at each site. Each GPS antenna was mounted on a pole drilled
several meters into the ice, which subsequently froze in,
providing measurements of ice motion that were independent
of ablation. The GPS receivers collected data at 30 second
intervals in 2009 and the first part of 2010. The data were

Figure 2. (a–c) Ice velocity (blue), surface height profile (grey) and air temperature (red) at sites 1–3 dur-
ing the 2009 summer melt season. The surface height profile is shown relative to an arbitrary datum and has
a linear, surface parallel, trend removed. Winter background ice velocity (black dashes) is determined from
displacement of the GPS sites during winter 2009/2010. (d) Discharge from the Leverett Glacier proglacial
river during the 2009 summer melt season.
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processed using a kinematic approach relative to an off-ice
base station at Kelyville, approximately 40 km west from the
snout of Leverett Glacier, using the Track v1.21 software
[Chen, 1999; Herring et al., 2010]. In June 2010 we installed
a new off-ice reference station less than 2 km from the
Leverett Glacier snout, which collected data at 10 second
intervals. Conservative estimates of the uncertainty associ-
ated with positioning at each epoch are approximately�1 cm
in the horizontal direction and �2 cm in the vertical direc-
tion. The data were smoothed using a Gaussian low-pass
filter to suppress high-frequency noise (<2 hours) without
distorting the long-term signal. Short-term variations in ice
velocity were derived by differencing positions at either end
of a 6 hour sliding window, applied to the whole time series
of filtered positions for each site. This window length was
chosen in order to highlight short-term variations in the
velocity records while retaining a high signal-to-noise ratio.
Unfortunately, the quality of the GPS data at site 1 was
compromised by technical problems, making it difficult to
resolve short-term variations in horizontal velocity at this
site. The surface height profiles that are presented have had a
linear trend removed to account for surface parallel motion.
Where we use the term ‘uplift’, therefore, this refers to
upwards change in the detrended height profile.

[17] Uncertainties associated with the filtered positions are
<0.5 cm in the horizontal and <1 cm in the vertical directions,
corresponding to annual horizontal velocity uncertainties
of <14.6 m yr�1 for the 6 hour velocity measurements. We
used the standard deviation of the 6 hour sliding window
velocities from site 7, which has the longest processing
baseline and experienced negligible velocity variations,
to estimate the noise floor in the GPS velocity records. The
standard deviations for the 6 hour velocities at site 7 are
19.5 m yr�1. These values compare well with the calculated
uncertainties and represent conservative error estimates for
our data set. The values for winter background ice-velocities
are derived from the displacement of each GPS receiver
between the end of the summer melt season and the follow-
ing spring [Bartholomew et al., 2010].

3.2. Air Temperate and Surface Ablation

[18] Simultaneous measurements of air temperature were
made at each GPS site to constrain melt rates, and show that
the velocity data cover the whole seasonal melt cycle. Mea-
surements of air temperature were made using shielded
Campbell Scientific T107 temperature sensors connected to
Campbell Scientific CR800 data loggers (sites 1, 3 and 6) and
shielded HOBO U21-004 temperature sensors (sites 2, 4, 5

Figure 3. (a–d) Ice velocity (blue), surface height profile (grey) and air temperature (red) at sites 4–7 dur-
ing the 2009 summer melt season. The surface height profile is shown relative to an arbitrary datum and has
a linear, surface parallel, trend removed. Winter background ice velocity (black dashes) is determined from
displacement of the GPS sites during winter 2009/2010.
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and 7) at 15 minute intervals throughout the survey period.
The temperature sensors were fixed to the same pole as the
GPS antenna at each site meaning that the height of the
sensor does not remain constant through the melt season. At
sites with high levels of ablation, this led to changes in the
sensor height relative to the ice surface of up to 2 m over the
course of the summer. In order to assess how strongly this
might influence measured air temperatures we used two
sensors at different heights on the same pole (approx. 1 m
apart) at site 1. Discrepancy between the records from these
two sensors was small, suggesting that it is valid to compare
temperatures through the melt season. Seasonal melt totals
were also measured using ablation stakes at each GPS site.

3.3. Proglacial Discharge

[19] We made continuous measurements of water stage
in the proglacial stream that emerges from the terminus
of Leverett Glacier. Proglacial discharge was derived from
a continuous stage-discharge rating curve calibrated with
repeat dye dilution gauging experiments throughout the
melt-season as described in Bartholomew et al. [2011b].

4. Observations

4.1. Short-Term Variations in Ice Velocity

[20] The higher temporal resolution ice motion records
allow us to see changes in ice motion in much greater detail

than in previous studies. At the sites nearest the margin,
which lie within the Leverett Glacier hydrological catchment,
the initial ice acceleration events are the most dramatic and
coincide with the outburst of a pulse of meltwater from
beneath the glacier (Figures 2 and 4). For example, at sites 1
and 2, velocities exceeded 400–500 m yr�1 in the 2010
spring event, which was coincident with a rise in proglacial
discharge from less than 10 m3 s�1 to 50 m3 s�1 over three
days.
[21] At sites 1–3, the spring-event follows a period of high

temperatures and typically lasts a few days (up to a week),
building to a sharp peak before velocities return to back-
ground levels. The decline in velocities that follows is coin-
cident with leveling-off or a fall in discharge as well as a
return to lower temperatures. Further inland, at the sites
which lie outside the Leverett Glacier catchment, the initial
locally forced velocity events are smaller (Figures 3 and 5).
The uplift signal at sites 4–6 is more a change in trajectory
than a steep rise, and velocities increase by 50–100 % rather
than the 300–400 % observed at sites 1–3 (Figures 3 and 5).
At these sites, the initial acceleration is also sustained for a
longer period of time, without the marked drop-off back to
winter levels.
[22] Following initial acceleration, the ice motion record

from sites 1–3 is dominated by further short-term velocity
variations on timescales ranging from a few hours to several
days. Multiday speed-up events, which are characterized by

Figure 4. Same as Figure 2 for the 2010 melt season. Winter background ice velocity (black dashes) is
determined from displacement of the GPS sites during winter 2009/2010.
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an increase in ice velocities lasting for more than a single day
during which ice velocity does not return to background
levels, occur at some point in the melt season at all sites
except for site 7 in both 2009 and 2010 (Figures 2–5).
Examples of such events occur in 2009 at sites 1–3, which all
experience velocity increases of more than 100% between
June 1st–June 10th. Similar events also occur at these sites
in 2010 between May 20th–June 1st, and from June 4th–
June 9th at sites 2 and 3. During these multiday events,
ice velocity can increase by more than 200 m yr�1 within
24 hours (Figures 2 and 4) and does not return to background
levels for an extended period. Multiday velocity events also
occur at higher elevations in both 2009 and 2010. For
example, at sites 4, 5 and 6 between July 23rd–August 1st
in 2009, and at sites 5 and 6 from July 18th–24th in 2010.
[23] Without exception, these speed-ups are accompanied

by uplift of the ice sheet surface by several centimeters. The
most rapid surface uplift appears in conjunction with the
most dramatic horizontal acceleration (Figures 2–5). At
sites 1–3 these high velocity events are associated with steep
rises in proglacial discharge, linking them to increased water
flux through the subglacial drainage system. Strikingly,
the surface height profiles of sites 2 and 3 in both 2009 and
2010 closely match the discharge curve measured at Leverett
Glacier. The association is less clear at site 1, where the GPS
data was of poorer quality, although the largest rises in dis-
charge are still matched with uplift of the ice surface.

[24] The majority of the multiday events at sites 1–3 are
associated with periods of raised temperatures which increase
the volume of meltwater input to the subglacial drainage
system for a short time (Figures 2 and 4). In some cases,
however, ice velocities are raised for a number of days in the
absence of high temperatures. For example, in 2009 veloci-
ties are raised at sites 1–3 between July 3rd –8th, which was a
period of colder temperatures (Figure 2), although the event
is still associated with ice surface uplift and a temporary
increase in discharge at Leverett Glacier. One potential
explanation is that strong winds which disrupt the boundary
layer can be associated with high melt rates in the absence
of high temperatures. A previous study found, however, that
the hydrological signature of this meltwater pulse indicates
drainage of large volumes of stored water from the ice sheet
surface, which was delivered to the ice sheet margin via the
ice-bed interface [Bartholomew et al., 2011b], in a manner
similar to the spring-events. The likely source for this water
was identified, using satellite imagery, as a supraglacial lake
within the Leverett Glacier catchment [Bartholomew et al.,
2011b].
[25] The highest velocity events at sites 4, 5 and 6 in both

2009 and 2010 are also not closely linked to warm air tem-
peratures and we suggest that these are also caused by sudden
drainage of stored water from the ice sheet surface. Satellite
imagery from 2009 shows lake drainage events, where
supraglacial ponds disappear from the ice sheet surface in

Figure 5. Same as Figure 3 for the 2010 melt season.

BARTHOLOMEW ET AL.: SHORT-TERM VARIABILITY IN GRIS MOTION F03002F03002

7 of 17



consecutive images, in close proximity to these sites at times
which correspond to the velocity events [Bartholomew et al.,
2011a]. Further, in 2010 we captured the rapid drainage of a
lake which had accumulated less than 2 km from site 6 using
time-lapse photography. Drainage of this lake coincided with
a 400% increase in ice velocity on July 17th and uplift of the
ice sheet surface of 0.3 m in less than 24 hours (Figure 6).

4.2. Diurnal Velocity Cycles

[26] The detailed velocity records also reveal clear daily
cycles in ice motion at a number of the sites (Figures 2–5).
These daily cycles are most clear at sites 2, 3 and 4 where
their amplitude ranges from less than 50 m yr�1 to over
300 m yr�1, �300% of winter background rates. At these
sites diurnal acceleration appears to be a dominant feature of
the seasonal ice motion signal, particularly in the latter part of
the melt season when longer-term increases in ice velocity
are absent. They are also evident at site 1, although the
relatively slow background velocity and technical problems
with the GPS receiver mean that they are harder to resolve.
In 2010, which was a significantly warmer year than 2009,
daily cycles in ice velocity develop at site 5 from early July
until the beginning of August. There are no discernible daily
cycles in either year, however, at site 6 or 7.
[27] Daily cycles in ice velocity develop at sites 2–4 in

2009 following the beginning of locally forced acceleration.
The behavior is very similar in 2010, although ice veloc-
ities are dramatically reduced at sites 1 and 2 after the

spring-event due to a period of sub-freezing temperatures.
When temperatures rise again, there is another multiday
acceleration following which daily cycles begin. The daily
velocity cycles at site 5 in 2010 develop later in the melt
season, around June 24th, and their magnitude is from around
50–150 m yr�1, slightly lower than those nearer the ice sheet
margin. Once developed, these extremely rapid variations
in ice velocity appear to be superimposed on the seasonal
velocity signal, and, in the absence of other events, ice
velocity consistently returns to around winter background
rates on a diurnal basis (Figures 2–5). At sites 2 and 3 in
2009, for which we have the longest ice velocity and dis-
charge records it is clear that the cycles become subdued
when discharge rapidly declines after August 18th.
[28] Where daily cycles in ice velocity are evident, their

timing is closely related to variations in both local tempera-
tures and discharge from Leverett Glacier (Figure 7). Daily
peaks in velocity lag the local temperature peak by 2–4 hours
and this pattern is consistent across both years and between
all of the sites which experience daily cycles. Although there
is some variability in the lag between peak daily velocity and
peak daily temperature, there is no discernible pattern in the
relationship over the melt season. Previous studies found a
similar delay and have suggested that this reflects a plausible
transit time for supraglacial meltwater to collect and drain
into the englacial drainage system before reaching the ice-
bed interface [Shepherd et al., 2009; Bartholomew et al.,
2011a]. By contrast with the temperature signal, daily peaks

Figure 6. (a) Surface velocity at site 6 during the lake drainage event which occurred <2 km from the GPS
receiver on July 18th 2010. (b) Surface height profile during the lake drainage event. (c and d) Before and
after images of the supraglacial lake drainage event taken by a time lapse camera mounted on the support
pole at site 6. The time at which the photos were taken is marked on the velocity and height profiles by ver-
tical black lines.
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in ice velocity at sites 1, 2 and 3 precede the daily discharge
peak at Leverett Glacier by 2.5, 1.6 and 1.2 hours on average
respectively. This pattern is also consistent across both years
and there is no seasonal signal. Daily velocity cycles at Site 4
in 2009 are almost in phase with discharge and at site 5 in
2010 the peak in ice velocity follows the peak in discharge.
Since these sites lie outside of the Leverett Glacier hydro-
logical catchment, however, there is little reason to imply
cause and effect.
[29] Although we observe close relationships between the

timing of variations, we can find no systematic relationship
between the magnitude of the daily velocity cycles and daily
range, peak or mean values in either temperature or dis-
charge. Tentatively, we find the largest amplitude cycles in
ice velocity at sites 2 and 3 in the early part of the melt season
in both years, although there are some periods in the latter
half of the season when the magnitude of daily velocity
variations can still exceed 150% of winter background.

5. Subglacial Conduit Model

[30] The basic physical behavior of subglacial conduits can
be described by a single equation for their cross-sectional
area, S, which captures both cavity and R-channel behavior
[Schoof, 2010]:

∂S
∂t

¼ c1Q
∂f
∂s

þ ubh� c2N
nS ð1Þ

where Q is the water discharge, ∂f
∂s is the hydraulic gradient

along the conduit and N = pi � pw is the effective pressure

in the conduit (ice overburden, pi, minus water pressure, pw).
The first term on the right-hand side in equation (1) is the rate
of conduit opening due to wall melting, the second term is
opening due to bed-parallel sliding (at speed ub) past bedrock
obstacles (with height h) and the third is conduit closure due
to collapse under the weight of overlying ice. c1 is a constant
which is related to the latent heat of fusion for ice, L, by c1 =
1/(ri / L), where ri is the density of ice (910 kg m�3). c2 is
equal to 2Bn�n where B is Glen’s flow law coefficient and
n = 3 is the exponent in Glen’s flow law for ice. Q can be
related to S and ∂f

∂s by the Darcy-Weisbach law:

Q ¼
ffiffiffiffiffiffiffiffi
8

rw f

s
A3=2∂f

∂s

1=2

W�1=2 ð2Þ

where A is the filled cross-sectional area, W is the channel
wetted perimeter, rw is the density of water (1000 kg m�3)
and f is the Darcy-Weisbach friction factor. Equation (2)
is a general case of the equation which was applied by
Schoof [2010] for a full semicircular conduit. Analysis of
equation (1) by Schoof [2010] demonstrates, for steady state,
that N decreases with Q below a critical threshold in Q, while
at higher discharge N increases with Q, reflecting the tran-
sition from cavity to channel-like behavior.
[31] We present a simple model which uses equation (1) to

describe the behavior of a subglacial conduit in a lumped
formulation [e.g., Clarke, 1996, 2003] in response to time-
varying water input. The configuration is inspired by the
approach used by Cutler [1998]. In this model, a subglacial
conduit is directly connected to a moulin that drains from the

Figure 7. Detailed record showing the temporal relationship between diurnal cycles in ice velocity (blue),
air temperature (red) and proglacial discharge (black) at site 2 between July 1 and July 10, 2010. Daily
peaks and troughs are marked by colored dots. Winter background ice velocity is indicated by a black
dashed line.
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glacier surface to the ice sheet bed [Catania and Neumann,
2010]. The moulin is subject to influx of meltwater from
the ice sheet surface and a single, straight conduit, with semi-
circular cross section, then drains from the moulin base to the
ice margin (Figure 8). The model differs slightly from that
used byCutler [1998] in that we do not attempt to account for
changes in the shape of the channel cross-section. By
employing equation (1), however, we are able to incorporate
both cavity and R-channel type behavior [Schoof, 2010].
[32] The moulin is considered to be a vertical circular pipe

with constant radius, rm which is fed by a supraglacial stream
for which the discharge,Qin, can be prescribed. A reservoir of
depth hr and radius rr, sits at the top of the moulin and
represents a supraglacial pond which allows water to collect
at the ice sheet surface if the moulin should overflow. The
height of the moulin is then equal to the ice thickness, H,
minus hr at its top, and the channel radius at the moulin base
(Figure 8).
[33] Water flow through the conduit is calculated using

equation (2). ∂f∂s , which drives water flow, is given by:

� ∂f
∂s

¼ Dz

s
þmaxðhmr; 0Þ

s
ð3Þ

where z is conduit elevation, hmr is a function of hydraulic
head in the moulin/reservoir section of the system and s is the
full conduit length. It is assumed that ∂f

∂s is constant along
the conduit and that water emerges at the glacier margin at
atmospheric pressure.
[34] We use the model to simulate channel cross-section

evolution at a distance Ds from the base of the moulin
(Figure 8). We assume that ice thickness is constant in the
vicinity of the cross-section, negating the effect of local
glacier geometry on hydraulic potential [cf. Shreve, 1972]. In
addition, in this model the conduit rests on bedrock (i.e., no
water is lost into a subglacial aquifer) and there is no energy
transfer between the water and the channel bed. We also do
not account for heat advection along the conduit, which is
likely to be minimal, or conduction of heat into cold ice.

[35] At each time step, water volume within the system is
determined in accordance with the conservation of mass:

∂V
∂t

¼ Qin � Qout ð4Þ

where V is the total volume of water within the modeled
system. This allows us to calculate the hydraulic head within
the moulin/reservoir. If there is no water stored in the moulin
then open-channel flow occurs and the hydraulic gradient is
simply Dz

s . If no water is backed up in the conduit, Qout falls
to be equal to Qin.
[36] When the conduit is full then A is equal to S. In the

case of open-channel flow, however, A must be calculated
at each time step using the volume of water remaining in
the system, V. Equations (1) and (4) are solved numerically
using the Matlab ode15s stiff differential equation solver
[Shampine and Reichelt, 1997], producing time series of the
conduit evolution, discharge and pressure characteristics in
response to a time-varying water input signal.
[37] The justification for the model structure, where we

envisage a single conduit rather than attempting to simulate
the evolution of a spatially distributed network [cf. Schoof,
2010], is provided by field observations which suggest that
delivery of meltwater to the subglacial drainage system from
the ice sheet surface typically occurs at discrete locations,
through moulins or crevasses. It is likely that a spatially
distributed drainage system results from year-round melt-
water generation at the ice-bed interface. We suggest that
water drainage from a smaller number of discrete points may
mean that seasonal development of the subglacial drainage
system is concentrated in relatively few conduits and that
these newly developed conduits co-exist and interact with the
pre-existing distributed system.
[38] Although not explicitly modeled here, interaction

between an efficient channel and a wider drainage system has
been observed in Alpine glaciers [e.g.,Hubbard et al., 1995].
Over-pressurization of a subglacial conduit can set up lateral
pressure gradients, driving water away from the conduit and

Figure 8. Schematic showing the model configuration. The drawing is not to scale. Symbols are defined
in the text.
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increasing water pressure in the surrounding drainage system
[Hubbard et al., 1995; Hubbard and Nienow, 1997]. Since
the volume of meltwater produced at the ice sheet surface is
more than an order of magnitude greater than is generated at
the ice-bed interface, the behavior of these conduits is likely
to force, rather than respond to, behavior in the remainder of
the system. This suggests, then, that the behavior of a large
conduit has the potential to govern more widespread increa-
ses in ice velocity [Fountain, 1994; Hubbard et al., 1995;
Hubbard and Nienow, 1997; Bartholomaus et al., 2007;
Palmer et al., 2011].
[39] We note that flow concentration is also expected from

numerical analysis of subglacial drainage system behavior
[Shreve, 1972; Röthlisberger, 1972; Schoof, 2010; Hewitt,
2011]. A recent study by Schoof [2010], on which our
equations are based, models a distributed network of con-
duits with spatially uniform inputs. In this model efficient
R-channels develop during the model run as larger conduits
capture water at the expense of smaller ones. The pressure
behavior of larger conduits dominates the overall pressure
regime [Schoof, 2010].
[40] Our model approach contains a number of important

assumptions which are introduced for the sake of computa-
tional simplicity. First, that the pressure gradient is uniform
along the entire conduit. In reality, the effect of glacier
geometry and bed elevation, as well as channel morphology,
will alter this gradient. In addition, changes in discharge may
occur at different points downstream due to additional inputs
of meltwater, either at the base of further moulins or con-
fluences with other conduits. Secondly, we prescribe a con-
stant rate of basal sliding, ub, which contributes to opening
of conduits by horizontal motion past bedrock obstacles.
A more sophisticated model would couple increases in water
pressure with the rate of basal motion through a sliding law,
which may alter the point of transition from cavity to
R-channel type behavior. In extreme scenarios, such as
glacier surges, high enough rates of ub may act to obliterate
subglacial conduits [e.g., Kamb, 1987]. It is also assumed
that water is able to penetrate straight to the ice bed on
entering the moulin, meaning that water can only back up
in the moulin if Qin is greater than Qout. Water storage at the
ice surface, either in lakes or by filling of crevasses prior to
the establishment of a hydraulic connection between the ice
surface and its bed, can only be replicated by manually
specifying an initial water height in the moulin/reservoir.
[41] In light of these limitations, the purpose of this study is

not to provide a comprehensive treatment of subglacial
drainage system behavior, nor to tune the model results to fit
a set of observations. Rather we hope to assess whether a
simple model of subglacial conduit behavior, as it responds
to time-varying meltwater input, can reproduce patterns of
subglacial water pressure that might explain the features of
the seasonal acceleration signal which were described in the
first part of this paper.

5.1. Experiment 1: Model Testing

[42] In our first experiment we test the response of the
conduit model to a forcing signal which simulates the key
features of seasonal meltwater delivery to the subglacial
drainage system that were identified in the first part of this
paper. The model setup is based on a moulin which is located
�500 m south of site 2. Site 2 is 7.3 km along our transect

from the ice sheet margin and the ice thickness is 375 m
(Figure 1) [Bamber et al., 2001; Krabill, 2010]. Based on
field observations of this moulin, values of rm = 3 m, rr =
250 m and dr = 5 m were adopted.
[43] We specify an initial conduit cross-sectional area

S0 = ubh/c2Nn and allow the model to spin-up for 5 days with
no water inputs, reproducing conditions to represent the state
of the conduit following the winter period. The model is run
for 100 further days with a meltwater signal which com-
prises: (i) a seasonal component which peaks at 4 m3 s�1;
(ii) daily cycles in meltwater production, with amplitude of
1 m3 s�1 which are superimposed on the seasonal signal; and
(iii) three pulses of meltwater which last two days each and
have peak discharge of 5 m3 s�1 (Figure 9a). The full list
of model parameters is provided in Table 1.
[44] Inspection of Figure 9 indicates that the model is able

to reproduce key features of the seasonal subglacial drainage
system behavior reasonably well. When water drains into the
conduit initially, the small conduit size restricts Qout to be
much smaller than Qin and water backs up in the moulin.
High water level, which fills the moulin but does not cause
the reservoir to overflow, causes high subglacial water pres-
sure and an increase in the hydraulic gradient, ∂f∂s . Increased
∂f
∂s forces higher discharge through the conduit, which leads
to rapid growth of the cross-section. A positive feedback
between conduit size and discharge then develops, and both
Qout and S continue to increase rapidly until the conduit has
become large enough to drain all the water stored in the
moulin. At this point, which occurs after�5 days, pressure in
the conduit drops rapidly as the meltwater input is not suffi-
cient to fill the expanded conduit. The weight of overlying ice
causes the conduit to adjust in size, until S and Qin are more
or less in balance after a period of a few days. Following the
development of the conduit in response to initial meltwater
input, the conduit size continues to adjust to changes in water
input and short-term variations in the forcing signal cause
large fluctuations in both water pressure and conduit size.
This is evident both in response to the diurnal cycles in the
meltwater signal, as well as the three pulses which occur on
days 15, 30 and 45 (Figure 9).
[45] Short-term changes in water pressure reflect tem-

porary imbalance between the water supply, Qin, and the
capacity of the conduit to evacuate the water. The capacity to
remove water is governed by equation (2) which states that
a larger conduit and increased hydraulic gradient both lead
to higher discharge. At the same time, however, increased
hydraulic gradient and larger discharge also causes an
increase in conduit size. In our model, fluctuations in water
pressure occur when the meltwater input signal overfills the
conduit more quickly than the rate of wall melting can
increase the conduit size in order to accommodate the extra
water, leading to the imbalance between Qout and Qin. Under
these conditions water is stored in the englacial system
increasing the hydraulic gradient and subglacial water pres-
sure. The high pressure lasts until the water supply drops, at
which point the conduit is larger than is necessary to evacuate
the incoming meltwater and open channel flow occurs while
the conduit slowly reduces in size again. The pulse events
demonstrate that high water pressure can be sustained in the
conduit for periods of more than one day, so long as Qin

keeps rising. These events cause the conduit to reach its
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greatest size and also maintain the highest daily mean water
pressures excepting the spring-event. Following the pulse
events, however, daily cycles in water pressure are sup-
pressed while the conduit size adjusts more slowly to the
reduction in meltwater input.
[46] The conduit response to the seasonal component of

the Qin signal, however, is very different. Because Qin varies
only gradually on the longer-term the conduit is able to
shrink and contract on the same timescales without a sharp
rise in water pressure [Schoof, 2010]. Running the model
with the same parameters, but removing the short-term
components of the Qin signal, we find that mean water pres-
sure in the conduit changes steadily with the water supply
and is inversely related to Qin. This pressure-discharge rela-
tionship is consistent with the behavior of an R-channel in
steady state [Schoof, 2010].
[47] Diurnal variations in water pressure are greatest at the

beginning and end of the model run, when the size of the

daily cycles in meltwater supply are greater as a proportion of
the daily mean Qin (Figure 9). The same also applies to the
pulse events: the first pulse on day 15 achieves the highest
water pressure, while the third pulse, which occurs on day 45
near the peak of seasonal water input, is more subdued. This
behavior highlights an important link between short-term
variations in meltwater input and the longer-term evolution
of the conduit. Since the conduit size is broadly in equilib-
rium with the longer-term signal of meltwater input, S is
largest in the middle part of the model run, near the peak of
the ‘seasonal’ signal. The larger channel has greater capacity
to evacuate meltwater, therefore more water is required to
overfill it and pressurize the conduit than earlier in the season
when the conduit was smaller. In this way, the ratio between
mean Qin and the rate and magnitude of short-term changes
in Qin controls the magnitude of short-term spikes in water
pressure within the conduit. Overall, this suggests that a
larger seasonal meltwater input signal may act to limit the

Figure 9. Simulation of channel-cross section evolution in response to a time-varying water input signal.
(a) Inflow to the system, Qin. (b) Conduit cross-sectional area, S (blue) and filled cross-sectional area (red)
under open-channel conditions. (c) Effective pressure, N = pi � pw (blue), at the modeled cross-section.
Maximum N is equal to pi (red dashes). (d) Water height in the moulin/reservoir system (blue), which drives
variation in the hydraulic head gradient. Mean water height is shown for 24h periods (black steps) and the
whole model run (lowest red dashes). Ice thickness, H is indicated by the upper red dashes. (e) Outflow
from the system, Qout.
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size of short-term variations in water pressure while larger
short-term variations in meltwater supply, relative to mean
meltwater input, would favor greater changes in water
pressure.
[48] The preceding discussion suggests that key features of

the subglacial drainage system response to inputs of melt-
water from the ice sheet surface may be explained in terms of
time-varying water input to a subglacial conduit without
invoking the transition from cavity to R-channel type steady
state behavior. For a full semicircular conduit, Schoof [2010]
derived the following equation for the critical discharge value
at which a switch from cavity to R-channel type behavior
in steady state would occur:

Qc ¼ ubh

c1ð1� aÞ ∂f∂s
ð5Þ

where a = 5/4 is a constant. Under full and steady state
conditions, assuming a fixed hydraulic gradient, the critical
discharge for the conduit modeled here is 0.59 m3 s�1, which
corresponds to a cross-sectional area of 0.16 m2. Our model
suggests, therefore, that the Qc is easily exceeded very early
in the initial growth phase. Figure 9 shows, however, that
water pressure continues to rise during the spring-event even
once the conduit has become ‘channelized’.
[49] Overall, this set of simulations suggests that the sub-

glacial conduit does not reach steady state with an input
signal which varies on such short timescales. This results
in short-term pressure variations within the conduit, which,
should high pressure in the conduit cause increases in pres-
sure over a wider area by interaction with a distributed
drainage system, could plausibly integrate to explain the
seasonal velocity signal observed at sites 1–3 in the first part
of the paper.

5.2. Experiment 2: Forcing With Realistic Input Signal

[50] We now use field observations of temperature and
surface ablation from site 2 in 2010 to generate a more real-
istic meltwater signal to drive conduit evolution. Runoff was
estimated using a simple temperature-melt index model

[Hock, 2003] applied to a 1 � 3 km rectangular catchment
with a surface gradient of 0.025. This estimated catchment
area is based on field observations of the spacing of moulins
in the Leverett Glacier catchment during traverses by heli-
copter and on foot, and on observations of mean discharge
into moulins at this elevation. The surface gradient was cal-
culated using surface elevation data from a recent airborne
survey (Figure 1) [Krabill, 2010]. A measurement of sea-
sonal surface ablation was then used to calculate a degree-
day factor of 0.012 m �C�1 d�1 for the period 1 May–1
August [Hock, 2003]. Applying a fixed lapse rate of �0.9�C
per 100 m elevation, calculated using temperature from sites
2 and 3 in May and June, we then used the temperature data
to estimate runoff for a period of 92 days, from 1 May until 1
August, at which point the temperature sensor at site 2 failed.
Using this input signal, we find that the diurnal variations in
the response are quite subdued, and we therefore artificially
amplify the daily signal in this runoff estimate by a factor of
2. This is justified somewhat, recalling that the temperature
index is itself only an approximation to the average runoff,
and additional factors likely control the variability of runoff
into the moulins. We ran the conduit model, following spin-
up, from May 1st until August 1st and conduit evolution was
driven by the estimated runoff signal (Figure 10a).
[51] Running the model with this meltwater signal results

in similar conduit behavior to that modeled in response to the
artificial signal (Figures 9 and 10). A period of high subgla-
cial water pressure and rapid conduit growth occurs when
water first drains into the conduit. Following this, water
pressure drops and the conduit reduces in size. For the rest of
the melt season, the conduit continues to evolve in response
to short-term variations in meltwater input. This is evident
both in daily cycles in water pressure and conduit growth as
well as longer-term periods of increased meltwater input, on
the order of a few days, which sustains higher water pressures
for longer and marked conduit growth. For example, a period
of higher meltwater input from 22–28 May causes the con-
duit to reach its greatest size and high mean water pressure is
sustained for 3–4 days. Daily cycles in water pressure, where
the conduit high pressure occurs during the day and is
reduced when meltwater input starts to fall, are persistent for
most of the model run.
[52] As with the velocity observations presented in the first

part of this paper, there is no clear relationship between the
magnitude of daily cycles in the input signal and the pressure
response within the subglacial conduit. We suggest that this
reflects the strong time-dependence of the relationship
between meltwater supply and subglacial water pressure. For
example, if larger diurnal variations in meltwater supply
increase the size of the conduit, it will be over-filled for a
shorter period of the day and require greater amounts of water
to achieve the same water pressure. In this way the water
pressure is highly sensitive to the recent development of the
system.
[53] Comparing the modeled conduit development with the

observed velocity record from site 2 (Figure 10c) yields
striking results which support our conceptual model. High ice
velocities are well matched with growth of the conduit,
which is indicative of sustained high water pressure. The
highest velocities coincide with sharpest rises in conduit
cross-sectional area and begin to reduce again when water
input declines and the conduit shrinks in size. Over daily

Table 1. Parameter Values Used During the Model Experimentsa

Parameter Symbol Value Units

Ice thickness at the moulin H 375 m
Moulin radius rm 3 m
Reservoir radius rr 250 m
Reservoir depth hr 5 m
Conduit slope ∂z

∂s 0.02 -
Conduit length s 7300 m
Distance of cross-section from

moulin
Ds 500 m

Melt opening parameter c1 1
riL

-
Darcy-Weisbach friction factor f 0.2 -
Latent heat of fusion L 3.35 � 105 J kg�1

Density of water rw 1000 kg m�3

Density of ice ri 910 kg m�3

Glen’s flow law coefficient B 5.3 � 10�24 Pa�3 s�1

Glen’s flow law exponent n 3 -
Conduit closure parameter c2 2Bn�n -
Basal sliding velocity ub 30 m yr�1

Bedrock obstacle height h 0.1 m

aThe parameters reflect plausible field conditions and commonly used
values for ice temperate ice [e.g., Paterson, 1994].
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timescales, high velocity occurs when the channel is over-
filled and low velocities, which often return to winter back-
ground levels, occur during periods of open-channel flow.
[54] In common with the previous experiments, the conduit

reaches R-channel size during the spring-event and remains
above the critical value through the remainder of the model
run. After the spring-event Qout roughly matches Qin sug-
gesting longer-term variability in meltwater input is more
easily accommodated by evolution of the conduit.

6. Discussion

[55] The field data show that changes in ice velocity, and
therefore presumably water pressure in the subglacial drain-
age system, are roughly in phase with meltwater discharge
from the Leverett Glacier snout over short timescales. Both
variations in temperature and periodic drainage of meltwater
which has accumulated at the ice sheet surface can cause ice
acceleration by raising meltwater input to the drainage

system over a period of a few days. Daily cycles in ice
velocity also appear to be forced by increased meltwater flux
through the subglacial drainage system. Although we can-
not unequivocally resolve daily cycles in the surface uplift
record, we argue that the sheer magnitude of these velocity
variations suggests that they are forced locally and are not
due to coupling to ice further downglacier.
[56] Over the full melt-season, however, we do not find

a consistent positive relationship between ice velocity and
meltwater discharge. Mean ice velocities are lower in late
summer, following peak discharge, than in early summer.
If we assume that the subglacial drainage system is distrib-
uted and inefficient prior to the initial spring acceleration,
following the winter period, this observation indicates that
the drainage system becomes channelized at some point
during the melt season, and that this limits the overall sum-
mer acceleration [Bartholomew et al., 2010, 2011a; Sundal
et al., 2011].

Figure 10. Simulation of channel-cross section evolution in response to a realistic water input signal
generated from temperature data at site 2 in 2010, compared with the record of ice velocity. (a) Inflow to
the system, Qin. (b) Conduit cross-sectional area, S (blue) and filled cross-sectional area (red) under
open-channel conditions. (c) Ice velocity at site 2 during the 2010 summer melt season. (d) Effective pres-
sure, N = pi � pw (blue), at the modeled cross-section. Maximum N is equal to pi (red dashes). (e) Water
height in the moulin/reservoir system (blue), which drives variation in the hydraulic head gradient. Mean
water height is shown for 24h periods (black steps) and the whole model run (lowest red dashes). Ice thick-
ness, H is indicated by the upper red dashes. (f ) Modeled outflow from the system, Qout.
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[57] Inspection of the detailed structure of the ice velocity
records from sites 1–3 reveals that the discrepancy between
early and late summer velocities is due to the absence of
multiday speed-up events in the latter part of the summer
melt season. They dominate the early season velocity records
but do not appear once discharge has peaked and/or stabi-
lized, while daily cycles in ice velocity are evident through
most of the melt season (Figures 2 and 4). In late summer,
therefore, either the meltwater input signal which forces
short-term variations in ice motion is different from early
summer, or the drainage system has developed to become
less responsive to the same forcing.
[58] Two observations suggest the former. First, multiday

events are associated with steep rises in proglacial discharge
which are largely absent in the late season. The hydrological
study from this catchment in 2009 showed that an efficient
subglacial drainage system expands upglacier from the ice
sheet margin, at the expense of the inefficient winter drainage
configuration, in response to inputs of meltwater from higher
elevations as the melt season progresses [Bartholomew et al.,
2011b]. Increasing proglacial discharge therefore represents
not only increasing temperatures, but an expanding area of
the ice sheet surface from which meltwater is delivered, via
the subglacial drainage system, to the ice sheet margin.
Hydrological parameters such as ion-concentration and sus-
pended sediment concentration also indicate that this process
results in continued evolution of the drainage system until the
catchment reaches its full inland extent (presumably melt-
water from higher elevations drains through a different outlet
glacier), at which point the drainage system reaches a more
stable state [Bartholomew et al., 2011b]. We suggest, there-
fore, that the multiday events on the rising limb of discharge
are the consequence of pressure increases in a subglacial
drainage system which is continually expanding to accom-
modate extra sources of meltwater. Once the drainage system
has fully expanded, the discharge becomes more stable and
these events are less likely to occur. Secondly, the large daily
cycles indicate that velocity is still responsive to variations
in meltwater input on a short-term basis, even once the sub-
glacial drainage system has become channelized. This sug-
gests that large pulses of meltwater, derived from increased
surface melting over a wider area or drainage of stored
supraglacial water, would still have the capacity to cause a
large increase in ice velocity should they occur.
[59] The observations from sites 1–3 are not easily

explained using a binary interpretation of subglacial drainage
system which is inferred by steady state analyses of drainage
system behavior [cf. Sundal et al., 2011]. Preliminary dye-
tracing experiments performed in 2010 indicate that fast
(channelized) drainage conditions exist between site 2 and
the ice sheet margin on May 31st, and from 14 km along the
transect on June 2nd. Ice velocities at site 2 exceeded 500 m
yr�1 on June 5th and 18th of that summer, however, during
the peaks of two separate multiday acceleration events. This
indicates that transition from a slow (distributed) to chan-
nelized drainage system does not prevent the large multiday
events which our data have revealed and is not the cause for
the difference between early and late summer velocities. As
discharge into the system increases, subglacial channels will
get larger and more water will be required to over-pressurize
them. Since this effect is not pronounced in our data set,

however, variability in meltwater forcing appears to exert
greater control on changes in ice velocity.
[60] At higher elevation sites, the pattern of sporadic high

velocity events, superimposed on slightly raised background
velocity, suggests a cycle of intermittent local drainage
events [Das et al., 2008] which overwhelm the subglacial
drainage system, combined with steady drainage to the ice-
bed interface and coupling to faster moving ice downglacier
[Price et al., 2008]. Diurnal variation in meltwater delivery to
moulins at higher elevation sites is likely to be muted because
moulins are spaced further apart and the snowpack remains
for most of the summer making supraglacial travel times very
long [Nienow and Hubbard, 2006; Campbell et al., 2006]. In
the longer-term, following initial drainage of meltwater to the
ice-bed interface, steady delivery of meltwater to the sub-
glacial drainage means that the capacity of the system is in
balance with inputs and short-term over-pressurization (and
therefore ice acceleration) is less likely to occur.
[61] Our data do not show whether the drainage system

beneath higher elevation sites becomes channelized follow-
ing initial drainage of meltwater. Although thicker ice
increases creep closure rates in subglacial conduits, supra-
glacial streams can be large (>5 m3 s�1) and could conceiv-
ably maintain efficient conduits. Even if an efficient system
cannot be sustained, however, lower ice velocities might be
explained because the forcing is not great enough to raise
water pressure over a wide enough area to have a significant
impact on ice velocity [e.g., Iken and Bindschadler, 1986;
Iken and Truffer, 1997]. The presence of daily cycles in ice
velocity at site 5 in 2010 appears, therefore, to be caused by
higher rates of surface melting. This favors early removal of
the snowpack, allowing greater diurnal variability in melt-
water supply to moulins. In addition, higher volumes of
meltwater are also able to over-pressurize the drainage sys-
tem more easily.
[62] The agreement between our simple model of subgla-

cial conduit development and observations of ice velocity
provides justification for the model structure. The results
suggest that the behavior of an efficient subglacial drainage
channel, fed by meltwater from the ice sheet surface, can
effectively govern subglacial water pressures over a wider
area [Kamb et al., 1994; Hubbard et al., 1995; Hubbard and
Nienow, 1997; Nienow et al., 2005]. Ice velocities are raised
when meltwater drainage into the system rises more quickly
than conduits can expand to accommodate the extra water.
This is likely to occur through lateral pressure gradients
which drive water away from the conduit and increase water
pressure in the surrounding drainage system when the main
conduit becomes overfilled [Hubbard et al., 1995; Hubbard
and Nienow, 1997]. The rapid changes in both modeled
water pressure and observed ice velocity suggest further that
the timescales for water pressure diffusion into the sur-
rounding drainage system are relatively short [Hubbard
et al., 1995; Hewitt, 2011].
[63] The prevalence of short-term variations in ice velocity

suggests very strongly that steady state conditions rarely
occur in practice in this section of the GrIS margin. We
contend, then, that the difference between our results and the
recent modeling study by Schoof [2010] is simply due to the
variability in meltwater drainage that we observe in our data.
In light of these findings we argue that it is important to
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consider the unsteady growth of the drainage system,
regardless of whether it is channelized or otherwise, rather
than relying on a binary characterization of its behavior based
on steady state analysis.
[64] Previous studies from this transect have shown that

increased summer ablation does not necessarily lead to a
reduction in annual ice velocities [Bartholomew et al.,
2011a]. Our investigation substantiates the arguments put
forward that variability in the rate, rather than absolute vol-
ume, of meltwater delivery to the subglacial drainage system
is an important control on patterns of subglacial water pres-
sure. In a warmer climate, therefore, we would expect the
summer acceleration signal at lower elevations to be sus-
tained by variability in meltwater delivery to the ice-bed
interface, particularly in early summer while the system is
continually adjusting to larger and larger inputs of meltwater.
[65] Behavior at higher elevations, where overall seasonal

acceleration is lower, appears to be controlled strongly by
supraglacial and englacial hydrology. In the first instance,
accumulation and sudden drainage of stored water from the
ice sheet surface control the timing of hydrologically forced
ice acceleration [Bartholomew et al., 2011a]. Two previous
studies have shown that higher melt rates result in greater
seasonal increases in ice motion because meltwater can drain
to the ice-bed interface earlier in the season, increasing the
time for velocity variations to occur [Bartholomew et al.,
2011a]. Following the initial drainage event, long supragla-
cial transit times mean that short-term cycles in meltwater
inputs to the ice sheet bed are subdued. When there is more
meltwater, however, the input signal can vary more quickly
over shorter timescales and the record at site 5 shows that the
behavior of higher elevation sites becomes more like those
nearer the ice sheet margin. At these sites, a warmer climate
therefore favors greater seasonal acceleration on two counts,
by increasing the length of time for which meltwater can
reach the bed, and by increasing the short-term variability
in that supply.

7. Conclusions

[66] High resolution measurements of ice velocity in a
land-terminating section of the GrIS reveal that the seasonal
ice velocity signal is dominated by short-term variations in
ice velocity. These short-term variations in ice velocity are
forced by rapid variations in meltwater input to the subglacial
drainage system from the ice sheet surface. The absence of
short-term cycles in ice velocity at higher elevation sites
reflects different patterns of meltwater input to the ice-bed
interface, which are controlled by supraglacial and englacial
hydrology. At these sites the velocity signal reflects more
gradual variations in meltwater input, punctuated by events
where large volumes of stored meltwater drain to the ice-bed
interface.
[67] We find that an efficient drainage system is likely to

be established shortly after initial access of meltwater to the
ice bed interface, which occurs at progressively higher ele-
vations through the melt season. Large velocity variations
can continue to occur, however, even once the drainage
system has become channelized. Using a simple model of
subglacial conduit behavior we show that the record can be
understood in terms of a time-varying water input to a
channelized subglacial drainage system. Our investigation

substantiates the arguments that variability in the rate, rather
than absolute volume, of meltwater delivery to the sub-
glacial drainage system is an important control on patterns of
subglacial water pressure. These findings help explain the
failure of steady state analyses of subglacial drainage system
behavior to explain inter-annual variations in summer ice
velocity in this part of the GrIS margin.
[68] In the context of predictions about the impact of

increased meltwater production on ice dynamics and there-
fore on the future mass balance of the GrIS, we find no evi-
dence to suggest a reduction in summer ice velocity at sites
near the ice sheet margin where water easily drains to the
ice bed interface. At sites further inland, increased rates of
surface melting favors greater summer acceleration both
because water will drain to the ice-bed interface earlier each
year and earlier snowpack removal will lead to greater melt
supply variability. Overall, our findings provide new insight
into the role that the subglacial drainage system plays in
moderating the relationship between surface melting and ice
velocity [cf. Van de Wal et al., 2008; Shepherd et al., 2009;
Schoof, 2010; Sundal et al., 2011; Pimentel and Flowers,
2011].
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